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Résumé

Les plaques de glace forment de petites masses de glace et de neige permanentes qui sont
considérées comme un stade intermédiaire dans le continuum neige-glacier. Elles sont
omniprésentes dans les régions polaires, ce qui leur confére une fonction centrale dans 1’hydrologie
et la géomorphologie des versants. Pourtant, trés peu d’études s’y sont intéressées jusqu’a présent.
Acquérir des connaissances sur ces plaques apparait donc essentiel, non seulement pour
comprendre leurs caractéristiques intrins€éques, mais aussi parce que cela ouvre des perspectives
importantes pour comprendre la dynamique du géosysteéme polaire. Afin de répondre a ce besoin,
cette these cherche a établir 1'origine et le fonctionnement des plaques de glace a 1’ille Ward Hunt
(Haut-Arctique canadien) et d’en comprendre les effets sur la dynamique de versant du désert
polaire. Cette recherche sur les plaques de glace a été guidée par une approche multidisciplinaire,

conduisant a des études glaciologiques, nivologiques, hydrologiques et biogéomorphologiques.

Nos résultats ont montré que les plaques de glace se développent par 1’aggradation de glace
surimposée qui se forme suite au regel de l'eau de fonte a la base de I’accumulation de neige
saisonnicre. La texture et les propriétés physiques de cette glace varient en fonction de son age et
de I’intensité des processus de recristallisation. La variabilité spatio-temporelle des plaques de
glace est principalement controlée par la topographie locale et les conditions
micrométéorologiques. En hiver, les apports en neige dans les niches topographiques ou se forment
les plaques de glace sont assurés par le vent. En été, ’intensité¢ de I’ablation est fortement
influencée par le vent et le brouillard, qui modulent les échanges d’énergie a la surface des plaques.
L'évolution des plaques de glace se caractérise par une stabilit¢ a long terme due a un mécanisme
d'autorégulation du bilan de masse assuré par le contexte topoclimatique. Cependant, en raison de
leur petite taille, les plaques de glace peuvent disparaitre rapidement lorsque 1'ablation estivale
dépasse un seuil a partir duquel les conditions topoclimatiques ne peuvent plus assurer leur
préservation. A Ward Hunt, la présence des plaques de glace depuis au moins plusieurs siécles fait
qu’elles ont fortement contribué au développement des versants. Les apports durables en eau et
sédiments qui en découlent en été ont enclenché une suite de processus abiotiques et biotiques
azonaux dans les marges pronivales. Il en a résulté la formation de systémes biogéomorphologiques

qui consistent en des lobes de solifluxion et des milieux humides colonisés par de la végétation et
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un couvert de croute biologique. Les modifications morphologiques et physiques du sol en aval
des plaques de glace influencent le régime thermique de surface et les profondeurs de dégel. En
outre, le développement des zones humides entraine une modification locale des propriétés
physiques de la neige en exacerbant le métamorphisme cinétique qui aboutit a la croissance d’une

couche de givre de profondeur a la base du manteau neigeux.

En apportant une compréhension holistique des plaques de glace polaires, cette thése permet
des avancées empiriques et conceptuelles importantes qui contribuent a mieux comprendre la
dynamique du géosystéme de désert polaire a un moment charniére ou ces environnements

subissent en transition rapide en réponse au changement climatique.

Mots-clés : Plaque de glace, Neige, Cryosphere, Nivation, Désert polaire, Solifluxion,

Hydrologie, Evolution des versants, Ile Ward Hunt



Abstract

Ice patches are small perennial masses of ice and snow that are considered as part of the
continuum between seasonal snow and glacier. They are ubiquitous in the Polar Regions, which
gives them an important function in slope hydrology and geomorphology. Ice patches have,
however, received very little scientific attention so far. Gaining new knowledge on these
cryospheric elements thus appears essential, not only to understand their intrinsic characteristics,
but also because it holds important perspectives for understanding the dynamics of the polar
geosystem. To address this need, this thesis aims to investigate the origin and functioning of the
ice patches at Ward Hunt Island (Canadian High Arctic) and to understand their effects on polar
desert slope dynamics. This research on ice patches was guided by a multidisciplinary approach,

involving glaciological, snow, hydrological and biogeomorphological studies.

Our results demonstrated that ice patches develop through the aggradation of superimposed
ice that forms by the refreezing of meltwater at the base of the seasonal snowpack. The texture and
physical properties of this ice vary according to its age and the intensity of recrystallization
processes. The spatio-temporal variability of ice patches is mainly controlled by local topography
and micrometeorological conditions. In winter, the snow supply to the topographic niches where
ice patches form is provided by the wind. In summer, the intensity of ablation is strongly influenced
by wind and fog, which modulate energy exchange at the surface of the patches. The evolution of
ice patches is characterized by long-term stability due to a self-regulating mass balance mechanism
provided by the topoclimatic context. However, because of their small size, ice patches can
disappear very quickly when summer ablation exceeds a threshold at which topoclimatic conditions
can no longer ensure their preservation. At Ward Hunt Island, the presence of the ice patches for
at least several centuries makes them important drivers of slope development. Sustained meltwater
and sediment supplies delivered by ice patches to their pronival margin have triggered a sequence
of abiotic and biotic azonal processes. This led to the formation of a biogeomorphic system,
consisting of solifluction lobes and humid zones colonized by vegetation and an organic crust
cover. Morphological and physical changes in the soil downslope of the ice patches influenced the
surface thermal regime and thaw depths. Furthermore, our results show that the humid zone
development leads to a local modification of the physical properties of snow by enhancing kinetic

metamorphism responsible for the growth of a depth hoar layer at the base of the snowpack.
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Through a comprehensive understanding of polar ice patches and their effects, this thesis
provides important empirical and conceptual advances that contribute to a better understanding of
polar desert geosystem dynamics at a pivotal time when these environments are undergoing a rapid

transition in response to climate change.

Keywords : Ice patch, Snow, Cryosphere, Nivation, Polar desert, Solifluction, Hydrology,
Slope evolution, Ward Hunt Island
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systéme nival (modifié de Serrano et al., 2011). ....ccoooiiiiiiiiiii e 11
Figure 4. Subdivision de la zone d’accumulation d’un glacer selon les conditions de surface (neige,
néve, glace exposée) a la fin de la saison de fonte. Zone A : zone de neige seche ou il n’y a
pas de fonte estivale. Zone B : zone de percolation, les eaux de fonte de surface s'infiltrent
dans le manteau neigeux et regelent. Zone C : zone de saturation (ou zone de neige humide)
ou la température de I'ensemble du manteau neigeux a atteint le point de fusion a un moment
donné de la saison de fonte et ou I’eau de fonte atteint I’interface neige-glace et y regele pour
former de la glace surimposée. La limite inférieure de la zone de saturation est appelée la
ligne de névé. Zone D : zone ou I’ensemble de la neige saisonniere fond avant la fin de la
saison de fonte et ou la glace surimposée est exposée a la fonte. La ligne d'équilibre est située
a la limite inférieure de cette zone et relie tous les points ou le bilan annuel net est nul.
L'altitude de cette ligne est appelée altitude de la ligne d'équilibre (Equilibrium-line altitude :
ELA). La zone de glace de glacier correspond a la zone d'ablation ou la fonte estivale élimine
la totalité de l'accumulation annuelle de neige et glace de surimposée. L’encadré rouge
indique la section d’un glacier ou les processus d'accumulation et de fonte sont similaires a

ceux impliqués dans le bilan de masse d'une plaque de glace (inspiré de Paterson, 1994)..13
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Figure 5. Schématisation du concept de bilan de masse net (Paterson, 1994). ........ccccceovevveennee. 15
Figure 6. Diagrammes représentant les contextes topographiques favorables a développement
d’accumulations préférentielles de NEIZE. .....ccuviecvieeiiieeiiieeieeee e 17
Figure 7. Redistribution de la neige saisonnicre par des processus €oliens amenant a la formation
d’accumulations préférentielles de neige (inspiré de Pomeroy et al., 1997). ..o 18
Figure 8. Conceptualisation du bilan d’énergie d’un couvert nival saisonnier sur une plaque de
neige (inspiré de Garen et Marks, 2005 ; Ohmura, 1984) ......ccccoovieeiiieecieeeeeeceeeee e 22
Figure 9. Conceptualisation des différents mécanismes d’autorégulation du bilan de masse des
plaques de glace. a) Rétroaction entre les accumulations de neige en hiver et 1’espace
disponible dans la niche topographique a la fin de 1’été précédent ; b) Rétroaction entre
I’ablation et 1’exposition aux rayonnements solaires ; c) Rétroaction entre ’ablation et
I’exposition au vent (inspiré de Glazirin et al, 2004). .......cocoeeriiiiiiiiiieeee e 26
Figure 10. Différence entre la ligne d'équilibre régionale des glaciers (ELA-R), déterminée par les
conditions climatiques (c.-a-d. la température estivale et les précipitations hivernales) et la
ligne d'équilibre locale des glaces et neiges permanentes (ELA-L), principalement controlée
par la topographie et le vent (modifié de Dahl et al., 2003). ........cccceeviiiiiiiiiiieeeee 27
Figure 11. Représentation du géosystéme de désert polaire dans lequel les plaques de glace jouent
UN TOLE CENITAL ...ttt ettt e saaeeas 32
Figure 12. Représentation schématique des 4 axes de recherche autour desquels la these s'articule
(modifié de Davesne te al., 2019). ......oooiiiieiieeeeeee e 34
Figure 13. Carte circumpolaire délimitant la zone de désert polaire arctique selon I’1sotherme 5°C
en juillet et ’isohyéte de précipitation annuelle inférieure a 250 mm. Le site d’étude de cette

recherche, I’lle Ward Hunt, représente la base de recherche la plus septentrionale en Arctique.

Figure 14. Carte de localisation de 1'lle Ward Hunt a 1’échelle circumpolaire (a) et a 1’échelle de
I’1le d’Ellesmere (b). ¢) Localisation de 1'lle Ward Hunt au large du fjord de Disraeli, le long
de la cote nord de l'ile d'Ellesmere. Autour de I'ile, la cryosphére est omniprésente avec
notamment les restes de la plateforme glaciaire de Ward Hunt (Ward Hunt Ice Shelf, WHIS)
et un dome de glace (Ward Hunt Ice Rise, WHIR) ; b) Image World-View 3 de 1'lle Ward
Hunt capturée le 19 aotat 2019. Le centre de l'ile est occupé par le lac Ward Hunt et sa

couverture de glace désormais pluriannuelle (Paquette et al., 2015). Les multiples plaques de
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glace permanentes et les plaques de neige représentent les seuls éléments de la cryosphére
terrestre visibles depuis 1a SUITACE. .......coviiiiiiiiiiieece e 41
Figure 15. Location of Ward Hunt Island (WHI) at the northern tip of Ellesmere Island (a, b);
WHIS: Ward Hunt Ice Shelf; WHIR: Ward Hunt Ice Rise (delimitation of the end of summer
2012). GeoEye satellite image (c) taken on 26 August 2011. The red squares indicate the
investigated ice patch 1 (IP1) and ice patch 2 (IP2). The GeoEYE image shows the ice patches
at their minimal extent at the end of the warm summer 2011 which was marked by the
complete disappearance of the perennial ice cover on Ward Hunt Lake (WHL) for the first
time since observations began in the 1950s (Paquette et al., 2015).......cccceevviieviieniieiiiennnnne 50
Figure 16. Oblique photograph taken from helicopter showing the ice patches selected for this
study: IP1 (transverse ice patch) and 2 (circular ice patch). The snow analysis and ice coring
were undertaken in summers 2016 and 2017. The extent of the ice patches at the end of the
particularly warm summer 2011 was inferred from the GEOEYE image shown in Figure 15.
Details of snowpits, ice cores and ice samples are presented in Table S1 in the supplementary
TNALETIAL ..ottt ettt ettt et e et e et e et e et e bt e neeeateenneeens 51
Figure 17. Investigation of the ice properties through a) ice crystal analysis using thin sections and
b) gas and sediment inclusion analysis using microtomodensitometry (CT-scan)............... 54
Figure 18. Graphical representation of the stratigraphy and physical properties of the seasonal
snowpack measured over perennial ice patches. Snowpits Spl 17a and Sp2 17 (a and b)
were dug on IP1 and IP2, respectively, in early June 2017, the snowpit Spl_16 (c) was dug
one year earlier (7 June 2016) at the same site than Spl 17a and the snowpit Spl 17a (d)
was dug on 2 July 2017 close to the site of Spl_17a. Snow-type symbols are those used by
Fierz et al. (2009) and Domine et al. (2018a). The horizontal grey lines represent the
stratigraphic discontinuities that delimit the different layers observed in the snowpack. ....57
Figure 19. Evolution of the daily air and ice surface temperature, of the daily snow depth (inferred
from the SILA station) and of the temperature gradient in the snowpack on IP1 through the
cold season 2016/17 calculated from Equation 2.1. Vertical dash lines delimit the three
periods in the temperature gradient evolution. “Sp” during period 3 shows when snow pits
WETE QUE. .ttt ettt ettt ettt e et e bt e et e esate e bt e stesnbeesateesbeensaeenseesneeenbeessaeenseennnaans 59
Figure 20. Physical description of the ice cores retrieved at the IP1 (a) and IP2 (b) sites. A is the
crystal surface area, D1 and D9 are 10th percentile and the 90th percentile, respectively; Lx
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and Lz are the maximum length of the ice crystals for the horizontal plane (X-plane) and
vertical plane (Z-plane), respectively; pi is the ice density, V and C are the bubble volume
and bubble concentration, r€SPECLIVELY.......cevvuiiiiiiiieiiee et 61
Figure 21. Summary of the ice porosity, and the bubble size distribution, bubble volume and
bubble concentration in the upper and lower sections of IP1 and IP2. V is the bubble volume.
The red line in the box plot is the median, the black cross is the mean and the circles represent
TRE OULIETS. ..ttt ettt ettt st et e bt esbeeenbeenbeeeas 63
Figure 22. Examples of the various forms of sediment inclusions found in the ice; a) A band of
suspended sediments at 45 cm depth in the upper section of IP1; b) A thin layer of fine-
grained sediments at 145 cm (lower section) depth in IP2; ¢) A 2 cm thick band of compact
fine-grained sediments at 135 cm depth (lower section) in IP2; d) A 15 cm thick band of ice-
bonded gravel and sand at 190 cm depth in IP1; e) Brown coloration of ice sample IS #2
collected in the seasonal fringe of IP1 due to suspended very fine sediments; f) Mix of gravels
and fine-grained sediments frozen in the side of a supra-ice channel on IP1....................... 64
Figure 23. Thermal regime of the perennial ice patch IP1; a) Mean monthly and annual ice
temperature profile averaged over the two years of record (July 2017-June 2019) from the
320 cm deep borehole drilled in IP1 (Fortier and Davesne, 2021b); b) Daily evolution of ice
temperature at various thermistor depths and b) Daily evolution of the air temperature and
snow depth provided by SILA station between July 2017 and June 2019 (CEN, 2021). The
snow depth dataset was corrected by a multiplication coefficient (x1.5) to be representative
of the maximal snow depth measured on IP1.........cccoiiiiiiiiiiii e 65
Figure 24. Automatic time-lapse photographs of the ice patch IP1. Photo (a) was taken in the late
summer 2017 (2017-08-06), during which most of the ice patch surface consisted of exposed
ice after particularly warm conditions. Photo (b) was taken at the end of the cool summer
2018 (2018-08-08) during which a thick seasonal snowpack remained over the ice surface to
form a firn layer. The red line delineates the seasonal snow extent from the exposed ice
SUTTACE. ..ttt ettt ettt e b e e ab e e bt e st e e bt e e st e e bt e st e e nbeeenbeeeee 66
Figure 25. Vertical variation of the estimated age of the ice derived from the normal grain growth
law in solid-phase for Unit 2 of the ice patch IP1 (a) and IP2 (b). The black curve represents

the age profile at current ice temperature (see Figure 23) and the blue curve represents the
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age profile with ice temperature 2°C colder than today. The grey bands indicate core sections
with clear-ice facies where ice crystal size is partly the result of water freezing processes. 73
Figure 26. Conceptual model of ice aggradation on a polar ice patch system: a) Seasonal snow
accumulation at the end of the cold season; b) Early stage of warming phase; ¢) Advanced
stage of warming phase; d) Ripening phase; ) End of the melt season after a strong ablation
resulting in the complete disappearance of the seasonal snow (case 1); f) End of the season
after weak ablation resulting in the persistence of part of the seasonal snow layer that forms
firn layer with the fall freeze-back (Case 2). .uvieviiieeiieeiieceeeeeeeee e 75
Figure 27. Observations of sediment deposits on ice patches IP1 and IP2. a) Niveo-aeolian deposits
emerging on the seasonal snow surface over IP2 in mid-June 2017; b) Fine-grained sediment
retained in the snow porosity (filtering effect) and incorporated in the superimposed ice in
the downslope edge of IP1 at the end of June 2019; c¢) Zoom in on the newly formed
superimposed ice (black square in b) where entrapped fine-grained sediment are visible; d)
Silty-sand deposits (up to 5 cm thick) in the inlet of a rill flow in the upper edge of IP1 due
to snow filtering (early July 2019); e) Slush flow transporting silty to coarse sandy material
over the ice surface of [P1 (mid-July 2019); f) Streamflow carved in perennial ice revealing
large pebbles incorporated in blue ice (site where the sample IS#4 was collected). ............ 77
Figure 28. a) Map showing the ~2.7 million km? of the ice-free land surface characterized as polar
desert in the circumpolar Arctic (annual precipitation <250 mm and July temperature <5 °C).
The black line delineates Ellesmere Island, which is the northernmost large island of the
Canadian Arctic Archipelago, and the black circles locate weather stations of the arctic desert
detailed in Table 3. 1: Ward Hunt Island (Ca); 2: Alert (Ca); 3: Eureka (Ca); 4: Resolute Bay
(Ca); 5: Mould Bay (Ca); 6: Station Nord (Dk); b) Localization of Ward Hunt Island (WHI)
6 km north of the nearest shore of Ellesmere Island and about 760 km from the North Pole;
¢) Topographic map of WHI (10 meter contours) showing the Ward Hunt Lake (WHL), the
Ward Hunt Ice Rise (WHIR), the field station and the SILA weather station managed by the
CEN. The red square indicates the location of the studied ice patch at the foot of the north
face of Walker Hill. ......ooiiiiiiiiii et 103
Figure 29. 3D view of the studied ice patch (IP1). Red lines indicate the snow-depth measurement
transects and blue dotted lines indicate the GPR profile. The black cross locates the AWS

installed during field season 2019, the red triangle shows the site where the air temperature
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was recorded in 2017 and the blue polygons indicate the location of the cut-throat flumes in
the downslope margin of IP1. The background image is an orthomosaic captured with an
unmanned aerial vehicle (UAV) on 17 July 2019. ....ccoveeiieeieeeeeeeeeee e 106
Figure 30. Snow and wind regimes recorded at SILA station from 2006 to 2019; a) Time-series of
the daily snow height (incomplete data in 2010/11, 2011/12, 2014/15) and wind index (WI)
of the cold season (Sept-May) (red crosses; incomplete wind data in 2006/07, 2007/08,
2010/11 and 2011/12). The wind index represents the cumulative maximum hourly wind
speed > 6 m s, for the cold season (Sep-May). The green line represents the mean maximum
snow height from 2006 to 2019; b) Wind rose of the cold season (Sept-May) constructed
from hourly wind data for the 2006-2019 period; c) Close up on cold seasons 2015/16,
2016/17,2017/18 and 2018/19 showing the hourly snow height and daily WL. ................ 113
Figure 31. Average evolution of the snow regime throughout the cold season in the snow patch at
the SILA station for the period 2006-2019. a) Mean monthly snow gains and losses (including
erosion and compaction) and the resulting net mass balance and b) mean monthly snow
height expressed as a proportion of the total end-of-winter snow height (SHmax) and the
number of snowdrift events (ASH > 5cm) as a proportion of the total number of potential
blowing snow events (Vmax>6 ms™). Vertical bars indicate the standard deviation............ 114
Figure 32. Time-lapse photographs of the ice patch system and its surrounding terrain and maps
of the end-of-winter snow height (SHmax) on 5 June 2016, 6 June 2017 and 10 June 2019.
The black line delimits the contour of the ice body as it was at the end of summer 2016. The
average density of the snow column obtained by excavating the snow pit (ps, kg m>), the
average and maximum snow height (SH, cm) and the total volume of snow (Vsnow, m> w.e.)
for each of the three dates are shown at the bottom of the figure..........c..ccocovininnninins 115
Figure 33. a) 2D visualization of a profile made in the central part of the ice patch in 2019 using
200 MHz antennas (the track is represented by the black line in b); b) Interpolated map of
the ice thickness based on the series of GPR tracks made in July 2019 (see Figure 29 for all
GPR tracks location). The black line in b delimits the contour of the ice body as it was at the
end Of SUMMET 2016, ...oouiiiiiiiiiiieeee ettt sttt be e 116
Figure 34. Maps of the total surface ablation (ASHrrs, in cm) during the study periods 2017 and
2019 based on daily terrestrial laser scan (TLS) surveys of snow/ice surface position. The

black boxes represent the averaging area used to highlight the spatial variability of the
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ablation. Mean (£Std Dev) values for the whole ice patch and each zone are presented below
each panel. See Figure S7 for the daily evolution of ASHrtis of each zone. ...................... 116
Figure 35. Monitoring of the snowmelt from 10 June 2017 to 12 July 2017 (left side) and from 10
June to 20 July 2019 (right side): a and a’) The daily evolution of the areal extent of the ice
patch system IP1 (A, m?) within Zone B (Fig. S2-1) and of the seasonal snow cover fraction
(SCF, %) within Zone A (Fig. S2-1) derived from a time-lapse camera; b and b’) daily
evolution of the total ice patch system volume (snow and ice together) (Viotal, m?) along with
the daily volume change in water equivalent (AV, m® d”!' w.e.) measured by terrestrial laser
scan (TLS). The red bars (negative AV) give an estimation of the melt rate (M, m> d™! w.e.);
c and ¢’) Daily meltwater outflow discharge (Qfiotal) measured at flumes; d and d”) Picture of
IP1 illustrating the condition the system at the end of each study period. ...........c.cceee.ee. 117
Figure 36. Summary of hourly measured meteorological variables during the study periods. (a)
2017 air temperature (Ta) and mean wind speed (WS). (b) 2019 T, and relative humidity
(RH); (¢) 2019 WS and daily precipitation; d) 2019 Incoming solar radiation (SW | ) and net
radiation (Qr); and e) 2019 snow temperature (Tsnow). The upper two thermistors (190 and
150 cm above the ice surface) emerged from the snow due to melting on June 21 and June
29, respectively. Subsequent temperatures are not shown in the graph. The cable was
removed on July 5. The background colors indicate the sky conditions; white for fog, grey
for overcast and blue for clear SKY. ........ccccoriiiiiiiiiiiiii e 119
Figure 37. a) Daily mean values of energy balance terms with net radiation (Qr), sensible heat flux
(Qh), latent heat flux (Qe), heat flux by conduction to the underlying ice (Qc) and the melt
flux (Qm). The background colors indicate the sky condition; white for fog, grey for overcast
and blue for clear-sky; b) Comparison between daily melt rate calculated from the surface
energy balance (ASWEsgs, mm d! w.e.) and measured by TLS (ASHrrs, mm d! w.e.). The
red line is the linear regression line and the grey lines are the 95% confidence intervals.
RMSE means Root Mean SqQuare Error. ..........oevvviiiiiiiiiiiie e 121
Figure 38. Diurnal cycle of the meteorological variables, including the 15-min average air
temperature (T,, °C) at 2 m and 0.5 m above the snow surface, wind speed (WS, m s™!) and
incoming solar radiation (SW | , W m2), and the hourly evolution of surface energy balance
terms, i.e. net radiations (Qr, W m?2), sensible heat fluxes (Qh, W m?), latent heat fluxes

(Qe, W m?), the melt fluxes (Qm) and time-lapse photos for the three different cases that
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reflected the dominant conditions encountered along the north coast of Ellesmere Island: (a)
Case 1 (28 June 2019) was characterized by sunny and calm conditions; (b) Case 2 (5 July
2019) was a foggy day and (c) Case 3 (9 July 2019) was marked by the influence of a low-
pressure system with high winds and warm air advection. Red cross on the picture locates
the automatic weather station on the ice patch. Note that the daily solar radiation peak early
in the morning due to the northeast orientation of the ice patch..........ccoceviviiniininiennn. 123
Figure 39. Map of the seasonal, semi-permanent and perennial ice patches on Ward Hunt
(WHL=Ward Hunt Lake). Graphs show the distribution of the perennial ice patches with
respect to topo-climatic parameters. Maps of topographic position index (TPI), slope aspect,
wind exposure index and potential incoming solar radiation (PISR) index are presented in
FIGUIE S2-2. oottt ettt b e et sttt et 124
Figure 40. a) Reconstructed (NCEP/NCAR re-analysis, 1948-2002) and measured mean annual
air temperatures (2003-2019) (MAAT) and corresponding positive degree-days (PDDair) for
the warm season from 1948 to 2019 at WHI. The colour solid lines represent the 5-year
running mean for MAAT (blue) and PDD.;; (red) and the green line marked the 1980-2010
average of PDD,ir with black dashed lines representing the two-standard deviation line (-2¢
and +20). Summers with PDD,;; above the +2c line are considered abnormally warm; b)
Long-term evolution of extents of the late summer snow/ice surfaces at the scale of WHI
(Awni) and the ice patch IP1 (Ap1); ¢) Relationship between Aipi and PDDy; for the period
from 2001-2019 with the colour scale of points according to the previous summer PDDair (s-
1), and d) Relationship between A1 and the average between PDD.ir of a given summer (so)
and PDD.;; of the previous summer (s.1). For ¢ and d, the black line is the linear regression
line and grey lines are the 95% confidence interval. .........ccccooceniiiiniininiiee 126
Figure 41. Scatter plots showing the relationship between the frequency of wind events and the
maximum snow height (SHmax) observed at the SILA site (left Y-axis) and the maximum
snow volume (Vsnow) measured on IP1 (right Y-axis). a) for wind events in the range of 4-10
m s " b) for wind events with speed > 15 m s™!. The dashed black lines are linear regressions
for the SILA Station ONLY. ......cccuiiiiiiiiieie ettt e snaeeeneas 129
Figure 42. Time-lapse photographs of the ice patch during the melt season 2017 and 2018 showing

a contrasting situation in terms of surface albedo. In 2017, the pronounced ablation led to
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progressive exposure of the dirty ice surface giving a dark colouration to the ice patch while
in 2018 the seasonal snowpack persisted throughout the summer. ............cccccceevvieirennnne 132
Figure 43. Spatial variation of (a) the total potential incoming solar radiation (PISR, W m?) from
June to September and (b) of the mean hourly turbulent sensible heat flux during a
hypothetical high wind event (5 m s~ from the west at IP1) with an air temperature of 6 °C.
The black cross shows the location of the ice patch IP1. .........ccooiiiiieniiiiiiiieee, 134
Figure 44. Projection of summer temperature at Ward Hunt Island to 2050 based on the Coupled
Model Intercomparison Project phase 5 (CMIPS5) for the scenario RCP4.5 ensemble average
(Data from Climate Change Institute, 2021). Modelled summer (JJA) air temperature
anomalies at 2 m over the period 1980-2050 are presented along with the 2 years running
mean of the PDD.;r at Ward Hunt Island reconstructed from NCEP-NCAR reanalysis for the
period 1980-2005 and measured at SILA for the period 2005-2019. ........ccceeviieiieniennnen. 137
Figure 45. Study site: a) Location of Ward Hunt Island (WHI) at the northern tip of Ellesmere
Island (Canadian High-Arctic Archipelago) and World-View 3 image of the whole island
taken on 19 August 2019 showing the study site in the red box. North is up in (a) map unlike
in (b) and (c). b) 3D visualization of the studied ice patch (IP1) and its biogeomorphic system
(red box) based on UAV orthomosaic (flight carried out on 22 July 2019) and ESRI ArcScene
10.6 software. The location of the water quality sampling sites and the flumes are shown in
this image; c) close-up of the studied biogeomorphic system (red box in b) showing the

solifluction lobes A and B, where most of the fieldworks was undertaken, and small lobe C.

Figure 46. Geomorphological map of the pronival margin of the perennial ice patch IP1 illustrating
the complex biogeomorphic system. The map details the soil composition, geomorphology
and hydrology of the studied slope section. For the soil composition: Gr=gravel, Sa=sand;
Si=silt. Black boxes show the paired lobes A and B and the lobe C in an early stage of
14 S0 1070300155 LSS 174

Figure 47. Geomorphic features encountered in the pronival margin of the ice patch IP1: a) Beach
deposits characterized by coarse rounded and sub-angular gravel of diverse lithology; b)
Erratic rock observed in the parent slope between lobe A and B; c) Series of terracettes with
turf front that trap a significant amount of fine-grained sediments on the lobe treads; d)

Parallel rills in the upper section of lobe B that drained the meltwater on the tread of lobes;
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e) Ephemeral small pond in the front of lobe B during peak flows; f) Sorted stripe between
the lateral riser and the central tread of lobe A; g) Lobe C is delineated by the red dotted line.
The arrow points downslope; h) Small alluvial fan that overrode the beach gravels in front of
IP1; 1) Field of hummocks downslope of lobe B. .........cccoviieiiiieiiiiiieeeeeeee e, 175
Figure 48. The hydrological regime and water quality at flumes A and B in the pronival margin of
the ice patch IP1. a) Daily evolution of the discharge of the surface runoff along with the
daily melt rate of the ice patch system (ASWEsgs, mm w.e. d!') calculated from the surface
energy balance (SEB)in Chap. 2 for the period from 11 June to 20 July 2019; b) Hourly and
mean daily water temperature at flumes A and B along with the mean daily air temperature;
¢) Hourly and mean daily total dissolved sediment (TDS, mg L) calculated from continuous
specific conductivity measurements; d) Mean daily value of pH obtained from bi-daily
measurements; €) Reconstructed hourly evolution of the turbidity (NTU) based on the close
relationship between bi-daily turbidity measurements and discharge (see Fig. S3-2a). The
green line indicates the detection threshold (2.5 NTU) below which the TSS is considered
negligible. The grey bars show the daily fluxes of TSS at flume A calculated from the linear
correlation between NTU and TSS obtained by filtration (see Fig. S3-2b). ....cccccevveuenens 177
Figure 49. Daily evolution of the water temperature (Tw), total dissolved sediment concentration
(TDS) and total suspended sediment concentration (TSS) at the three sample sites along lobes
A and B in the margin of the ice patch IP1 (i.e. T1; Flume and T3) and at the sites above the
1C€ PALCh (SILES TP UP). weirieiiieiiiiiee ettt 179
Figure 50. a) Map of the mean summer ground surface temperature (GST;uLy) for summer 2016,
2017, 2018 measured over the pronival margin of the ice patch IP1. The seasonal margin on
the map is bounded by the snow line on 26 June 2019 (green line) and on 19 August 2019
(red line). b) Scatterplots representing the regression between GSTjuLy and the volumetric
water content of soil (VWC) which is the variable that explained most of the GST spatial
variability over the pronival margin IP1 (excluding the seasonal margin) as identified in the
correlation matrix in Table S3-4. The colour of the dots indicates the dominant surface
composition of each site (Table S3-1). The background image in (a) is a high-resolution
orthomosaic acquired by UAV on 8 July 2019.......cccooiiiiiiiiiiiiieieeeeeeee e 180
Figure 51. Thaw depth measurements carried out on 18 July 2019. a) Map showing thaw depth at
each probing point along transect T1, T2 and T3 that cut lobes A and B; b) Box plots
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comparing the thaw depth between the dominant soil surface found along the transects
(Gr=gravel, Sa=sand, OM=organic matter, Veg=vegetation cover); c¢) Evolution of thaw
depths as a function of surface morphology and position on the slope: T1=upper section of
lobes; T2=middle section; T3 =frontal section. The background image in (a) is the same as
TN FIGUIE 50, ..ottt ettt et e bt esteeesbeessbeesbeesseeenbeensaeenseensnaans 182
Figure 52. Displacement rates derived from VX station measurements in 2016 and 2019 along
transects T1, T2 and T3 on lobe B. On the left, general view of the lobe B; on the right, close-
up on each transect. Points represent surface marker and arrows represent the direction of the
movement. The size of the arrows is proportional to the magnitude of the displacement rate.
The background image is the same as in Figure 50. ..............cccccooviiiiieniiiiiiniiceeeeeen 183
Figure 53. Mosaic of photographs and sketch illustrating the soil pit excavated in Lobe A (see
Figure 45) that showed the transition between the central tread of the lobe and the adjacent
dry soil that composes the lateral riser and parent slope. The black boxes in the sketch indicate
where samples P1, P2, P3 and P4 were collected. ........c.ooveviieiiiniieiecieeieeeeeeee e 184
Figure 54. Canonical correspondence analysis (CCA) ordination plots for species and soil surface
composition of various habitats and four environmental variables on the 27 sites sampled
over the downslope margin of the ice patch IP1 at WHI. Filled coloured circles indicate the
sampling sites (blue = central section of lobes; green =internal side of lateral risers; orange
=external side of lateral risers and red= parent slope) and coloured squares represent
vegetation and soil surface compositions (black=Vascular taxa; grey=Non-vascular taxa and
organic crust; brown=Non-organic soils). Arrows represent environmental explanatory
variables (red=statiscally significant; blue=non statistically significant) with arrowheads
indicating their direction of increase. The 95% confidence ellipses highlight the clustering of
sampling sites according to the CCA analysis and the overlap between the different ellipses
illustrates the contact and transitions between habitats. ............cccocceeriienieniieniiicieeeee, 187
Figure 55. a) Photograph of the upper section of Lobe B (near T1) showing the dense distribution
of Phippsia algida associated with moss patches in the central tread of the lobe. On each side,
the external tread is covered by black organic matter b) Terminal section of the lobe B
dominated by a cover of black organic matter and scattered patches of Saxifraga. ........... 188
Figure 56. A three-stage conceptual model of the development of an ice patch biogeomorphic

system on a low-gradient polar desert slope. a) Stage 1: Initiation stage characterized by the
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formation of an alluvial fan-like deposit in front of the ice patch; b) Stage 2: Growth stage
marked by the colonization of pioneer species and by the activation of sorting and solifluction
processes; ¢) Mature stage during which the solifluction lobe gets fully developed and
exhibits zonation of processes and feedback mechanisms as a function of distance from the
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Figure 57. a) Location of the study sites within the Canadian Arctic Archipelago; b and c) Map
showing the location of snowpits and the trench as well as the instrumented sites at Resolute
Bay and Ward Hunt Island; d) Close-up of Site 1 of WHI located in the downslope margin
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with solifluction lobes. Background image for (b): Worldview-2 taken on 26 July 2019
(source: Esri, DigitalGlobe, GeoEye, i-cubed, USDA FSA, USGS, AEX, Getmapping,
Aerogrid, IGN, IGP, swisstopo, and the GIS User Community); for (c) Worldview-3 taken
on 14 August 2019 and for (d): High-resolution orthomosaic derived from unmanned aerial
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Figure 60. a) Map of small-scale distribution of the snowpack on 12 June 2019 over Site 1 at Ward
Hunt Island obtained by UAV surveys, b) Map of the microtopographic features based on
the Topographic Position Index (TPI) computation. The black dots represent the 21 manual
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median, the black cross is the mean, the blue box delineates the interquartile range, and
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whiskers extend to the highest and lowest values; b) Histograms showing the relative
contribution (%) of the snow grain types in both humid and dry sites. ..........cccccevverurennnee. 228
Figure 62. a) Schematic representation of the depth hoar layer and soil surface observed along the
trench WH-T that crossed a solifluction lobe in Site 1 at Ward Hund Island in early June
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Figure 65. Environmental monitoring at the SILA station at Ward Hunt Island during the snow
season 2018/19. a) Snow height measurements by the snow gauge and normalized with the
readings of the snow stakes visible on the time-lapse photos; b) Hourly maximum wind speed
according to their direction (North/East/South/West) and averaged daily maximum wind
speed; ¢) Hourly temperature records at the soil surface (0 cm) and of the air; d) Hourly
temperature gradient in the snowpack calculated from equation 5-1. Photographs on the right
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Figure 66. Spatial variability of the moisture and temperature conditions at Ward Hunt Island
during the 2018/19 snow season. a and b) Time-series of near-surface (-5 cm) volumetric
water content (VWC, m3/m3) and temperature at the SILA site and Site 5 in intertrack (IT),
water track (WT) and upper thermistor of the borehole; ¢) Time-series of average near-
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temperature gradient (daily and monthly averages) based on equation 5-1 between sensors in
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humid and dry monitoring sites (Site 1; Site 5 and SILA site) during the snow season 2018/19.

Figure 67. Comparison between thermal and wind conditions at the SILA station between falls
2015, 2016- and 2018, a) Wind speed distribution of hourly maximum above 6 m s~ for 60
days after the snow onset; b) Wind index for wind speed over 6 m s ! for the 60 days
following the snow onset; c¢) Soil surface temperature for the August to December period,
the crosses marked the snow onset date for each date; d) Diffusive water vapour fluxes
through the snowpack calculated from equation (5.2) for the 60 days following the snow
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Avant-propos

La neige et la glace saisonniéres et permanentes font partie intégrante du paysage des
régions polaires. Ensemble, elles forment la cryosphére qui inclut les masses de glace terrestres
(glaciers, calotte et inlandsis), les glaces flottantes de lacs, de riviéres et de mer (banquise,
plateforme de glace), le pergélisol (sol gel¢ en permanence) ainsi que le couvert de neige saisonnier
et permanent (Benn et Evans, 2010). Ces glaces proviennent de précipitations solides,
principalement sous forme de neige, ou du gel de 1’eau liquide de surface ou souterraine. La
cryosphere consiste en un systeme ouvert, dynamique et complexe, qui exerce une influence directe
sur les flux d’eau, de gaz et d’énergie a la surface terrestre. Elle constitue un élément central du
systéme Terre puisqu’elle entretient des liens et des rétroactions importantes sur 1’hydrosphére,
l'atmosphere, la biosphere et la lithosphere, et affecte a cet égard profondément les communautés
humaines. Les principaux effets de la cryosphére sont liés a (i) 1'albédo €levé des surfaces de neige
et de glace, (ii) l'effet isolant de la couverture neigeuse sur le sol, (iii) la chaleur latente impliquée
dans les changements de phase de la glace (fonte/gel), (iv) la modification physique induite par le
passage de 1’eau solide a liquide et (v) son role de régulateur des ressources hydriques en stockant

plus ou moins longtemps I’eau sous forme solide et la libérant par la fonte.

En réponse au réchauffement climatique récent, un déclin généralisé de 1’ensemble des
composantes de la cryosphere est observé. Cela se manifeste par la dégradation du pergélisol
(Biskaborn et al., 2019 ; Liljedahl et al., 2016), la réduction de I'é¢tendue de la banquise estivale
(Lindsay et Schweiger, 2015), une durée d’enneigement plus courte (Callaghan et al., 2011a,b) et
une régression de la superficie et du volume des masses de glaces continentales (AMAP, 2019) et
une perte du couvert de glace permanent des lacs polaires (Mueller et al., 2009; Paquette et al.,
2015;). Quelle que soit sa forme, la fonte des glaces est un point de basculement qui peut générer
des périodes de changement significatif, rapide et/ou irréversible dans le géosystéme polaire. La
conséquence directe du déclin de la cryosphere est I’enclenchement d’une série de rétroactions
positives sur le forgage radiatif aboutissant a une amplification polaire du réchauffement
(Bengtsson et al., 2013 ; Goosse et al., 2018). Parallélement, la régression des masses de glace sur
les continents entraine une altération du régime hydrologique des bassins versants a I’échelle locale
et régionale et contribue de maniére significative a 1’¢lévation du niveau marin global (Gardner et

al., 2012). Le recul des marges glaciaires a aussi des conséquences directes sur la dynamique du
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paysage en exposant des surfaces terrestres qui vont subir une série de réajustements
géomorphologiques sous 1’action des conditions périglaciaires et de certains processus azonaux
(gravitaires, fluviaux) durant la phase dite « paraglaciaire » (Ballantyne, 2002). La fonte plus
précoce du manteau neigeux au printemps est quant a elle critique pour le bilan d’énergie des
surfaces continentales puisqu’elle diminue drastiquement 1’albédo de surface au début de la saison
chaude (Callaghan et al., 2011a,b). Par effet d’enchainement, les changements dans le régime nival,
la distribution des ressources en eau douce et dans les conditions de glace ont des conséquences
majeures sur la faune et la flore (Fauchald et al., 2017 ; Jia et al. 2009 ; Vincent et Mueller, 2020)

et sur les sociétés humaines des régions polaires (Olsen et al., 2011 ; Vincent, 2020).

L’ensemble des changements qui affecte la cryosphére bouleverse donc aujourd’hui
profondément 1’équilibre du géosystéme polaire, aboutissant a une modification dans sa structure
et de sa dynamique spatiale et temporelle (Gooseff et al., 2017 ; Vincent et al., 2011a). Face a aux
enjeux environnementaux et humains d’un monde polaire en transition rapide, la cryosphére est
plus que jamais au centre des préoccupations scientifiques, mais aussi médiatiques, ce qui crée une
demande sans précédent de données et d'informations. L'étude de ses changements et ses impacts
a I'échelle globale comme locale nécessite une attention croissante au sein des géosciences afin de
comprendre et d’anticiper I’évolution future des régions polaires. Cette theése a pour but de
contribuer a cet effort de recherche en se penchant sur une composante peu connue de la cryosphere

terrestre mais importante pour les environnements polaires : les plaques de glace permanentes.
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Chapitre 1 — Introduction générale

1.1. Mise en contexte

Les masses de neige et de glace permanentes recouvrent prés de 10% des surfaces
continentales de la planete (Benn et Evans, 2010). Celles-ci englobent une grande diversité de
tailles et de formes selon le controle climatique et les contraintes topographiques du milieu. Malgré
un long historique de recherche dans le domaine de la glaciologie, 1’état des connaissances est tres
inégal entre les différentes composantes de la cryosphére terrestre en raison de 1’intérét variable
qu’elles suscitent. Les grands systémes glaciaires qui regroupent les glaciers et les calottes
glaciaires (Benn et Evans, 2010) ont traditionnellement concentré la majorité des recherches. Des
pionniers comme R.M. Koerner ou W. S. B. Paterson ont mené des études sur les principales
calottes glaciaires des les années 1970 dans I’ Arctique canadien (ex. Koerner, 1968 ; Koerner, 1970
; Koerner et al., 1973; Koerner et Paterson, 1974; Paterson, 1969). Au cours des dernicres
décennies, le retrait des grands systémes glaciaires est devenu emblématique du réchauffement
climatique, renforcant ainsi 1’intérét qu’ils suscitent. Ceci s’est traduit par une multiplication des
é¢tudes sur la dynamique spatiale et temporelle des glaciers, basées notamment sur des
modélisations numériques et des mesures par satellite du bilan de masse (ex. Mortimer et al., 2018

: Noél et al., 2018)

A T'autre extrémité se trouvent les petites masses de glaces terrestres. Elles englobent les
petits glaciers (< 1 km? ; Bahr et Radi¢, 2012), ainsi que toutes les petites masses de neige et de
glace permanentes qui ne relévent pas des systémes glaciaires et qui sont généralement regroupées
sous le terme générique de « plaques de glace » (Ddegérd et al., 2017 ; Serrano et al., 2011). Malgré
qu’elles soient les éléments de la cryosphere dominants a la surface terrestre en nombre absolu, les
petites masses de glace ont été largement négligées jusqu’a présent, principalement parce qu’elles
répondent moins aux problématiques actuelles de la glaciologie, davantage animée par les enjeux
globaux tels que la hausse du niveau marin et les rétroactions sur le bilan énergétique terrestre
(Fischer et al., 2016). Pourtant, les petites masses de glace sont susceptibles de jouer un rdle
important dans la disponibilité et la distribution des ressources en eau douce et dans la dynamique
des environnements naturels des milieux froids. D’un point de vue technique, la rareté des études

sur ces petites composantes de la cryosphére est également attribuable a une limite des techniques
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de télédétection par imagerie satellitaire, dont la résolution grossiére a longtemps contraint les
travaux d'inventaire a exclure des analyses les éléments d’une superficie inférieure a 0,05 km?

(Leigh et al., 2019).

Cette theése s’intéresse spécifiquement aux plaques de glace polaires. Les plaques de glace
constituent de petits systémes composés d’un corps de glace pluriannuel et surmonté d’un épais
couvert de neige saisonnicre et de néve, c’est-a-dire une neige ayant survécu a au moins une saison
chaude (Cogley et al., 2011). Malgré leur taille et leur épaisseur réduites, certaines plaques de glace
peuvent persister de fagon continue pendant des siecles, voire des millénaires (@degird et al., 2017
; Serrano et al., 2011). Du fait de leur caractére permanent, elles sont considérées comme un état
intermédiaire dans le continuum entre les plaques de neige saisonniere et les petits glaciers
(Glazirin et al., 2004), ce qui rend leur définition et caractérisation difficile. L’existence et la
préservation des plaques de glace sont le résultat de processus locaux produits par un contexte
topoclimatique qui favorisent les accumulations préférentielles de neige en hiver (ex. dépots
avalancheux, congeres), et, dans certains cas, réduit 1’ablation estivale (ex. effet d’ombrage ;
inversion thermique) (Serrano et al., 2011). Dans les régions polaires, malgré leur omniprésence,
les plaques de glace ont rarement fait l'objet d'études individuelles de terrain, ce qui en fait I'une
des composantes les moins documentées de la cryosphere terrestre. Des lacunes importantes
existent dans les connaissances relatives a leur structure, a leur formation et a leur évolution spatio-

temporelle.

Les plaques de glace constituent de petits réservoirs d’eau et ont de ce fait un réle central
sur le cycle hydrologique en générant des écoulements de fonte qui participent a I’alimentation des
bassins versants tout au long de la saison chaude (Carey et Woo, 2001). En raison de
I’humidification prolongée du sol et des ruissellements de surface et de subsurface qui en résultent,
les plaques de glace ont également une importante action géomorphologique en activant une série
de processus azonaux qui contribuent grandement au développement d’un paysage dit « nival »
(Kunitsky et al., 2000 ; Paquette et al., 2020). Ces processus, historiquement étudiés dans les
régions de montagne sous le concept de « nivation », englobent la météorisation chimique et
mécanique, 1’érosion et le transport de sédiments (ex. processus fluviaux et de solifluction)
(Ballantyne, 1978 ; Ballantyne et al., 1989; Berriford, 1991; Hall, 1980; Rapp et Nyberg, 1988;

Thorn, 1978). Le développement des formes de nivation, telles que des lobes de solifluctions, des



cones alluviaux et des escarpements (Christiansen, 1998 ; Stromquist, 1985), peut fortement
modifier le profil de pente allant parfois jusqu’au faconnement de terrasses de cryoplanation
(Mitchell et al., 2021 ; Nyland et Nelson, 2020). En tant que source durable d’humidité, les plaques
de glace jouent également un réle majeur sur la répartition de la végétation et I’alimentation en eau

des milieux humides (Walker et al., 2001 ; Woo et Young, 2003).

Dans le désert polaire arctique (ex. dans le Haut-Arctique canadien) auquel s’est intéressée
cette these, le role des plaques de glace sur le milieu physique est d’autant plus important qu’elles
représentent la principale source d’eau en été (Figure 1). De ce fait, la distribution des plaques de
glace controle fortement 1’organisation des différentes unités du paysage et des écosystémes en
favorisant la formation de microenvironnements humides, souvent assimilés a des oasis polaires,
qui contrastent avec les environnements secs et stériles dominants (Abnizova et Young, 2010 ;
Christiansen, 1998 ; Woo et Young, 2003). Pour I’heure, les plaques de glace dans les régions de
désert polaire ont été surtout étudiées a travers leur contribution au bilan hydrologique des bassins
versants (Ballantyne, 1978 ; Lewkowicz et French, 1982a ; Lewkowicz et Young, 1990; Woo et
Steer, 1982) et dans la recharge de milieux humides (Abnizova et Young, 2008, 2010; Assini et
Young, 2012). En revanche, les études de terrain axées sur les processus géomorphologiques, les
flux de sédiment et le régime thermique du sol des versants en aval des plaques de glace sont trés
peu nombreuses et restent qualitatives (ex. Christiansen, 1998 ; Knazkova et al., 2021 ; St-Onge et

Gullentops, 2005).

Figure 1. Photographie aérienne illustrant l'omniprésence des plaques de neige et de glace dans
le désert polaire de l'ile Devon au Nunavut (Canada) prise le 23 juillet 2019.
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Le manque de recherche sur les plaques de glace permanente en tant que partie intégrante
de la cryosphére terrestre et sur leurs effets sur l'environnement physique fait que leur implication
est largement sous-estimée dans les modeles d'évolution du paysage et des écosystemes polaires
(Christiansen, 1998). Cela représente une limitation majeure dans la compréhension de la
dynamique actuelle des régions polaires et de leur réponse au réchauffement climatique. Une étude
publiée par Woo et Young (2014) a montré qu’a Resolute (Haut-Arctique canadien), les plaques
de glace ont considérablement régressé au cours de la derniére décennie et que la plupart ont perdu
leur statut permanent. Les effets sur le milieu physique des versants en aval ont été immédiats, avec
l'asséchement de certaines zones humides et une diminution de la densité et de la diversité des
especes végétales. Dans cette étude, les auteurs ont insisté sur la menace que la disparition des
plaques de glace représente pour les environnements de désert polaire, en particulier pour la
pérennité des milieux humides, et ont appelé a porter une attention particuliére sur cet €lément peu

connu de la cryosphére.

Force est de constater que depuis 2014, aucune recherche n'a été menée sur le sujet alors
que le réchauffement se fait de plus en plus sentir aux plus hautes latitudes et amene
vraisemblablement la plupart des plaques de glace dans un état critique. La présente recherche
doctorale a donc été développée pour répondre a la nécessité d’apporter de nouvelles connaissances
sur les plaques de glace polaires en tant qu'élément a part entiére de la cryosphére terrestre, mais
aussi parce leur étude ouvre des perspectives importantes, non seulement pour le domaine de la
glaciologie, mais aussi pour la géomorphologie, hydrologie, biologie et climatologie des milieux

polaires.

1.2. Structure de la thése

En préambule, le chapitre 1 (ce chapitre) apporte une mise en contexte générale de la thése
et présente une breve revue de littérature afin de préciser et discuter des bases sémantiques
associées a la notion de « plaques de glace » et de faire un point sur I’état des connaissances quant
a leur formation et leur évolution spatio-temporelle. Cette section met en évidence les lacunes
importantes dans les connaissances sur les plaques de glace polaires qui ont guidé 1I’¢laboration de
la recherche. Une section détaille également la pertinence et les retombées de la recherche
présentée dans cette these. Finalement, le chapitre se termine par une mise en contexte

géographique du site d’étude.



Les chapitres 2 a 5 présentent les quatre manuscrits de cette thése. La volonté de partager
et valoriser les connaissances établies dans cette thése justifie I’adoption d’un format « thése-
articles ». Les travaux présentés sont publiés dans des revues internationales indexées avec comité
d’évaluation par les pairs ou destinés a €tre publiés a la suite du dépdt initial de la thése. Un bref
avant-propos ainsi qu’un résumé en francais ont été ajoutés en préalable des manuscrits afin de
faciliter leur lecture. L’ensemble de ces articles sont originaux et ont été¢ rédigés de maniere
indépendante par le candidat de cette thése. Celui-ci a également été responsable de 1’¢laboration
du cadre méthodologique, de la collecte des données sur le terrain ainsi que de leurs traitements et
analyses. Daniel Fortier, en tant que superviseur, a contribué aux quatre manuscrits en aidant
I’auteur a définir les objectifs de recherche et en fournissant des commentaires et des suggestions
sur les manuscrits. Florent Dominé en raison de sa contribution au travail de terrain pour les aspects
reliés a la neige et pour ses commentaires sur les manuscrits, figure également comme co-auteur

sur trois des articles. Les titres sont listés ci-dessous :

Chapitre 2 : « Properties and stratigraphy of polar ice patches in the Canadian High Arctic reveal

their current resilience to warm summers » (Davesne, G., Fortier, D. et Dominé, F., accepté pour

publication, septembre 2021, Arctic Science)

Chapitre 3 : « Mass balance and ablation processes of a perennial ice patch on the northern coast

of Ellesmere » (Davesne, G., Fortier, D. et Dominé, F., en préparation)

Chapitre 4 : « Ice patches and their biogeomorphic system in the High Arctic polar desert »

(Davesne, G. et Fortier, D.; en préparation)

Chapitre S : « Effects of meteorology and soil moisture on the spatio-temporal evolution of the

depth hoar layer in the polar desert snowpack » (Davesne, G., Dominé, F. et Fortier, D., accepté

pour publication, aoiit 2021, Journal of Glaciology)

La theése est cloturée par le chapitre 6 qui dresse une synthése des principaux résultats
obtenus dans les différents articles et répond aux questions et objectifs de recherche qui ont guidé
cette thése. A partir de I’ensemble des connaissances établies, une discussion est proposée sur
I’évolution future des plaques de glace en réponse au réchauffement climatique et les conséquences
potentielles sur les versants de désert polaire. Finalement, ce chapitre présente des

recommandations pour les travaux futurs qui pourraient découler de cette thése.



1.3. Etat des connaissances

1.3.1. Historique de la recherche sur les plaques de glace

La compréhension des caractéristiques physiques des systemes de plaques de glace et de
leurs variations spatio-temporelles est une étape indispensable a leur définition. L’étude de ces
petits éléments de la cryosphére est considérée comme de la « microglaciologie », un domaine
scientifique qui fait le lien entre la glaciologie classique et la géomorphologie périglaciaire
(Gachev, 2017). Jusqu’a maintenant, les études microglaciologiques sont peu nombreuses et,
paradoxalement, sont principalement réalisées par des géographes ou des géomorphologues (ex.
Gachev et al., 2016 ; Lewkowicz et Harry, 1991 ; Serrano et al., 2011) tandis que les plaques de
glace ont recu que peu d’attention de la part des glaciologues ou des nivologues. Ceci est en fait
révélateur des échelles d'analyse propres a chaque discipline. Les glaciologues se préoccupent
principalement des grandes composantes de la cryosphere terrestre, tandis que les nivologues se
concentrent sur les propriétés a microéchelle du couvert de neige saisonnier (c.-a-d. grain de neige,
strates) et I’hydrologie nivale. Du c6té des géomorphologues et biologistes, les plaques de neige et
glace ont suscité un intérét en raison des effets qu'elles générent sur le milieu abiotique et biotique.
Pour les géomorphologues, elles ont été principalement abordées a travers le prisme de la nivation
(Ballantyne, 1985 ; Nyberg, 1986 ; Thorn, 1988). Pour les biologistes, elles ont été étudiées pour
leur réle dans la distribution de la végétation (Billings et Bliss, 1959 ; Bliss et al., 1984). Aucune
de ces disciplines ne s’est attardée sur les plaques de glace en tant qu’objet d'étude a part entiere.
Etonnamment, un engouement important pour les plaques de glace a récemment émergé dans le
domaine de 1’archéologie (ex. Yukon Ice Patches Project, Hare et al., 2012). La fonte progressive
des plaques en réponse au réchauffement libére un grand nombre d'artefacts préservés dans, ou
sous, ces masses de glace quasi stationnaires durant plusieurs millénaires (Farnell et al., 2004 ; Pilg
et al., 2021). Les travaux récents menés dans le cadre de 1’archéologie glaciaire ont permis des
avancées dans la compréhension de 1’évolution des plaques de glace sur le long terme (Meulendyk
et al., 2012 ; Odegird et al., 2017). Certains travaux en paléogéographie ont également porté sur
les propriétés des plaques de glace enfouies préservées dans le pergélisol continu, car elles
représentent une base intéressante pour la reconstruction du climat et de l'environnement au

quaternaire (ex. French et Pollard, 1986 ; Lacelle et al., 2009 ; Spektor et al., 2011). Le processus



d’enfouissement des plaques de glace par des mouvements de masse a été jusqu’a maintenant

complétement ignoré par la communauté des géocryologues.

L’analyse de la répartition géographique des recherches sur le sujet montre que la grande
majorité¢ des études a ét¢ menée dans des régions montagneuses des moyennes latitudes ne
présentant pas ou peu de glaciers. Les plaques de neige et de glace y représentent alors I'élément
dominant de la cryosphére terrestre comme au Japon (Fujita et al., 2010 ; Higuchi, 1980;
Kawashima et al., 1993 ; Sakai et al., 2006 ; Wakahama et Narita, 1975 ; Watanabe, 1988), dans
massifs d'Europe centrale et méridionale (ex. les monts Pirin : Gachev et al., 2016; les monts Tatras
: Gadek, 2008; les monts Cantabriques : Serrano et al., 2011), ainsi que dans les montagnes
subarctiques du Canada (Farnell et al., 2004 ; Meulendyk et al., 2012) et en Scandinavie (Odegird
et al,, 2017 ; Pilg et al., 2021). Dans les régions polaires arctiques, les seules publications
disponibles sur les propriétés et le fonctionnement des plaques de glace se limitent & une étude de
@strem, (1963) menée dans le nord de la Norvege et a une série d'études menées dans les années
1990 par Lewkowicz et Harry (1991) ; Lewkowicz et Young (1990) ; Young et Lewkowicz (1990)

dans le Haut-Arctique canadien.

1.3.2. Définition floue et multiplicité des termes

Bien que certains travaux aient été réalisés spécifiquement sur les plaques de glace, une
confusion sémantique perdure autour de cet objet d’étude. Le travail de simplification et de
classification nécessaire pour poser les bases d’une définition claire se heurte au caractere
protéiforme des plaques de glace qui sont considérées comme un état intermédiaire dans le
continuum entre les plaques de neige et les glaciers. De ce fait, la frontiére sémantique est tres floue
entre les plaques de glace et les plaques de neige d'une part, et les plaques de glace et les petits
glaciers d'autre part. La difficulté de définir les plaques de glace est aussi amplifiée par un manque
de consensus et d’uniformité dans les terminologies adoptées, reflétant les opinions, approches et
pratiques des glaciologues, des géomorphologues et des nivologues. Ainsi, dans la littérature anglo-
saxonne, des termes comme « snow field » (Hirvas et al., 2000 ; Mott et al., 2019), « perennial
snowbank » (Lewkowicz et Young, 1990), «perennial snow patch» (Watanabe, 1988),
« glacieret » (Gachev et al., 2009), « micro-glacier » (Gachev et al., 2016) ou « firn-ice patch »
(Gadek, 2008) ont été utilisés de maniere plus ou moins interchangeable pour désigner de petites

masses de glace pérennes sans que 1'on puisse distinguer clairement la signification de chaque terme



et ce qui les distingue. Ce manque de clarté est également véhiculé par les glossaires de référence
en glaciologie comme le « Glossary of glacier mass balance and related terms » de Cogley et al.

(2011) selon lequel :

“Snowfields are more extensive than snowpatches, but the distinction is
not made precisely in common usage. A snowfield that is perennial may be

difficult to distinguish from a glacier.”

“Snowpatches are less extensive than snowfields, but the distinction is
not made precisely in common usage. A snowpatch that is perennial may be

difficult to distinguish from a glacieret.”

“A very small glacier, typically less than 0.25 km? in extent, with no
marked flow pattern visible at the surface. To qualify as a glacieret, an ice body

must persist for at least two consecutive years.”

La faiblesse de ces définitions est qu'elles sont basées uniquement sur des critéres de taille et de
durée de persistance établis selon des seuils purement arbitraires qui ne permettent pas de

discriminer les différents systémes.

Afin de remédier a cette confusion sémantique entourant les différentes petites masses de
glace terrestres, Serrano et al. (2011) ont proposé de distinguer les petits glaciers, les plaques de
neige et les plaques de glace en fonction de leur mouvement ou absence de mouvement, de leur

structure (glace, névé, neige, déformation) et leur genése (glaciaire ou nival).

Tous les glaciers, y compris les plus petits, sont définis comme des masses de glace
sédimentaire qui se sont constituées par la compaction progressive de la neige et qui se déforment
et s'écoulent sous l'influence de la gravité (Benn et Evans, 2010). Les petits glaciers sont fortement
controlés par les contraintes topographiques et se déclinent en une grande variété de formes, de
tailles et de régimes différents. Il y a, par exemple, les petites calottes et les crétes de glace
sommitales (Miniature ice cap, Ice crest ; Haeberli et al., 2004 ; Holmlund et Holmlund, 2019 ;
Serreze et al., 2017), les glacierets (Colucci et al., 2015 ; Gachev et al., 2016 ; Kuhn, 1995) ou
encore les tabliers de glace suspendus (Ice apron) qui sont spécifiques aux parois de haute
montagne (Guillet et Ravanel, 2020). Bien que de dimension limitée (>0.5 km?; Huss et Fischer,

2016), ces petits systémes glaciaires présentent des signes de déformation par des mouvements



internes (ex. failles, fractures, crevasses) méme si ceux-ci sont généralement lents (Leigh et al.,

2019).

Une plaque de neige (snow patch ou snowbank) définit une accumulation de neige qui
persiste longtemps pendant la saison chaude mais qui disparait compleétement avant la fin de 1’été,
hormis dans de rares cas ou elle peut survivre a un été plus frais que la normale (Nesje et al., 2012).
Une plaque de neige est typiquement formée de neige a grain grossier, ayant subi un
métamorphisme avancé de fonte, et éventuellement d’une couche de glace basale issue de la

percolation et du regel de 1’eau de fonte a la base de I’accumulation de neige (Woo et al., 1982).

Une plaque de glace (ice patch) représente une petite masse de glace dont la forme et la
taille peuvent étre tres variables (Figure 2). Elle se distingue principalement d’un petit glacier par
le fait que la glace ne présente pas de structures de déformation en surface et qu’elle n’a pas de
zones d'accumulation et d'ablation distinctes. La masse de glace peut avoir plus de 15 metres
d'épaisseur (Kawashima et al., 1993 ; Odegird et al., 2017) et se trouve le plus souvent recouverte
d'une couche de névé (Cogley et al. 2011). Par exclusion, le terme de « plaque de glace » regroupe
toutes les masses de glace présentes a la surface terrestre et qui ne sont pas des systémes glaciaires
actifs. Les plaques de glace peuvent étre préservées sur de longues périodes pouvant aller jusqu’a
plusieurs siecles, voire plusieurs millénaires. Elles sont alors qualifiées de permanentes. Des
datations réalisées sur des plaques de glace au Yukon et en Norvege ont par exemple prouvé leur
présence continue depuis la fin de I’Optimum climatique Holoceéne (~ 6000 ans BP) (Farnell et al.,
2004 ; Odegird et al., 2017). Lorsque les plaques de glace persistent pendant plusieurs années
consécutives, mais qu’elles disparaissent occasionnellement lors d’étés particulierement chauds,

elles sont dites pluriannuelles ou semi-permanentes (Woo et Young, 2014).

Serrano et al. (2011) a proposé de distinguer deux types de plaques de glace permanentes
en fonction de leur origine et de leur structure interne (Figure 3). Le premier, appelé « systeme
morphodynamique nival » (Figure 2a,b,c,d; Figure 3), se référe aux plaques de glace qui sont le
résultat de fortes accumulations locales de neige pendant la saison froide par la redistribution
€olienne et/ou par des processus gravitaires d’avalanches (Fujita et al., 2010 ; Glazirin et al., 2004
; Mott et al., 2019). Typiquement, ce type de plaques de glace se trouve dans les dépressions
topographiques, au pied d’une paroi rocheuse ou sur des versants sous le vent et ombragés. Lorsque

ces accumulations de neige sont suffisamment importantes, elles ne sont pas complétement



détruites par 1’ablation estivale et vont étre préservées jusqu’a la saison froide suivante. La neige
saisonniére persistante se densifie et se transforme rapidement en glace par le regel de I’eau de
fonte a la surface de la glace de I’année précédente formant de la glace surimposée (superimposed

ice) (Kawashima et al., 1993).

Figure 2. Exemples de petites masses de glace permanentes entrant dans la catégorie de « plaque
de glace ». a) et b) Plaques de glace de Juvfonne et Langfonne situées dans le sud de la Norvege
(Odegdird et al., 2017 ; Pilo et al., 2021) ; c) Plaque de glace située dans le nord de la Finlande,
désignée comme « permanent snowfield » par les auteurs (Hirvas et al., 2000) ; d) Plaque de glace
de Hamaguri- yuki dans les Alpes Japonaises, désignée comme « snow patch » par les auteurs
(Fujita et al., 2010), e) et f) Plaques de glace dans les Alpes Juliennes dans le massif du Pirins en
Europe centrale (Gachev et al, 2016 ; Colucci et al., 2021). Pour a,b,c,d, les plaques de glace
appartiennent au systeme morphodynamique nival tandis que pour e et f, les plaques de glace
appartiennent au systeme morphodynamique glaciaire (Serrano et al., 2011).
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Le second type, appelé « systéme morphodynamique glaciaire » (Figure 2e,f; Figure 3),
décrit les plaques de glace formées par les restants d’un ancien glacier devenu inactif pendant une
période de déglaciation (c.-a-d. un environnement paraglaciaire). La désintégration d'un glacier
laisse alors une masse de glace "morte" qui présente un facies typique de la glace de glacier avec
des fractures et des failles liées a son ancien mouvement. Ces plaques de glace d’origine glaciaire
se trouvent généralement au fond des cirques glaciaires (Kawashima et al., 1993 ; Kuhn, 1995) ou
sur des plateaux (ex. reliques de petites calottes glaciaires; White et Copland, 2018). Dans un
contexte topographique favorable, les masses de glace peuvent étre durablement préservées par un
apport actif de neige par avalanche ou par transport éolien aboutissant a leur enfouissement sous
une couche de névé et de « nouvelle » glace surimposée. Dans ce cas, un systéme hybride se

développe avec différents facies de glace (Yamamoto et Yoshida, 1987).

Systéme morphodynamique glaciaire ‘ ‘ Systéme morphodynamique nival ‘
Petit glacier Plaque de neige
- Glace de glacier Neige/névé =
Moraine
= * 5
o© Glacieret Plaque de glace g
E Neige/névé pluriannuelle L)
= 7
© =
5 Glace basale [S)
o) E
1 o
Plaque de glace Plaque de glace
permanente permanente
~ « glace morte » Glace de <~ =
osition

Figure 3. Les deux systemes morphodynamiques de plaque de glace : le systeme glaciaire et le
systeme nival (modifié de Serrano et al., 2011).

Cette classification des différentes petites masses de glace terrestre apportée par Serrano et
al. (2011) a pos¢ les bases d'une définition plus claire du concept de « plaque de glace ». Elle a

¢galement permis de souligner la nécessité d'une connaissance approfondie de la structure interne
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et des propriétés physiques de la glace pour identifier au mieux 1’origine d’un systeme de plaque

de glace et en comprendre le fonctionnement.

1.3.3. De la neige saisonniére a la glace permanente

Le peu de littérature sur les processus de formation des plaques de glace d’origine nivale
nécessite de se tourner vers les études glaciologiques menées sur les systemes glaciaires qui offrent
une base théorique importante sur les mécanismes de transformation de la neige saisonniére en

glace. Il existe deux mécanismes principaux : la compaction et le regel de I’eau de fonte (Cuffey

et Paterson, 2010).

La compaction est un processus lent qui consiste en différentes phases de densification
transitoires amenant a la transformation de la neige saisonniére en neige de névé (Firnification) et
finalement du névé en glace. La neige de névé se caractérise par des pores encore partiellement
interconnectés (Cogley et al., 2011) et possede une densité treés variable selon son age et son
environnement physique, allant de 400 a 830 kg m (Cuffey et Paterson, 2010 ; Fierz et al., 2009).
Dans la zone des glaciers dite de « neige séche » ou aucune fonte ne se produit pendant 1’été
(Figure 4), le névé évolue essentiellement sous I’influence du gradient de température en surface
puis par métamorphisme mécanique de compression plus en profondeur. Dans la zone
de « percolation » (Figure 4), le métamorphisme de fonte est dominant qui méne a un
grossissement des grains. Par ailleurs, la présence d’eau liquide accélére le tassement de la colonne
de névé (Cuffey et Paterson, 2010). A mesure qu’une couche de névé se fait enfouir, la pression
grandissante sous le poids des couches de neige supérieures entraine une expulsion de 1’air, ce qui
aboutit & une diminution progressive de la porosité et une densification du névé. La hausse de la
pression amorce parallelement un grossissement de la taille des grains de glace par recristallisation
dynamique (Montagnat et al., 2009). Dés lors que les pores entre les grains se ferment,
généralement lorsque la densité dépasse 800 a 850 kg m™>, le névé devient de la glace. Cette
derniére demeure riche en bulles d’air (environ 10% d’air) dans un premier temps, puis la teneur
en air décroit a mesure que la pression augmente (Marsh, 2005 ; Paterson, 1994). Le temps
nécessaire pour une couche de neige saisonniere de devenir de la glace varie selon les
environnements, allant de quelques années pour les glaciers tempérés a plusieurs centaines

d’années en Antarctique.
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Figure 4. Subdivision de la zone d’accumulation d’un glacer selon les conditions de surface (neige,
névé, glace exposée) a la fin de la saison de fonte. Zone A : zone de neige seche ou il n’y a pas de
fonte estivale. Zone B : zone de percolation, les eaux de fonte de surface s'infiltrent dans le manteau
neigeux et regelent. Zone C : zone de saturation (ou zone de neige humide) ou la température de
l'ensemble du manteau neigeux a atteint le point de fusion a un moment donné de la saison de fonte
et ou [’eau de fonte atteint l’interface neige-glace et y regéle pour former de la glace surimposée.
La limite inférieure de la zone de saturation est appelée la ligne de névé. Zone D : zone ou
[’ensemble de la neige saisonniere fond avant la fin de la saison de fonte et ou la glace surimposée
est exposée a la fonte. La ligne d'équilibre est située a la limite inférieure de cette zone et relie tous
les points ou le bilan annuel net est nul. L'altitude de cette ligne est appelée altitude de la ligne
d'équilibre (Equilibrium-line altitude : ELA). La zone de glace de glacier correspond a la zone
d'ablation ou la fonte estivale élimine la totalité de l'accumulation annuelle de neige et glace de
surimposée. L’encadré rouge indique la section d’un glacier ou les processus d'accumulation et
de fonte sont similaires a ceux impliqués dans le bilan de masse d'une plaque de glace (inspiré de
Paterson, 1994).

Le processus de fonte/regel entraine quant a lui une transformation rapide (quelques jours
a quelques semaines) de la neige saisonniere en glace, généralement sans passer par le stade de
névé. Ce processus se produit au niveau de la « zone de percolation » et surtout dans la « zone de
saturation » (Figure 4). Au début de la saison chaude, I’eau de fonte des couches de neige de
surface percole profondeur dans le couvert nival, remplissant la porosité. Lorsque la température
de la neige est inférieure au point de fusion, cette eau de fonte regele et forme des structures de

glace verticales et horizontales (ex. colonnes, lentilles et strates de glace). Dans la section inférieure
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de la zone de saturation, I’apport en eau de fonte est important de sorte qu’elle s’accumule a
I’interface entre la neige et la glace imperméable ou elle regéle en une couche de glace dite
surimposée (superimposed ice en anglais) (Figure 4). La quantité de glace formée et la rapidité du
processus dépendent de 1’apport en eau liquide et surtout du contenu en froid (cold content) du
couvert de neige et de la glace sous-jacente a la fin de la saison froide (Obleitner et Lehning, 2004).
La formation de glace superposée est courante dans les systémes glaciaires polaires ou elle
constitue une composante importante du bilan de masse des glaciers et calottes de glace (Koerner,
1968 ; Koerner, 1970 ; Wadham et Nuttall, 2002). Le méme processus se produit sur la banquise
(Kawamura et al., 2004), les plateformes de glace (Ice shelf ; Jeffries et al., 1991) et en milieu
terrestre ou le regel de ’eau de fonte a I’interface neige-sol forme de la « glace basale » (Woo et
al., 1982). Les processus de regel se produisent également a la fin de I’été au-dessus de la ligne de
névé lorsqu’une couche de neige saturée en eau regele avec le refroidissement atmosphérique et
produit une glace désignée sous le terme de « iced-firn » (Cuffey et Paterson, 2010 ; Koerner,

1968).

Dans les systemes de plaques de glace permanentes, les conditions de surface ressemblent
a celles que l'on trouve pres de la ligne d'équilibre des glaciers (Equilibrium-line altitude : ELA;
voir encadré rouge, Figure 4), ce qui suppose une grande contribution des processus de fonte/regel.
Dans son étude de 1963, Ostrem a apporté les premicres observations glaciologiques d’une plaque
de glace permanente en Norveége et a identifié a partir d’'une analyse de lames mince le role
important des processus de fonte/regel aboutissant a la formation de couches de glace surimposée.
Des interprétations similaires ont été rapportées par Kawashima et al. en 1993 lors de I’étude d’une
plaque de glace dans les Alpes japonaises. Les auteurs ont suggéré que 1’aggradation du corps de
glace se fait par la combinaison de trois processus, a savoir la formation de glace surimposée, la
densification d'une couche de névé saturée en eau et le regel du névé au début de I’hiver. Dans le
Haut-Arctique, Lewkowicz et Harry (1991) ont également suggéré que la formation de la glace
surimposée était le principal processus d’aggradation du corps de glace d’une plaque de glace
étudiée sur I’1le Melville (Arctique canadien). Cette étude reste la seule a ce jour a s’€tre intéressée

aux propriétés physiques d'une plaque de glace polaire.

Ces trois études pionnicres ont posé les bases de la compréhension des caractéristiques

physiques des plaques de glace, cependant seule 1'étude d’Ostrem (1963) a été étayée par une
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analyse cristallographique rigoureuse basée sur une collection de lames minces de glace. Ce
manque d'études glaciologiques se traduit par des lacunes importantes dans 1'identification des
différents faciés de glace (ex. glace riche en bulles d’air, glace pure, glace riche en sédiments) qui
peuvent exister dans les plaques de glace et dans la compréhension des mécanismes
thermodynamiques qui conduisent a leur formation, et en particulier la nature des interactions

complexes entre la neige saisonniére, I'eau de fonte et la masse de glace permanente.

1.3.4. Bilan de masse d’un systéme de plaque de glace

Les plaques de glace permanentes se forment des lors que les accumulations de neige/glace
ne sont pas complétement détruites par I’ablation estivale. Dans un systéme glaciaire, le volume et
la dimension des masses de glace évoluent dans le temps selon le bilan de masse net qui est la
différence entre les gains de masse lors de la saison froide et les pertes de masse lors de la saison
chaude sur une année hydrologique (Figure 5). Si le bilan de masse net est positif (accumulation
> ablation), le volume de glace augmente et s’il est négatif (accumulation < ablation), il diminue,
et s’il est nul, il est stable (Cuffey et Paterson, 2010). Dans le cas des plaques de glace, le bilan de
masse est toujours proche de 0 sur le moyen et long terme, méme si de 1égeres fluctuations a court
terme peuvent se produire. Pour les systémes morphodynamiques nivaux (Figure 5), cet équilibre
entre les apports et les pertes résulte du contrdle dominant des contraintes topographiques (c.-a-d.
taille de la niche topographique) qui empéchent la masse de glace et de neige de croitre au-dela

d’un certain seuil (Glazirin et al., 2004).
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Figure 5. Schématisation du concept de bilan de masse net (Paterson, 1994).
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Pour les plaques de glace d’origine glaciaire, en revanche, le bilan de masse peut devenir
durablement positif (ex. hausse des apports ; diminution des pertes) car le volume de glace n'est
pas restreint par la topographie. Cependant, des lors qu’une plaque de glace grossit, elle commence
a se déformer et a fluer ce qu’il I’ameéne dans une transition vers un systeme glaciaire (Figure 5;

(Serrano et al., 2011).

Contrairement aux glaciers, les plaques de glace n’ont pas de zones distinctes
d'accumulation et d'ablation, ce qui explique I'absence de transfert de masse au sein du systéme.
L'accumulation et l'ablation se produisent donc théoriquement partout et le bilan de masse reste
proche de 0 en tout point, malgré le fait que I'accumulation et I'ablation nettes peuvent étre trés
variables a fines échelles. Par effet de compensation, les zones qui recoivent le plus de maticre sont
également celles qui en perdent le plus (Fujita et al., 2010). En raison de leur petite taille et de
I’absence d’un transfert de masse par mouvement, la mesure du bilan de masse est relativement
simple par rapport a celui des glaciers. Les méthodes la plus couramment utilisées visent a mesurer
I’épaisseur de neige et de glace a la fin de la saison de fonte et a la fin de la saison froide par des
techniques de sondage (ex. forage, géoradar) et/ou des mesures spatiales (ex. Laser Scan Terrestre)

(ex. Meulendyk et al., 2012 ; Rebecca Mott et al., 2019 ; @degird et al., 2017).

1.3.4.1. Processus d’accumulation

L’existence de plaques de glace et de neige est avant tout liée a des accumulations
préférentielles de neige durant la saison froide. Ces derniéres sont contrdlées par des facteurs
topoclimatiques qui induisent des mécanismes de redistribution de la neige par processus €oliens,

gravitaires, ou a une combinaison des deux (Figure 6) (Fujita et al., 2010 ; Watanabe, 1988).

- Processus éolien

Le vent contrdle fortement la distribution de la neige pendant et apres les précipitations et
agit a différentes échelles spatiales. Les processus €oliens sont désormais bien documentés et
modélisés. Une revue compléte de I’état des connaissances sur le sujet a été récemment proposée
par Mott et al., (2018). Dans cette section, nous n’aborderons que les processus qui se produisent
apres les précipitations, car ils sont le facteur de contrdle premier dans la distribution du couvert

nival a I’échelle locale et donc dans la formation des accumulations préférentielles.
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Figure 6. Diagrammes représentant les contextes topographiques favorables a développement
d’accumulations préférentielles de neige.

L'action du vent sur le couvert nival a 1'échelle locale englobe trois processus, a savoir
1'érosion, le transport et la déposition. L.’ensemble de ces processus dépend de la vitesse du vent
dans la couche limite de I’atmosphére et de son interaction avec la rugosité de surface produite par
la microtopographie, la végétation ou la surface de la couche de neige au sol. L’érosion de la neige
se produit des lors que la contrainte de cisaillement du vent (force motrice) excéde la force
résistante de la neige. La mise en mouvement des grains de neige est donc tres dépendante de la
texture et de la cohésion de la neige, qui dépendent elles-mémes des processus de métamorphisme
et de la température. Le seuil de vitesse de vent pour éroder une surface de neige est donc tres
variable selon les conditions de neige et donc difficile a établir (Vionnet et al., 2013). A partir de
mesures de terrain dans les prairies canadiennes, Li et Pomeroy (1997) ont établi une relation entre
le seuil de vitesse du vent pour la mobilisation de la neige et la température de 1’air. Leurs résultats
suggerent que le seuil de vitesse de vent & 10 m au-dessus du sol pour I’érosion de la neige seche
était en moyenne de 4-11 m s™! (moyenne = 7.7 m s!) tandis qu’elle était de 7-14 m s!
(moyenne = 9.9 m s ') pour la neige humide. Généralement, les seuils de vitesse de vent
couramment utilisés dans la littérature pour les travaux de modélisation sont de 6 m s~ pour la

neige séche peu compactée, 10 m s~! pour la neige séche 1égérement consolidée et plus de 15 m s™!
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pour la neige seéche trés compactée par de forts vents (Essery et Pomeroy, 2004 ; Gray et Male,

1981 ; Royer et al., 2021 ; Sturm et al., 2001).

Une fois mis en mouvement, les grains de neige vont tre transportés sur une distance plus
au moins longue selon le mode de transport. La reptation et la saltation des particules se produisent
généralement sur de courtes distances, tandis que le transport en suspension turbulente a le potentiel
de transporter la neige sur plusieurs centaines de métres voire plusieurs kilométres (Mott et al.,
2011 ; Pomeroy et al., 1997). Le transport par reptation (Figure 7) est dominant lorsque la vitesse
du vent est faible (< 8 m s™!) et que la plupart des grains de neige mobilisés roulent sur la surface
du couvert nival dans la direction du vent. Les quantités de neige transportées par la reptation
restent généralement limitées comparées aux autres processus de transport (Filhol et Sturm, 2015 ;

Mott et al., 2018).
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Figure 7. Redistribution de la neige saisonniere par des processus éoliens amenant a la formation
d’accumulations préférentielles de neige (inspiré de Pomeroy et al., 1997).

Lorsque la vitesse du vent se situe entre 8 et 15 m s~ !, le transport se fait essentiellement
par saltation (Figure 7). Les grains de neige sont alors soulevés verticalement dans I'air en raison
du gradient vertical de vitesse et ils suivent des trajectoires controlées par les forces du vent et de
la gravité. La hauteur de cette couche de saltation est limitée aux premiers décimetres au-dessus de
la surface et la longueur de ces sauts de saltation dépasse rarement un metre (Liston et Sturm,
1998). L'impact des grains de neige qui percutent la surface du couvert nival libére d'autres grains.

Cette réaction en chailne (Splash entrainment) induit un entrainement exponentiel des grains de
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neige pour une méme vitesse de vent (Mott et al., 2018). Dans les milieux ouverts, la saltation est
le mode de transport dominant, représentant souvent de 50 a 75% du transport éolien total de la
neige (Gray et Male, 1981 ; Pomeroy et Gray, 1990). Finalement, pour les vents les plus forts (>
15 m s7!), des flux turbulents se développent dans la couche limite et produisent un transport des
grains de neige en suspension (Figure 7). Lorsque la contrainte de cisaillement des flux d'air est
¢gale au poids des grains de neige, ceux-ci sont en effet transportés horizontalement par le vent.
Généralement, le transport en suspension se concentre dans les premiers metres au-dessus de la

surface du sol (Mott et al., 2018 ; Pomeroy, 1989).

Pendant le transport par saltation et surtout par suspension turbulente, les particules de neige
perdent rapidement de leur masse dans l'atmosphére par sublimation (Figure 7). Dans les régions
polaires, ou I’air est souvent trés sec en hiver, le taux de sublimation peut étre important. Pomeroy
et al (1997) ont rapporté des pertes par sublimation d’environ 28% des chutes de neige annuelles
en moyenne a Inuvik (Territoires du Nord-Ouest, Canada). Par conséquent, en raison de I’effet
conjugué de I’érosion €olienne et de la sublimation, 1’épaisseur de neige en équivalent en eau a la

fin d’hiver est largement inférieure au total des précipitations.

Lorsque les flux d’air ralentissent, le vent perd de sa compétence au transport et laisse la
neige se redéposer. Spatialement, le vent entraine une distribution tres hétérogene du couvert nival
entre les zones les plus exposées a la déflation (ex. les sommets, les crétes, les corniches, les hauts
plateaux), ou I’érosion et le transport de la neige dominent, et les zones abritées ou se forment les
accumulations préférentielles (Figure 7; Glazirin et al., 2004 ; Liston et al., 2002 ; Sturm et al.,
2001). Ces accumulations nivéoéoliennes, appelées congeres (snowdrift), se développent par
séparation des flux d’air, typiquement en aval d’obstacles (ex. irrégularité du terrain, végétation),
d’une rupture de pente (ex. créte) ou au niveau d’une dépression (ex. combe a neige, profil de pente
concave) (Figure 7). Le volume total de neige qui parvient a s’accumuler est d’abord contrdlé par
la disponibilité en neige, qui dépend des précipitations et de la superficie du terrain exposé a la
déflation, appelée le fetch (Figure 7) (Benson et Sturm, 1993 ; Pomeroy et al., 1997).
L’accumulation de neige est également régie par le contexte topographique ou elle se forme. Deux
cas de figure ont été identifiés : les niches topographiques a remplissage limité (filling snowdrift)
et celles a remplissage virtuellement illimité (unfilling snowdrift) (Benson et Sturm, 1993). Pour le

premier cas, Tabler (1975) a introduit le concept de « profil d’équilibre » des dépdts préférentiels
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de neige édifi¢ sur les lois de 1’aérodynamique, selon lequel le remplissage d’une niche
topographique ¢élimine la séparation des flux d'air. Ainsi, une fois qu’un dépot de neige atteint son
profil d'équilibre, le volume total de la neige se stabilise, quelle que soit I'ampleur des apports
¢oliens en neige subséquents (Benson et Sturm, 1993 ; Mases et al., 1998 ; Sturm et al., 2001). Le
moment ou ce profil d’équilibre est atteint dépend des apports en neige et de la taille de la niche
topographique. Logiquement, plus une niche est petite, plus elle se remplit rapidement au début de
la saison froide. Ainsi dans le cas des filling snowdrifts, la variabilité¢ interannuelle dans les
accumulations de neige est treés réduite car le contexte topographique est le facteur de contrdle
dominant. En ce qui concerne les unfilling snowdrifts, les niches topographiques sont de plus
grands volumes ce qui implique que le remplissage est beaucoup plus long et que le profil
d’équilibre n’est généralement pas atteint avant la fin de la saison froide. Dans ce cas, la variabilité
interannuelle des accumulations de neige est beaucoup plus grande car elle dépend avant tout des

apports en neige (Benson et Sturm, 1993 ; Parr et al., 2020).

Dans les régions polaires, les processus de remobilisation de la neige sont fréquents et
extrémes produisant un couvert de neige particulierement hétérogéne selon la topographie (Eveland
et al., 2013a,b ; Parr et al., 2020). Les processus éoliens sont donc centraux dans la dynamique des
plaques de glace permanentes. Cependant, pour 1’heure, le manque d’études quantitatives sur le
régime des vents et les processus de redistribution de la neige limite la compréhension des
interactions entre le vent, la topographie et les propriétés physiques de la neige qui exercent un
controle direct sur les mécanismes de remplissage des systemes de plaques de glace polaires. Ces

lacunes empéchent une compréhension compléte du bilan de masse des plaques de glace.

- Processus gravitaires

Dans les environnements de montagne, de nombreuses plaques de neige et de glace doivent
leur existence a des apports gravitaires importants en neige par avalanches. Dans les couloirs et a
la base des pentes raides, les dépdts avalancheux peuvent atteindre plusieurs dizaines de metres
d’épaisseur, prenant souvent la forme de talus ou cone de neige (Figure 6; Gachev et al., 2016).
Le volume total qui peut s’accumuler n’est généralement pas limité par la topographie et dépend
donc essentiellement de la fréquence des avalanches, laquelle est contrélée par les précipitations et
les propriétés physiques de la neige. Il en résulte une forte variabilité interannuelle. Les dépots de

neige gravitaires représentent la source principale d’alimentation de petits glaciers et des plaques
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de glace a la base de parois rocheuses et dans le fonds des cirques glaciaires (ex. Gachev et al.,
2016; Glazirin et al., 2004; Ishikawa et Sawagaki, 2001; Mott et al., 2019; Watanabe, 1988)
(Figure 2f).

- Apports par le ruissellement

Une source secondaire de masse peut étre apportée a un systéme de plaque de glace par le
ruissellement de 1’eau de fonte en provenance de la section amont de la pente (Ballantyne, 1978 ;
Lewkowicz et Young, 1990). Au début de 1'été, I'eau de fonte de la neige s'écoule a la surface du
sol gelé imperméable et atteint les plaques de glace. Cette eau va d'abord regeler a l'interface neige-
glace, ou les températures sont inférieures au point de fusion, contribuant ainsi a I'aggradation de
la glace surimposée. Ce processus se produit essentiellement dans un contexte polaire ou le contenu
en froid des accumulations de neige et des masses de glace apporte une capacité de regel potentielle

de I’eau liquide importante.

1.3.4.2.  Processus d’ablation

La principale perte de masse d’un systéme de plaque de glace se produit par la fonte estivale
des accumulations préférentielles de neige et du corps de glace sous-jacent lorsque celui-ci est
exposé. Comme pour les glaciers, cette fonte est déterminée par le bilan d’énergie de surface qui
est lui-méme controlé par les conditions topoclimatiques (Fujita et al., 2010 ; Mott et al., 2011 ;
Sato et al., 1984 ; Young et Lewkowicz, 1990). Les plaques de glace se forment essentiellement
dans les zones ou l'ablation est atténuée par une réduction locale de I'apport de chaleur, typiquement
dans les zones ombragées et abritées du vent (Fujita et al., 2010 ; Mott et al., 2019). A I’échelle
locale, les processus d’ablation sont aussi fortement influencés par les propriétés de la neige
saisonniere et de la glace qui déterminent la capacité du systeéme a absorber, perdre ou stocker de
I’énergie. En hiver, des pertes non négligeables se produisent également par sublimation,
notamment dans un contexte de désert polaire (Leppéranta et al., 2013), mais celles-ci sont
rapidement compensées par les apports €oliens en neige. Jusqu'a présent, peu d'études ont porté
spécifiquement sur les processus d'ablation des systemes de plaques de glace, mais 1’abondante
littérature sur la dynamique de la neige saisonnieére fournit une base théorique importante pour

aborder cette question.
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- Le bilan d’énergie de surface de la neige

Le bilan d’énergie complet d'une couche de neige est complexe car il intégre les processus
de changement de phase par la fonte, de condensation, de sublimation, d'évaporation et de regel. Il
est également influencé par 1’évolution du bilan de masse du manteau neigeux selon les apports et
les pertes en neige. Traditionnellement, la fonte d’une masse de neige ou de glace est estimée a
partir d’'un mod¢le physique simplifié consistant au calcul du bilan d’énergie de surface (abrégé en
SEB pour Surface energy balance) (Garen et Marks, 2005 ; Ohmura, 1984; Figure 8). Lorsque la
température de la couche de surface atteint 0 °C, tout surplus d'énergie est utilisé pour la fonte.
L’énergie disponible pour la fonte d’une couche de neige/glace de surface (noté Om, W m?) est

exprimée par les équations (1) et (2) (Dewalle et Rango, 2008 ; Boike et al., 2003a) :
o0
-szQr+Qh+Qe+Qp+Qc—(5 6]

Or=SW-SWNH+@AWL-LWw T )

Or représente le bilan du rayonnement net a la surface de la neige. SW | et SW1 sont respectivement
le rayonnement solaire regu et réfléchi par la surface de neige/glace dont le rapport est déterminé
par ’albédo de surface. LW | et LW sont respectivement le rayonnement thermique (infrarouge,
4-100 um) émis par I’atmosphere et par la surface de la neige/glace.
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Figure 8. Conceptualisation du bilan d’énergie d’un couvert nival saisonnier sur une plaque de
neige (inspiré de Garen et Marks, 2005 ; Ohmura, 1984)
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Dans 1I’Arctique, Or est dominé par le rayonnement infrarouge pendant I’hiver tandis qu’il est
dominé par le rayonnement solaire pendant 1’été. Qh et Qe sont les flux turbulents de chaleur
sensible et latente, respectivement. Ces flux de chaleur sont contrdlés par I’intensité et le signe du
gradient vertical thermique et d’humidité entre la surface de la neige et 1’atmospheére. Ils sont
¢galement fortement modulés par le vent dans la couche limite de 1’atmosphére ainsi que la rugosité
de surface (Gray et Male, 1981). Op représente les flux de chaleur sensible apportés par les
précipitations et le ruissellement d’eau liquide et Oc représente les flux de chaleur par conduction
des couches de surfaces vers les couches inférieures jusqu’a la glace ou le sol sous-jacent.
Finalement 0Q/ct est le stockage d’énergie dans une couche de neige (Figure 8) (Fuyjita et al., 2010
; Mott et al., 2011 ; Sato et al., 1984 ; Young et Lewkowicz, 1990).

Aux plus hautes latitudes, la période d'ablation ne s’étend que sur 2 a 3 mois. Dans le Haut-
Arctique, la seule étude réalisée sur le SEB d'une plaque de glace permanente a été menée par
Young et Lewkowicz (1990) sur I'lle Melville (Arctique canadien). Les résultats ont montré que
l'ablation de la neige/glace est principalement due au rayonnement solaire. Les flux de chaleur
sensible (Qe) sont secondaires tandis que les flux de chaleur latente (Qh) sont faibles a
négligeables. Ces observations concordent avec des études réalisées sur la fonte du couvert de neige
saisonnier (Boike et al., 2003a,b ; Westermann et al., 2009). En Antarctique, Leppéranta et al.,
(2013) ont également constaté que les apports de chaleur a une plaque de neige sur le Basen
Nunatak sont principalement fournis par le rayonnement solaire. En revanche, les flux de chaleur
sensible y sont négligeables tandis que les flux de chaleur latente représentent une perte d’énergie

significative par sublimation en raison de l'air tres sec et des vents catabatiques.

- Les facteurs de la variabilité spatio-temporelle de I’ablation

Spatialement, la variabilité¢ dans I’intensité de 1’ablation de la neige saisonniére et des
plaques de glace dépend de I’exposition aux rayonnements solaires et aux vents. Ainsi, les sites sur
les versants ombragés et abrités du vent sont globalement ceux ou les apports d’énergie sont les

plus faibles en été et donc ou 1’ablation est la plus faible (Mott et al., 2019).

Plus localement, I’advection de chaleur en provenance des surfaces environnantes a
également un effet important. Pendant la saison d'ablation, la contribution des flux turbulents
devient généralement de plus en plus importante dans la fonte des neiges résiduelles, pouvant aller

jusqu'a environ 50% de la fonte totale lorsque le couvert de neige devient treés parcellaire (Pohl et

23



al., 2006). La transition d'une couverture de neige continue a des plaques de neige résiduelle
conduit au développement de conditions thermiques de surface hétérogénes entre les zones encore
enneigées (fort albédo) et les zones ou le sol est exposé (faible albédo). Il en résulte un gradient
horizontal de température qui se traduit par des transferts de chaleur par conduction via le sol, mais
aussi et surtout par advection (c.-a-d. par transport latéral de chaleur) lorsqu’une masse d'air se
réchauffe en circulant au-dessus du sol et restitue cette chaleur aux plaques de neige et de glace
persistantes. L’advection de chaleur affecte ainsi principalement les bordures des plaques exposées
au vent ce qui contribue a produire une hétérogénéité dans les taux d’ablation a 1’échelle locale
(DeBeer et Pomeroy, 2017 ; Mott et al., 2011, 2013, 2015; Neumann et Marsh, 1998; Schlogl et
al., 2018). Par ailleurs, les écoulements d’eau amont qui pénétrent dans le systéme de plaque de
glace participent a apporter de la chaleur au systéme et génerent des phénomenes de thermo-érosion

(Woo et al., 1982).

Finalement, la variabilité spatio-temporelle de 1’albédo de la neige/glace au cours de la
saison chaude est également un facteur critique pour le SEB. L’albédo est fortement influencé par
les propriétés physiques de la neige et en particulier par la taille et la forme des cristaux qui sont
généralement évaluées par la mesure de la surface spécifique (SSA ; Gallet et al., 2009). Le
grossissement et I’arrondissement des cristaux, par le métamorphisme de fonte et la recristallisation
suite a des épisodes de gel/dégel, entrainent une diminution rapide de la surface spécifique de la
neige et de son albédo (Domine et al., 2007). L’albédo peut également étre trés altéré par la
concentration d’impuretés a la surface de la neige-glace. Ces impuretés incluent des dépdts nivéo-
éoliens (c.-a-d. un mélange de neige avec des sédiments fins et des fragments de matic€re organique
apportés par le vent) et des dépdts atmosphériques de carbone noir (black carbon) (Lewkowicz,
1998 ; Lewkowicz et Young, 1991 ; Woo et Dubreuil, 1985). La croissance de micro-organismes
vivants (algues et cyanobactéries) a la surface de la neige-glace est également connue pour
contribuer a réduire I’albédo (Kohshima et al., 1994). Pour un systéme de plaque de glace, la durée
de persistance de 1’accumulation de neige saisonniere est aussi particuliérement critique pour le
SEB. En effet, lorsque la neige disparait compleétement, 1’exposition de la glace surimposée,
souvent riche en sédiments, diminue drastiquement 1’albédo de surface (Young et Lewkowicz,
1990). Fujita et al.,, (2010) ont montré dans une étude sur 1’ablation de plaques de glace
permanentes dans les Alpes japonaises que 1’albédo de surface pouvait étre divisée par 2 lors cette

transition entre la neige saisonnicre et la glace exposée.
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Les observations préliminaires du SEB et ’ablation des plaques de glace et du manteau
neigeux saisonnier dans les régions polaires soulignent I'importance des processus a fine échelle
produits par l'interaction entre les variables météorologiques et les facteurs topographiques locaux.
Ainsi, les facteurs et processus dominants sont spécifiques a chaque site, de sorte que la
quantification de 1'évolution de I'ablation au cours d'une saison n'est possible que si elle est étayée

par des données de terrain complétes. Dans les régions polaires, ce travail constitue un défi majeur.

1.3.4.3. Mécanismes d’autorégulation d’un systéme de plaque de glace

Le réle important de processus locaux reli€¢ au contexte topographique sur les processus
d’accumulation et d’ablation complexifie la compréhension de la variabilité spatio-temporelle du
bilan de masse des systémes de plaques de glace. Dans des études menées sur des plaques de glace
permanentes dans les Alpes japonaises, Fujita et al., (2010) et Glazirin et al., (2004) ont démontré
que le contrdle de la topographie apporte une série de processus de rétroactions produites par
I’interaction entre les conditions topoclimatiques et la taille des plaques de glace (Figure 9). Ces
rétroactions agissent comme des mécanismes d’autorégulation du bilan de masse, expliquant
I’équilibre entre les apports et les pertes de masse des systeémes de plaque de glace sur le moyen et

long terme.

Les mesures de terrain ont d’abord montré que dans le cas des niches topographiques a
remplissage limité (voir section 1.3.4.1.) les accumulations de neige pendant la saison froide sont
fortement corrélées au volume atteint par la plaque de glace a la fin de la saison d’ablation
précédente (Figure 9a ; Glazirin et al., 2004). Ainsi, plus une plaque de glace fond en ¢été, plus la
recharge en neige du systéme sera importante 1’hiver suivant, et inversement. Concernant
I’ablation, une rétraction négative a ét¢ identifiée entre la taille d’une plaque de glace et son taux
de fonte par effet d’ombrage dans certains contextes topographiques (Figure 9b). Par conséquent,
plus la taille d’une plaque de glace est réduite en ét€, moins la surface de celle-ci est exposée aux
radiations solaires (Glazirin et al., 2004 ; Mott et al., 2019). De méme, lorsque les plaques de glace
sont présentes dans une dépression concave, 1’évolution du volume de neige/glace affecte la
dynamique locale des vents et par ce biais agit sur les transferts de chaleur turbulents et donc sur
I’ablation (Figure 9c ; Fujita et al., 2010 ; Mott et al., 2019). Grace a cette position d’abri, une

couche stable d’air froid va alors se former au-dessus de la plaque de glace par inversion thermique
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(cold-air pooling) entrainant une déconnexion avec les conditions atmosphériques. La fonte est par

conséquent considérablement réduite.

Ces mécanismes de rétroaction établis par Glazirin et al. (2004) et Fujita et al. (2010) pour
les plaques de glace de montagne sont susceptibles d'étre fonctionnels dans la plupart des systémes
de plaques de glace appartenant au systéme morphodynamique nival. Cependant, a notre
connaissance, aucune ¢tude n'a tent¢ de documenter et quantifier ces phénomeénes dans les régions
polaires, ce qui représente une lacune supplémentaire dans la compréhension du bilan de masse et

du fonctionnement des plaques de glace.
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Figure 9. Conceptualisation des différents mécanismes d’autorégulation du bilan de masse des
plaques de glace. a) Rétroaction entre les accumulations de neige en hiver et [’espace disponible
dans la niche topographique a la fin de [’été précédent ; b) Rétroaction entre [’ablation et
[’exposition aux rayonnements solaires ; c) Rétroaction entre l’ablation et I’exposition au vent
(inspiré de Glazirin et al, 2004).
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1.3.5. Les plaques de glace et le contexte climatique régional

1.3.5.1.  Ligne d’équilibre des glaciers

Du fait du role clé de la topographie sur leur bilan de masse, les systémes de plaque de glace
ne sont que partiellement influencés par les conditions climatiques régionales. Pour cette raison, il
est courant de trouver des plaques de glace trés en dessous de 1’altitude moyenne régionale de la
ligne d'équilibre des glaciers (abrégée en ELA pour Equilibrium line Altitude ; Figure 10) qui
définit la ligne théorique moyenne a la surface d’un glacier ou I’accumulation et ablation
s'équilibrent. Cette ligne est souvent associée a la limite des neiges permanentes. La ELA régionale
est dictée par la température et les précipitations (Dahl et al., 2003). Lorsque des plaques de glace
sont présentes en dessous de la ELA régionale (Figure 10), elles ne sont donc pas en €quilibre avec
les conditions climatiques. Ces plaques ne doivent alors leur existence qu’a des phénoménes
topoclimatiques locaux ayant pour effet d’abaisser la ELA par I’amplification des apports en neige
(section 1.3.4.1.), et/ou une réduction locale de 1’ablation (section 1.3.4.2.; Figure 9; DeBeer et

Sharp, 2009 ; Fujita et al., 2010 ; Glazirin et al., 2004).
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Figure 10. Différence entre la ligne d'équilibre régionale des glaciers (ELA-R), déterminée par
les conditions climatiques (c.-a-d. la température estivale et les précipitations hivernales) et la
ligne d'équilibre locale des glaces et neiges permanentes (ELA-L), principalement contrélée par
la topographie et le vent (modifié de Dahl et al., 2003).

Inversement, le controéle dominant de la topographie peut aussi entrainer une remontée locale de la
ELA, permettant la présence de plaques de glace au-dessus de la ELA régionale sans qu’elles se
transforment en glacier. Cela se produit typiquement lorsque la topographie et le vent limitent les

accumulations de neige (ex. parois rocheuses de haute altitude ; Guillet et Ravanel, 2020).
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1.3.5.2.  La sensibilité des plaques de glace aux changements climatiques

La déconnexion partielle du bilan de masse des plaques de glace par rapport au climat leur
confére une réponse particuliere aux fluctuations climatiques dont la nature est encore peu
comprise en raison du manque de données de terrain et de 1’absence de suivi régulier sur le long
terme comme il en existe pour les glaciers. Cette complexité dans 1’évaluation de la sensibilité et
la vulnérabilité de ces petits ¢éléments de la cryosphére est notamment illustrée par les conclusions
contradictoires qui ressortent des rares études qui ont €t€ menées sur le sujet. D’un coté, certains
travaux ont montré que les plaques de glace et petits glaciers sont restés d’une grande stabilité au
cours des dernicres décennies en raison des mécanismes d’autorégulation (voir section 1.3.4.3.) qui
réduisent, voire annulent, les effets du réchauffement. Dans ce cas, les masses de glace sont jugées
peu sensibles aux fluctuations climatiques (ex. DeBeer et Sharp, 2009 ; Gachev et al., 2016 ; Gadek,
2008 ; Huss et Fischer, 2016). D’un autre c6té, des travaux ont fait état d’un déclin et une
disparition rapide de plaques de glace en réponse a la hausse récente des températures de I’air. Woo
et Young, (2014) ont par exemple montré qu’un nombre important de plaques de glace permanentes
pres de Resolute Bay au Nunavut (Haut-Arctique canadien) avaient perdu leur statut permanent
lors des étés exceptionnellement chauds de 2011 et 2012. Ces observations sont cohérentes avec
d'autres travaux menés dans des environnements montagneux des latitudes moyennes, ou une
diminution de volume, inédite depuis le Petit Age Glaciaire, a également été constatée (ex. Farnell
et al., 2004 ; Fischer et al., 2014 ; Moreno et al., 2021 ; Mott et al., 2019). De ce point de vue, les
plaques de glace sont sensibles a la hausse des températures et réagissent rapidement au signal

climatique.

Les réponses non linéaires des plaques de glace et petits glaciers aux fluctuations
climatiques sont en fait le reflet de la complexité des mécanismes de controle de leur bilan de masse
et leur caractere protéiforme. Comme décrit dans la section 1.3.4., les plaques de glace sont
controlées par le contexte topographique mais celui-ci peut s’exercer a un degré plus ou moins fort.
Ainsi, il semble que les systémes les moins exposés aux réchauffements climatiques sont ceux ou
I’effet d’ombrage et les inversions thermiques (cold-air pooling) sont les plus forts ce qui permet
une déconnexion quasi-totale du bilan d’énergie de surface par rapport aux conditions
atmosphériques (Debeer et Sharp, 2009). Des modifications d’autres facteurs climatiques comme
le vent sont susceptibles de briser cet effet local mais aucune étude n’a étudié cet aspect pour le

moment. Pour les systtmes dominés par une alimentation par avalanches, une hausse des
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évenements extrémes de neige et des redoux en hiver pourrait augmenter les apports en neige. Ce
phénoméne a été observé localement dans les Alpes européennes ou la hausse des apports
avalancheux a permis a de petits glaciers et plaques de glace de se maintenir au cours des derniéres
années alors méme que les grands systémes glaciaires locaux ont connu un déclin rapide (Colucci
et al., 2021 ; Huss et Fischer, 2016). Pour le cas des plaques de glace d’origine glaciaire (Figure
3; Serrano et al., 2011), leur réponse aux fluctuations climatiques est particuliecrement complexe
car celle-ci change lors de la transition d’un petit glacier a une plaque de glace. Au cours de leur
déclin lors d’une phase de réchauffement, le contréle des facteurs climatiques sur le corps de glace
diminue au profit d’un controle de plus en plus dominant des facteurs topoclimatiques locaux (ex.
effet d’ombrage, inversion thermique, moindre exposition au vent). Ces masses de glace passent
donc d’une situation ou elles évoluaient linéairement avec le climat a une situation ou elles en sont
partiellement, voire totalement, déconnectées, ce qui permet leur préservation durable (Kuhn, 1995

; Moreno et al., 2021).

La compréhension du lien entre les plaques de glace et le climat représente donc un défi en
raison de la grande variabilit¢ des réponses possibles selon les spécificités des sites (ex.
Topographie ; climat), les processus a petites échelles qui s’y développent (ex. effet d’ombrage,
inversion thermique, avalanche), le type de systéme (ex. nival vs. glaciaire) et la forme que
prennent les changements climatiques (ex. hausse des précipitations hivernales, augmentation du
vent). Dans les régions polaires, le manque de données de terrain ne permet pas pour le moment de
savoir si les observations de Woo et Young (2014) a Resolute Bay sont représentatives de la

tendance régionale dans le Haut-Arctique.
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1.3.6. Conclusion sur I’état des connaissances

Les plaques de glace sont des ¢éléments de la cryosphére incontournables des régions
froides. Pourtant, elles sont encore largement méconnues ce qui se traduit notamment par des
désignations et définitions nébuleuses dans la littérature scientifique. Cette revue de littérature
permet de préciser les termes et de présenter les diverses formes de plaque de glace. Elle montre
aussi la complexité du fonctionnement des systémes de plaques de glace et de leur évolution en
raison du controle important de processus et phénomenes locaux. Dans les régions polaires, les
bases scientifiques sur ces plaques se limitent a quelques études, souvent anciennes, qui n’ont pas
permis d’imposer les plaques de glace comme un élément a part entiere de la cryosphére terrestre.
La raret¢ des recherches dédiées aux plaques de glace est notamment imputable a leurs
caractéristiques intrinseéques (ex. la taille, les facteurs de contrdle) qui ne peuvent étre étudiées qu’a
I’échelle locale sur la base de travaux de terrain. Ce manque d’études dans les régions polaires rend
notamment incertaine la représentativité des connaissances acquises dans les milieux de

montagnes.

Nous résumons ici plusieurs lacunes identifiées dans la revue de la littérature que nous
considérons comme essentielles a combler afin de mieux comprendre le fonctionnement des

plaques de glace :

- Il existe tres peu de données relatives a la structure et aux propriétés physiques des plaques

de glace polaires.

- Les processus thermodynamiques de formation de la glace pluriannuelle dans des
conditions polaires restent peu connus et les interactions dynamiques entre la glace, le
couvert de neige saisonnier et les conditions topoclimatiques n’ont jamais ¢t¢ documentées.

- Les mécanismes de rétroaction sur le bilan de masse des plaques de glace liés aux facteurs
topoclimatiques n’ont jamais €été examinés en milieu polaire.

- Le contrdle des conditions micrométéorologiques et des environnements proximaux sur le
bilan d’énergie de surface des plaques de glace et leur ablation estivale reste peu documenté.

- L’évolution sur le long terme des plaques de glace et leur réponse aux changements
climatiques restent ambigués.
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1.4. Approche, hypothése et questions de recherche

L’étude de 1'évolution de la cryosphére terrestre et de ses conséquences sur les
environnements naturels est un domaine de recherche tout juste émergeant dans les régions polaires
en transition (Vincent et al. 2017). Dans le contexte récent des changements climatiques et de
transition au niveau des biogéosysteémes, il est de plus en plus reconnu que la recherche polaire ne
peut pas se réduire a une juxtaposition d’études cloisonnées par discipline et doit davantage se
tourner vers une vision intégrée et multidisciplinaire pour mieux comprendre les diverses
connexions et interactions (actions et rétroactions) a différentes échelles entre la cryosphere, le

paysage, les écosystemes, I’hydrosphere et le climat (Rocha et al., 2018 ; Wrona et al., 2016).

Dans cette perspective, une approche géosystémique a été adoptée dans cette thése pour
obtenir une compréhension holistique de la dynamique spatio-temporelle des plaques de glace et
de leur environnement. Cela sous-entend une réflexion autour des notions d’organisation des
systémes, de forcage, de rétroactions, d’échanges et de flux, d’équilibre, de seuils, état transitoire,
réaction en chaine et de résilience. L’approche géosystémique permet de mettre 1’accent sur les
interactions (c.-a-d. les flux d’eau, de matiéres et d'énergie) et couplages entre les diverses
composantes d’un géosysteme pour en comprendre le fonctionnement (Stephani et al., 2014). Elle
permet aussi d’évaluer adéquatement la réponse et la vulnérabilit¢ des systeémes face aux
changements climatiques et environnementaux. Selon le principe des réactions en chaine, la

modification d'une seule composante du systeme peut affecter la dynamique de toutes les autres.

Dans cette these, nous nous sommes essentiellement concentrés sur 1’échelle du versant qui
représente un sous-systeme au géosysteme de désert polaire (Figure 11). Le systéme de versant
integre une combinaison de composantes « internes », incluant les formes de relief, les éléments
de la cryosphére (neige saisonniere, pergélisol et plaques de glace), les réseaux de drainage, le sol
et le couvert végétal, ainsi que des forcages « externe », notamment climat (Stephani et al., 2014 ;

Woo et Young, 2003).

En adéquation avec I’approche géosystémique et sur la base des connaissances actuelles sur

les plaques de glace, nous émettons 1’hypothése suivante :

En raison de leurs propriétés intrinséques et du controle important du contexte

topoclimatique sur leur bilan de masse, les plaques de glace sont des éléments de la
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cryosphere avec une résilience importante aux changements climatiques, garantissant leur
préservation sur de longues périodes. La présence durable des plaques de glace sur les
versants du désert polaire leur confére un réle central dans le fonctionnement du géosysteme
en enclenchant une série de processus hydrologiques, géomorphologiques et biologiques, qui
a leur tour ont des effets sur les propriétés du pergélisol et du couvert nival saisonnier (Figure

11).

La validation de cette hypothése améne les deux questions de recherche suivantes :

Question 1 : Comment les facteurs topoclimatiques impliqués dans la formation des plaques
de glace contrélent-ils leur évolution sur le court et long terme ?

Question 2 : Quels sont les effets de la présence sur le long terme des plaques de glace sur la
variabilité et la dynamique des versants qui se trouvent en aval ?
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Figure 11. Représentation du géosysteme de désert polaire dans lequel les plaques de glace jouent
un role central.
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1.5. Objectifs et axes de recherche

Afin de combler les lacunes dans les connaissances sur les plaques de glace polaires et de
répondre aux questions de recherche énoncées ci-dessus, 1'objectif principal de cette thése est de
développer une base de connaissances qualitative et quantitative sur I'origine et le fonctionnement

des plaques de glace et leurs effets sur les versants de désert polaire.
Plus spécifiquement, le projet comprend 4 sous-objectifs qui ont guidé cette these :

1) Caractériser un systéme de plaque de glace en analysant les propriétés physiques de
la neige et de la glace qui le composent afin de déterminer les processus de

métamorphisme et de regel qui sont a ’origine de I’aggradation de glace.

2) Identifier les processus locaux qui contrdlent la variabilité spatio-temporelle de
I'accumulation et de 1'ablation de la neige/glace dans un systeme de plaque de glace et

évaluer leur sensibilité aux changements climatiques.

3) Identifier et quantifier les conséquences de la présence d’une plaque de glace sur la

dynamique hydrologique, biologique et géomorphologique d’un versant.

4) Caractériser le couvert nival saisonnier de désert polaire et évaluer l'influence des
conditions de sol azonales produites par les plaques de glace sur les propriétés

physiques de la neige et les processus de métamorphisme.

Pour atteindre ces objectifs, une recherche fondamentale a été développée en se basant sur quatre
campagnes de terrain (été 2015 ; éte 2016 ; été 2017 ; été 2019) menées sur 1'lle Ward Hunt située
au nord de I'lle d'Ellesmere dans le Haut-Arctique canadien (Vincent et al., 2011b). Ces travaux se
sont articulés autour de 4 axes de recherche multidisciplinaires et complémentaires permettant de
collecter un jeu de données diversifié s’appuyant sur différentes méthodes et techniques. Ces 4

axes sont résumés dans la Figure 12.
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Systéme de plaque de glace permanente

Axe 1: Glace permanente 1 [ Axe 2: Neige saisonniéere ]
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- Bilan d'énergie et de masse
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Axe 4: Biogéomorphologie ] Axe 3: Hydrologie ]

- Flux de sédiments - Propriétés du sol - Régime hydrologique des plagues de glace
- Processus azonaux (Nivation) - Couverture végétale - Qualité des eaux de fonte

Etude de la végétation Suivi des écoulements Echantillonnage de I'eau

Suivi de la solifluxion :
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Figure 12. Représentation schématique des 4 axes de recherche autour desquels la these s'articule
(modifié de Davesne et al., 2019).

1.6. Pertinence du projet de recherche

1.6.1. Force et originalité de la these

En se penchant sur un élément trés peu documenté de la cryosphére, un trait majeur de
I’originalité de cette these est le fait méme de son sujet. Les données et résultats qui émanent de
cette recherche permettront de constituer une base de connaissances unique sur les systémes de
plaque de glace du désert polaire Arctique. Au-dela de son sujet propre, la force de cette these est
d’avoir adopté une approche intégrée, multitechnique et multidisciplinaire, combinant la
glaciologie, la nivologie, la géomorphologie et la biologie végétale (Figure 12). Cette vision va de
pair avec une conception géosystémique des milieux naturels qui représente le seul moyen de saisir

et comprendre leur complexité et leur fonctionnement.
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L’importance et I’originalit¢ de cette recherche doctorale reposent également sur le site
d’étude ou elle a été réalisée. Les régions de désert polaire sont parmi les environnements les moins
étudiés et connus de la plancte en raison de I’¢loignement et contraintes environnementales (ex.
climat extréme; faune, etc.). Comme démontré par Metcalfe et al., (2018), la recherche scientifique
reste encore treés parcellaire dans le Haut-Arctique, ce qui génére des lacunes et des biais importants
dans les connaissances scientifiques de ces régions, toutes disciplines confondues. Ce manque de
données d'observation fiables sur des variables clés comme la neige, 'humidité du sol, la végétation
et le pergélisol constitue un obstacle majeur a I'amélioration des modeles climatiques régionaux.
En adoptant une approche essentiellement axée sur le travail de terrain, cette thése a permis

I'acquisition d'un large éventail de données empiriques, ce qui est unique pour un site a cette

latitude.

1.6.2. Contributions et retombées scientifiques de la recherche

En raison de la place centrale des plaques de glace dans le fonctionnement du géosystéme
de désert polaire, les nouvelles données et connaissances apportées par cette thése pourront avoir
des retombées pour plusieurs domaines des géosciences. Les principales contributions et avancées

scientifiques sont détaillées ci-dessous en 5 grands themes
- Glaciologie

Les connaissances empiriques et conceptuelles apportées par cette thése contribuent a
documenter les plaques de glace et a les faire reconnaitre comme une composante a part entiére de
la cryosphere terrestre. Plus spécifiquement, les analyses détaillées des propriétés physiques de la
glace ouvriront la voie a la constitution d'une base de données glaciologiques permettant de
documenter les caractéristiques physiques de la glace des plaques (ex. cristallographie, densite,
inclusions de sédiments) et d’identifier des facies de glace typiques. Au-dela de l'aspect
fondamental, ces informations pourront fournir une base de comparaison trés utile pour
l'identification de l'origine des masses de glace enfouies dans le pergélisol (French et Pollard, 1986

; Gilbert et al., 2016 ; Lacelle et al., 2009).
- Nivologie

L’analyse détaillée de la neige saisonnicre et des variables clés qui contrélent ses propriétés

physiques (ex. le vent, I'humidité et la température du sol) offre des données uniques sur la
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variabilité spatio-temporelle des propriétés et des processus de métamorphisme de la neige en
fonction du contexte topoclimatique. Cette theése contribue donc a combler les importantes lacunes
dans les connaissances fondamentales sur la neige de désert polaire et a identifier les spécificités
de cette neige par rapport aux autres régions froides. Une partie de la base de données sur la neige
saisonniere collectées dans le cadre de cette thése a déja été utilisée par Royer et al. (2021) pour
développer une nouvelle classification du manteau neigeux arctique dans laquelle une nouvelle
classe spécifique a la neige de désert polaire a été créée. Les résultats de notre recherche
permettront ¢galement d'améliorer le paramétrage des modeles physiques de neige tels que Crocus
(Vionnet et al., 2012) et SNOWPACK (Lehning et al., 2002). Ces mod¢les ne sont actuellement
pas assez performants pour modéliser correctement le manteau neigeux polaire, notamment la
couche basale de givre de profondeur (Barrere et al., 2017 ; Domine et al., 2019) entrainant de
grandes incertitudes dans les simulations des conditions de neige actuelles et futures et de leurs

effets sur le régime thermique du pergélisol.
- Hydrologie des pentes

Une meilleure connaissance du fonctionnement et de 1’évolution saisonnicre et
interannuelle des plaques de glace permet d'approfondir la compréhension du régime hydrologique
des versants de désert polaire. Ces informations viennent compléter la série d’études récentes de
Paquette et al., (2017, 2018, 2020a) réalisées a Ward Hunt. Ces auteurs ont mis en évidence que la
fonte des plaques de neige saisonnicres est la principale source d'eau qui alimente les
d’écoulements préférentiels (water tracks) qui s'organisent sur les versants et qui contribuent
fortement a leur dénudation. L’étude du bilan de masse et du régime hydrologique des plaques de
glace pourrait amener a une meilleure compréhension de la variabilité spatio-temporelle des flux
d’eau, d’énergie, de sédiments et de nutriments le long des versants de désert polaire. A Ward Hunt,
les connaissances sur le réle hydrologique des plaques de glace pourraient aussi avoir des
retombées importantes pour 1’étude des écosystemes viraux et microbiens (Comte et al., 2018) et
les études limnologiques du lac Ward Hunt qui est principalement alimenté par les eaux de fonte
de la neige saisonniére et des plaques de glace présentes dans le bassin versant (Bégin et al., 2020

; Paquette et al., 2015).

36



- Géomorphologie-Paysage

Les connaissances sur les processus et formes géomorphologiques reliées a la présence des
plaques de glace contribuent a mettre en évidence 1’implication et I’efficacité des processus
azonaux dans le fagonnement des versants de désert polaire (Paquette et al., 2020a). Les nouvelles
données apportées par cette thése permettent de mieux comprendre les interactions entre les
processus périglaciaires et azonaux et la facon dont ces processus sont modulés par le régime des
plaques de glace. La compréhension de I’action géomorphologique des plaques de glace aménera
également des perspectives importantes pour 1’étude du pergélisol. Paquette et al. (2020b) et
Verpaelst et al. (2017) ont en effet montré que les marges en aval des plaques de neige et de glace
étaient propices a la formation d’un pergélisol syngénétique riche en glace en raison du
développement de milieux humides et de processus de solifluxion. Finalement, les recherches
locales, a 1’échelle du versant, menées dans cette thése constitueront un socle important pour une

compréhension plus large de la dynamique et de I’organisation du paysage de désert polaire.
- Changements climatiques

La réponse de la cryosphére au réchauffement climatique est une préoccupation majeure
aujourd’hui dans plusieurs domaines des géosciences. La compréhension de 1’évolution sur le long
terme des plaques de glace et de la relation complexe qu’elles entretiennent avec le climat permettra
de mieux anticiper leur évolution future. Ces informations seront cruciales pour comprendre
I’évolution et la vulnérabilit¢ du géosystéme de désert polaire a un moment charnieére ou les

environnements polaires sont en transition rapide en réponse au changement climatique.
1.7. Présentation générale du site d’étude

1.7.1. Le désert polaire

Les travaux de recherche présentés dans cette thése ont été menés sur 1’1lle Ward Hunt qui
présente un environnement typique de désert polaire. Le désert polaire définit les zones
continentales non glacées des hautes latitudes arctiques et antarctiques, marquées par des
températures tres froides, des vents violents, une courte saison de dégel, une saisonnalité tres

marquée (nuit polaire en hiver et jour polaire en été) et surtout une disponibilité en eau liquide tres

limitée (Barry et Hall-McKim, 2018).
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Selon les criteres climatiques, le désert polaire est défini spatialement par la combinaison

de deux facteurs, a savoir des précipitations annuelles inférieures a 250 mm et une température

moyenne mensuelle du mois le plus chaud, typiquement juillet, inférieure a 5°C (Figure 13 ; Barry

et Hall-McKim, 2018). Les faibles précipitations dans les déserts polaires sont principalement li¢es

a la capacité hygrométrique réduite de I’air froid. A cela s’ajoutent des phénoménes azonaux

comme la continentalité, dont I’effet est renforcé en hiver lorsque les surfaces océaniques et

lacustres environnantes sont englacées (Oliver, 2008). Malgré des précipitations annuelles tout

aussi faibles que dans les régions de désert chaud, I'évapotranspiration est beaucoup plus faible

dans les déserts polaires en raison des basses températures. Ainsi, les déserts polaires ne répondent

pas toujours a la définition climatique de 1’aridité qui implique une évapotranspiration potentielle

(ETP) supérieure aux précipitations (P) conduisant a un déficit hydrique (Thomas, 2011).
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Figure 13. Carte circumpolaire délimitant la zone de désert polaire arctique selon ’isotherme 5°C
en juillet et l'isohyete de précipitation annuelle inférieure a 250 mm. Le site d’étude de cette
recherche, [’tle Ward Hunt, représente la base de recherche la plus septentrionale en Arctique.
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Le désert polaire couvre environ 2.7 x 10% km? de territoire de 1I’hémisphére nord, dont 85%
sont présents dans 1’extréme Haut-Arctique tandis que les 25 % restant englobent, le nord de la
Sibérie et les zones non glacées du nord du Groenland (Figure 13). La température moyenne
annuelle de I’air (TMAA) de ces régions varie généralement de —15 a —18 °C. La moyenne des
mois d’hiver est de I’ordre de —30 a —35 °C tandis que celle des mois d’été est de 1 a 5 °C. La
période de dégel ne dure que de 2 a 3 mois (Serreze et Barry, 2014 ; Vincent et al., 2011b). Certaines
régions abritées de 1’ Arctique canadien (ex. Eureka, Nu) et du Groenland regoivent moins de 150

mm par année, dont pres des trois quarts sous forme de neige (Woo, 1983).

Dans I’ Arctique, les environnements de désert polaire se démarquent des environnements
de toundra par une domination absolue des surfaces minérales et une quasi-absence de végétation.
La pédogenese y est tres limitée et le sol consiste typiquement en des dépots s€dimentaires grossiers
ou un régolite provenant de la gélifraction de la roche en place (French, 2017). La couverture
végétale totale est généralement inférieure a 2 %, ne dépassant que localement 5 %. La
combinaison d’une saison de croissance végétale trés courte, de ’humidité limitée du sol et des
températures estivales froides résulte en une diversité et une croissance réduites des especes
vasculaires et une totale absence des espéces ligneuses. Les bryophytes, les lichens, ainsi que les

algues sont en revanche communs (Bliss et Gold, 1999).

Les conditions climatiques et environnementales (végétation, humidité du sol) de désert
polaire ont une grande influence sur les propriétés du couvert de neige saisonnier qui couvre le sol
entre 8 a 10 mois par année. Récemment, la compilation de données stratigraphiques du couvert de
neige provenant de plusieurs études réalisées dans le Haut-Arctique canadien — incluant les données
collectées a I’ile Ward Hunt dans le cadre de cette thése — a permis a Royer et al. (2021) de
développer une nouvelle classification de la neige polaire en incluant une classe spécifique pour la
neige de désert polaire. Cette classification constitue une amélioration importante de celle de Sturm
et al. (1995) qui regroupait la neige polaire dans une classe imprécise de "neige de toundra". Dans
le désert polaire, le couvert de neige saisonnier est tres peu épais (>30 cm) et se démarque de celui
de toundra par une couche basale de givre de profondeur peu épaisse et peu développée en raison
du sol froid et majoritairement sec qui réduit le gradient thermique et de vapeur dans le couvert de
neige au début de la saison froide (Domine et al., 2018a). Au-dessus, les couches de neige

consistent en une succession de windslabs, une neige trés compactée par le vent, dont la densité
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peut dépasser 500 kg m > (Domine et al., 2002). Cette description des propriétés du couvert de
neige de désert polaire reste pour I’heure trés sommaire car elle repose sur seulement deux études
réalisées dans le Haut-Arctique canadien, I'un a Alert (NU) (Dominé¢ et al., 2002) et I’autre a 1’1le

Ward Hunt (Domine et al., 2018a).

D’un point de vue du paysage et de la morphodynamique, les déserts polaires appartiennent
au domaine périglaciaire. Bien que dépourvus de glaciers, les éléments de la cryosphére sont
omniprésents et jouent un role majeur dans I’évolution du paysage et des écosystémes avec en
premier lieu les plaques de neige et de glace en surface (Christiansen, 1998 ; Kiazkova et al., 2021
; Paquette et al., 2020) et le pergélisol continu et froid en profondeur (French, 2017 ; Ball et al.,
2011). La couche active excéde rarement 60-80 cm dans le Haut-Arctique (Vincent et al., 2011b).
Des formes de contraction thermique (ex. fentes de gel, des coins de glace) et de cryoturbation (ex.
forme de triage du sol) et de fluages (ex. solifluxion) sont trés répandues et sont intimement liées
a la distribution de I’humidité (Levy et al., 2011 ; Paquette et al., 2020a ; Verpaelst et al., 2017).
En raison du peu de précipitation, les systémes fluviaux y sont peu développés. Dans la plupart des
bassins versants non glacés du Haut-Arctique canadien, le régime hydrologique est alimenté a 80%
par la fonte des neiges. Les 20% restant sont partagés entre les précipitations estivales et I’eau issue
de la fonte de la glace présente dans la couche active (Lewkowicz et Kokelj, 2002 ; Paquette et al.,
2018 ; Woo et Steer, 1982). Etant donné 1’imperméabilité du pergélisol continu sous-jacent, le
transit de I’eau sur les versants se limite a des mouvements latéraux par écoulements de surface et
hypodermiques dans la couche active qui s’organisent souvent selon le patron des formes

périglaciaires (Paquette et al., 2017 ; Woo et Steer, 1982).
1.7.2. L’ile Ward Hunt et ses environs

1.7.2.1.  Géographie/physiographie de 1’ille Ward Hunt

L’1le Ward Hunt (83°05'09"N, 74°06'19"W) se situe au large de I’embouchure du fjord
Disraeli a environ 5.6 km au nord de cote la plus proche de I’ile d’Ellesmere qui appartient a
I’ensemble des iles de la Reine Elisabeth et plus largement & I’ Archipel Arctique canadien (Figure
13; Figure 14 a,b,c). L’ile Ward Hunt est baignée par les eaux de I’Océan Arctique. L’ile mesure
6 km de long (d'est en ouest) et 3 km de large pour environ 14 km? et abrite le lac Ward Hunt

(Figure 14d ; Vincent et al., 2011b). L’ile est située dans le parc national de Quttinirpaaq
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("d“No-<*) et abrite le camp de recherche permanent le plus au nord de la planéte, lequel
comporte notamment un laboratoire construit et géré par le Centre d’Etudes Nordiques (Université
Laval) en 2010. L’ile est devenue un site de recherche de référence pour plusieurs disciplines qui
ceuvre a comprendre le systéme complexe d'interactions entre la cryosphére, les mouvements de
masse, ’hydrologie des pentes et la limnologie des lacs dans les régions polaires extrémes. L’ile
Ward Hunt offre un cadre idéal pour mener notre recherche car elle présente un environnement

typique de désert polaire et les plaques de glace permanentes y sont nombreuses.
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Figure 14. Carte de localisation de l'ile Ward Hunt a [’échelle circumpolaire (a) et a l’échelle de
I’tle d’Ellesmere (b). c) Localisation de l'tle Ward Hunt au large du fjord de Disraeli, le long de
la cote nord de l'ile d'Ellesmere. Autour de l'ile, la cryospheére est omniprésente avec notamment
les restes de la plateforme glaciaire de Ward Hunt (Ward Hunt Ice Shelf, WHIS) et un dome de
glace (Ward Hunt Ice Rise, WHIR) ; b) Image World-View 3 de l'tle Ward Hunt capturée le 19
aotit 2019. Le centre de l'ile est occupé par le lac Ward Hunt et sa couverture de glace désormais
pluriannuelle (Paquette et al., 2015). Les multiples plaques de glace permanentes et les plaques
de neige représentent les seuls éléments de la cryosphere terrestre visibles depuis la surface.
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L’ile Ward Hunt appartient a la province géologique du terrane de Pearya caractérisée par
quatre successions paléozoiques principales qui s’échelonnent de la fin du Protérozoique a la fin
du Silurien, incluant des formations variées de roches sédimentaires, métamorphiques et
volcaniques (Trettin 1991 ; Schiffer et Stephenson, 2018). Au sud de I’ile, la cote nord d’Ellesmere
est marquée par I’imposante chaine de montagnes de GrantLand dont les plus hauts sommets
culminent a preés de 2500 m. Sur I’ile, le relief est caractérisé par une colline calcaire, Walker Hill,
de 436 m d’altitude et deux collines secondaires (165 m et 240 m d’altitude) de roche intrusive et

volcanique (Figure 14d).

Les détails sur le climat, la végétation et la géomorphologie de 1’ille Ward Hunt seront donnés dans

les quatre articles qui composent cette thése.

1.7.2.2.  La cryosphére actuelle

La cryospheére est omniprésente et trés diversifiée le long de la cote nord d’Ellesmere. Sur
I’lle Ward Hunt, aucun glacier n’est présent actuellement, mais plusieurs plaques de glace
permanentes sont observables auxquelles s’ajoutent d’innombrables plaques de neige saisonnieres
qui perdurent durablement durant la saison chaude (Figure 14d ; Davesne et Fortier, 2018). Au
centre de I'ile, le lac Ward Hunt était recouvert d’un épais couvert de glace permanent jusqu’a
récemment (Figure 14d). En 2011, le lac est devenu completement libre de glace pour la premicre
fois depuis au moins 50 ans. Cette fonte compléte s'est répétée en 2012 et 2016 (Bégin et al., 2020
; Paquette et al., 2015), suggérant une transition vers un régime de couverture de glace semi-
permanente. Le sous-sol est constitué d’un pergélisol froid dont la température a 3 m de profondeur
a été de — 14 °C en moyenne a la station météorologique SILA entre 2015 et 2019 (CEN, 2021).
La profondeur du pergélisol est inconnue a 1’1le Ward Hunt mais elle est probablement similaire
aux estimations de 600 m établies prés d’Alert a 170 km a I’est de 1’1le Ward Hunt (Smith et al.,
2012).

L’ile est bordée au sud par la banquise pluriannuelle et les restants de la plate-forme de
glace de la cote nord d’Ellesmere qui s’étendait au début du XXe si¢cle au-dela de Cape Aldrich a
I’est et qui englobait le fjord M’Clintock a 1’ouest (Antoniades et al., 2011). Les plates-formes de
glace flottantes (Ice shelf) sont formées d’une couche de glace de mer pluriannuelle sur laquelle
s’est formée une épaisse couche de glace météoritique provenant de I’accumulation de glace de

surimposée et du regel d’accumulation d’eau (Barrette et Sinha, 1996 ; Crary, 1960 ; Jeffties et al.,
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1991 ; Ragle et al.,, 1964). Le déclin progressif de la plate-forme de glace a entrainé son
morcellement. Jusqu’a la fin des années 2000, la plate-forme autour de Ward Hunt (Ward Hunt Ice
Shelf; not¢ WHIS) occupait encore le bras de mer qui sépare I’ile de la cote nord d’Ellesmere et
s’étendait sur ’ensemble de I’embouche du fjord de Disraeli (Figure 14c;d). Elle a commencé a
se fracturer et s’amincir au début des années 2000, amor¢ant une phase de désintégration rapide
avec des détachements massifs a partir de 2008 (Copland et al., 2007 ; Mueller et al., 2008 ; 2017
; Vincent et Mueller, 2020). Selon les estimations de Mueller et al. (2008), 1’épaisseur de la plate-
forme de glace a été divisée par deux, passant de ~50 m a ~25 m, entre les années 1980 et les années
2010. Au nord et a I’ouest de I’ile se trouve le dome de glace de Ward Hunt (Ward Hunt Ice Rise,
not¢ WHIR; Figure 14c;d) qui forme une petite une calotte glaciaire qui s’est formée par I’ancrage
de la plate-forme de glace sur le fond marin il y a environ 1500 ans (Braun et al., 2004). Le dome
de glace a aujourd’hui une épaisseur de 100 m en son point le plus épais. A 1’instar du WHIS, le
WHIR a connu un bilan de masse négatif depuis 1959, et particulierement depuis le début des
années 2000, amenant a une perte de ~1.68 m de glace en équivalent en eau entre 1959 et 2004
(Braun, 2017). Finalement, la cote nord d’Ellesmere au sud de Ward Hunt est parsemée de petits
glaciers de cirque, de plaques de glace et de champs de glace qui s’écoulent par des glaciers de

vallée vers les fjords (Lemmen et England, 1992 ; White et Copland, 2018).
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Chapitre 2 — Properties and stratigraphy of polar ice patches
in the Canadian High Arctic reveal their current resilience to

warm summers
Auteurs : Gautier Davesne, Daniel Fortier, Florent Domine

2.1. Avant-propos

Le chapitre 2 représente 1’intégralité d’un article soumis a la revue Arctic Science qui a été
accepté pour publication. Il est une contribution a 1’édition spéciale du programme T-MOSAIC qui
est un projet de recherche et de synthése, visant a fournir une évaluation intégrée et
transdisciplinaire de la fagon dont les régions arctiques évoluent face aux changements climatiques.
L’article présente de nouvelles données et connaissances quant aux propriétés physiques de la neige
et de la glace qui forment le systeme de plaque de glace dans le désert polaire de 1’ille Ward Hunt,
répondant ainsi a 1’objectif 1 de la thése. Deux plaques de glace ont été caractérisées en détail en
étudiant les propriétés physiques et stratigraphiques du couvert de neige et de carottes de glace.
Ces derniéres ont été analysées a partir de lames minces et de I’imagerie par tomodensitométrie
(CT-scan). La description des propriétés physiques de la neige et de la glace incluant I'analyse des
cristaux, des bulles et des sédiments a permis de déterminer les processus thermodynamiques a
I’origine de la formation des plaques de glace et de déduire un modele conceptuel de formation des
plaques de glace. Par ailleurs, les propriétés de la glace en profondeur ont permis de spéculer quant
a I’age et I’évolution sur le long terme des plaques de glace.

Citation compléte: Davesne, G., Fortier, D. & Domine, F. (2021) Properties and stratigraphy of

polar ice patches in the Canadian High Arctic reveal their current resilience to warm summers.
Arctic Science, accepté pour publication.

2.2. Résumé

Les plaques de glace sont omniprésentes dans les régions polaires et constituent un élément
clé de I'évolution du paysage. Dans cette étude, nous présentons de nouvelles connaissances sur la
formation des plaques de glace dans les déserts polaires, basées sur les propriétés de la neige et de
la glace, a 1'lle Ward Hunt (Haut-Arctique canadien, 83°N). Nos résultats démontrent que les

plaques de glace étudiées sont composées de deux unités distinctes. L'unité supérieure est
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caractérisée par une glace tres fine, riche en bulles d’air et présentant une stratification oblique. En
revanche, 1'unité inférieure est étonnamment différente avec des cristaux grossiers, une porosité
plus faible et une fréquence ¢levée de fractures. Pour les deux unités, la formation de glace
surimposée a la base du manteau neigeux saisonnier apparait comme le principal processus
d'aggradation de la glace. Les propriétés distinctes de I'unité inférieure résultent probablement
d'une longue période de croissance cinétique des cristaux de glace indiquant un age minimum de
plusieurs centaines d'années. Une date radiocarbone de 3 487+20 cal BP suggere que les plaques
de glace pourraient potentiellement remonter a 1'Holocene tardif. Cette vieille glace a récemment
été tronquée pendant les étés plus chauds entre 2008 et 2012, mais la plaque de glace a rapidement
récupéré son volume pendant les étés plus frais. Le vieil age des plaques de glace et leur capacité
de régénération rapide apres les événements de fonte importants suggerent leur résilience aux étés

plus chauds actuels.

2.3. Abstract

Ice patches are ubiquitous in Polar Regions and are a key element for landscape evolution.
We present new insights into polar desert ice patch formation based on snow and ice properties at
Ward Hunt Island (Canadian High Arctic, 83°N). Our results demonstrate that investigated ice
patches are composed of two distinct units. The upper unit is characterized by very fine granular
and bubbly ice with a clear oblique layering. In contrast, the lower unit is strikingly different with
coarse crystals, lower porosity and a high frequency of fractures. For both units, superimposed ice
formation at the base of the deep snowpack stands out as the primary ice aggradation process. The
distinct properties of the lower unit likely result from a long period of kinetic ice crystal growth
indicating a minimum age of several hundred years. A radiocarbon date of 3 487+20 cal BP
suggests that ice patches could potentially date back to the Late Holocene. This old ice was recently
truncated during warmer summers between 2008 and 2012, but the ice patch quickly recovered its
volume during cooler summers. The old age of the ice patches and their rapid regeneration after

melt events suggest their resilience to current warmer summers.
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2.4. Introduction

The cryosphere includes the terrestrial, freshwater and oceanic systems of the Polar Regions
and plays a key role in the climate system through its influence on freshwater resources, gas fluxes
and regulation of energy at various scales (Meredith et al., 2019). In the Arctic, the long-term
temperature trend shows a rapid rate of warming from 1990 to present, leading to major changes
throughout the north polar cryosphere (Post et al., 2019). This results in a wide range of
environmental and climatic effects, which have attracted increased attention on cryospheric
features. Most studies dealing with the terrestrial cryosphere have mainly considered medium-size
and large features such as ice sheets, ice caps and glaciers. In contrast, smaller ice masses received
little scientific attention because until recently their detection by remote sensing was limited by the
availability of aerial photographs or by the resolution of satellite imagery products, and field
investigations were limited. Their exclusion from terrestrial cryosphere inventories and studies
leads to a significant source of error, on the order of 10% in the total terrestrial ice volume (Bahr
and Radi¢, 2012; Colucci et al., 2021; Leigh et al., 2019) and to a knowledge gap regarding their
dynamics, their environmental effects, and their responses to short and long-term climate

fluctuations.

The term “small ice masses”™ collectively describes all perennial ice bodies at the Earth's
surface whose size is below the arbitrary threshold of 0.5 km? (Leigh et al., 2019). There is a wide
range of definitions and terms, with some focusing on the ice movement, others on the size, or the
ice origin. Small ice masses include very small glaciers, such as ice apron, glacier niche, small
cirque glacier and small ice caps (Cogley et al., 2011; Guillet and Ravanel, 2020; Haeberli et al.,
2004), and ice patches that encompass all perennial ice bodies that are not an active glacier
according to the broad definition proposed by Odegérd et al. (2017) and Serrano et al. (2011) to
which we adhere here. Ice patches consist of thin accumulations of ice generally overlaid by firn,
1.e. a metamorphized snow that survived at least one ablation season and in which the pore space
is at least partially interconnected (Cogley et al., 2011). Perennial ice patches exist continuously
for centuries or millennia while semi-permanent ice patches persist for several consecutive years
but disappear completely occasionally during warm summers (Meulendyk et al., 2012; Odegérd et
al., 2017; Woo and Young, 2014). They are thus distinguished from snow patches (also referred to
as late-lying snow patches or snowbank) which melt every summer. Ice patches are in fact
interpreted as an intermediate state in the seasonal snow patch-to-glacier continuum, making the
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semantic boundary between ice patches and very small glaciers unclear. The major criterion to
differentiate an ice patch from a very small glacier is the absence of dynamic deformations and
creep of the ice mass due to the low basal shear stress (Ballantyne and Benn, 1994; Odegird et al.,
2017). Within ice patches, Serrano et al. (2011) distinguished two kinds of ice patches according
to their origins and the resulting internal structure (i.e. ice physics and ice stratigraphy). First, “nival
ice patches” refer to ice patches created by local high accumulations of snow in favourable
topographic sites (e.g. concavities, break-of-slopes), either by drifting snow or avalanching. These
local persistent snow accumulations gradually turn into firn and ice through thermo-physical
processes, including the formation of superimposed ice in early summer and the refreezing of
meltwater in the fall (Kawashima et al., 1993). The second ice mass type, called “glacial ice
patches”, refers to ice patches formed by relict glacial ice in a paraglacial landscape during a period
of deglaciation. The ice physics and structure thus retain signs of past glacial dynamics (e.g.
features such as the deformation of glacier banding, foliations, closed or filled crevasses; Serrano
etal., 2011). In a favourable topographical context (e.g. bottom of glacial cirque, under rock wall),
glacial ice masses can be well preserved by an active snow input that leads to the development of
a hybrid system in which a nival ice patch forms on a basement made of glacier ice (Gachev et al.,

2016; Yamamoto and Yoshida, 1987).

Despite their limited individual size, ice patches are ubiquitous, making them an important
contributor to the regional and local hydrological cycle, landscape evolution and ecosystem
functioning. Across the Canadian Arctic Archipelago, where ~ 44% of the ice-free land is occupied
by a polar desert ecozone (Bliss and Gold, 1999), ice patches are numerous (Lauriol et al., 1986),
represent an important reservoir for freshwater and are a primary contributor to the hydrological
cycle of small watersheds by sustaining meltwater flow on slopes throughout the summer
(Lewkowicz and Young, 1990; Paquette et al., 2018; Young et al., 2017). Their presence is
associated with mass transfers on slopes, especially solifluction (Christiansen, 1998; Verpaelst et
al., 2017; Washburn, 1999; Wilkinson and Bunting, 1975) and affects the surface energy budget,
the ground thermal regime (Lewkowicz and Young, 1991) and biological activities involving
microbes, vegetation and animals (Gooseff et al., 2003). This wide range of implications on the
physical and biological environment highlights that ice patches deserve particular attention,
especially in the polar desert where water supplies are strongly limited, in order to understand their

response to climate change and to assess how such responses will impact water discharge,
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geochemistry, sediment fluxes on slopes and vegetation dynamics. To achieve this, knowledge on
the internal structure and basic properties of the ice (i.e. crystallography, air bubble concentration
and shape, sediment inclusions) is an important prerequisite. To date, only few glaciological
investigations have been made on ice patches and ice physics has never been investigated in detail.
Most studies were undertaken in mid-latitude mountains, since the 1970s in Japan (e.g. Kawashima
et al., 1993; Sakai et al., 2006; Wakahama and Narita, 1975; Yamamoto and Yoshida, 1987) and
more recently in Scandinavia (Hirvas et al., 2000; Odegérd et al., 2017) and in Western Canada
(Meulendyk et al., 2012). Specifically, in Polar Regions, empirical knowledge on ice patches is so
far limited to only two studies: @strem (1963) who undertook an analysis of the ice physics of
subpolar and polar ice patches in Scandinavia and on Baffin Island; and Lewkowicz and Harry
(1991) who studied a polar ice patch on Melville Island in Nunavut (Canada). Both studies
proposed an analysis of the internal structure through ice core description (e.g. porosity, sediment
inclusions) and isotopic composition. Despite those pioneering studies, large knowledge gaps
persist regarding the properties and the formation of polar ice patches. Little is known about the
different processes that lead to the formation of new ice and about the variability of the ice facies
across an ice patch. Moreover, the stratigraphy and properties of preferential snow accumulation
have not yet been investigated in the polar desert. Since the seasonal snow represents the major
input of mass to ice patch systems, snow physical properties are expected to modulate the heat and

liquid water fluxes, which in turn control the ice growth processes.

To fill these gaps and gain a deeper understanding of the processes behind ice patch
formation and its annual and pluriannual dynamic, we performed a detailed analysis of two ice
patches located on Ward Hunt Island, a polar desert site situated at the northern edge of the
terrestrial Canadian Arctic. This study addressed the question of how the seasonal snow properties
modulate the ice formation and which thermodynamic processes are involved in the transformation
of the snow to ice under polar desert conditions. The objectives were (i) to characterize in detail
the physical properties and metamorphic processes of the snowpack that feed the ice patches: and
(i1) to analyze the internal ice features (ice crystallography, bubble sizes and shapes, sediment
inclusion) and structure of the ice patches. A secondary aim was to consider these ice features in
the context of long-term and current climate variations, including the extreme warming that has
been recorded at this site over the last decade. This research is a contribution to the project

“Terrestrial Multidisciplinary distributed Observatories for the Study of Arctic Connections” (T-
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MOSAIC), which places emphasis on system-level properties, including responses of the

cryosphere to rapid warming (Vincent et al., 2019).

2.5. Study site

Ward Hunt Island (83°05'09" N, 74°06'19" W; hereinafter: WHI) is located at the northern
tip of the Canadian Arctic Archipelago (Figure 15a,b) and is characterized by a polar desert
landscape. A general description of the physiography, geomorphology and vegetation is given in
Vincent et al. (2011b). The mean annual air temperature recorded at the SILA weather station
(Figure 15¢) was — 17.1 °C for the period 2005-2019 with a monthly mean ranging between — 31.6
°C in February and 1.7 °C in July (CEN, 2021). The melting season extends generally from mid-
June to the end of August, with days below freezing where melt pauses. No long-term precipitation
data is available for WHI, but it is likely similar to the average of 185 mm w.e. year ! measured at
Alert, located 170 km to the southeast. About 90% of the total precipitation amount falls as snow
(Environment Canada, 2021). The prevailing winds blow from the south-southwest according to
measurements recorded at the SILA station from 2005 to 2019. The strongest maximum hourly-
average wind speeds have been recorded for the alongshore westerly winds with wind speeds
exceeding 20 m s ! during major storms (CEN, 2021). The persistence of high winds in winter
leads to an important redistribution of snow across the landscape that produces large
heterogeneities in snow depths which rarely exceed 40 cm on exposed terrain but can reach over

150 cm in areas of preferential accumulation (Davesne et al., 2021; Domine et al. 2018a). Unlike

Ellesmere Island, WHI has no glaciers but the cryosphere is omnipresent on the island and its
surroundings (Figure 15c¢). The sea channel between the south coast of the island and Ellesmere is
occupied by pack ice and the remnants of the Ward Hunt Ice Shelf (WHIS) that disintegrated in
summer 2011 (Copland and Mueller, 2017). The north and west coast are bordered by the Ward
Hunt Ice Rise (WHIR) (Braun et al., 2004). On the island, the largest and most conspicuous
perennial ice masses are the ice patches. Most of them are found between 20 and 50 m above sea
level (a.s.l.) along the main break-of-slope at the junction of steep faces with scree slopes below
and on the leeward concave hillslopes at higher elevations (Figure 15¢). These ice patches play a
key role as the main provider of water to the hydrological system throughout the summer, feeding
the surface and subsurface drainage network, the WH Lake and lowland wetlands. The rapid

circulation of this water via water tracks favours sediment transfers and slope denudation processes
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(Paquette et al., 2020a). On Ward Hunt Lake (WHL) a semi-perennial ice cover is present. Beneath
the ground surface, WHI is characterized by cold continuous permafrost several hundred meters
thick with a mean annual temperature of —13.5 °C at 3 m depth according to the measurements

provided by a thermistor cable for the period July 2015-July 2019 (CEN, 2021).
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Figure 15. Location of Ward Hunt Island (WHI) at the northern tip of Ellesmere Island (a, b);
WHIS: Ward Hunt Ice Shelf; WHIR: Ward Hunt Ice Rise (delimitation of the end of summer 2012).
GeoLEye satellite image (c) taken on 26 August 2011. The red squares indicate the investigated ice
patch 1 (IP1) and ice patch 2 (IP2). The GeoEYE image shows the ice patches at their minimal
extent at the end of the warm summer 2011 which was marked by the complete disappearance of
the perennial ice cover on Ward Hunt Lake (WHL) for the first time since observations began in
the 1950s (Paquette et al., 2015).

2.6. Materials and methods

This study of ice patches on WHI comprised a detailed description of (i) the seasonal snow
accumulation that feeds the ice patches and (ii) ice cores based on a combination of thin sections

and tomodensitometric (CT-scan) image analysis. This study focuses on two ice patches, named
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IP1 (Ice patch 1) and IP2 (Ice patch 2) (Figure 15c; Figure 16). These ice patches were selected
after initial field surveys and examination of a GEOEYE image taken on 26 August 2011 during a
period of substantial warming. They were chosen for their different topographic settings (i.e.
elevation, orientation, position on the slope), their different morphology, their large size and their

accessibility from the research station.

Ice patch 1 Ice patch 2
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83°05'38.39"N; 74°11'58.62"W
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Max ice thickness : 380 cm
Surface inclination: 25-30°
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Figure 16. Oblique photograph taken from helicopter showing the ice patches selected for this
study: IP1 (transverse ice patch) and 2 (circular ice patch). The snow analysis and ice coring were
undertaken in summers 2016 and 2017. The extent of the ice patches at the end of the particularly
warm summer 2011 was inferred from the GEOEYE image shown in Figure 15. Details of
snowpits, ice cores and ice samples are presented in Table S1 in the supplementary material.
2.6.1. Seasonal snowpack characterization

Snowpits were dug on both ice patches in early June 2017 (Sp/_17a and Sp2 17) before
any melting event had occurred (Figure 16). On IP1, the snowpit Sp/ 17a was compared with
another one made in early June 2016 (Sp/ 16) at the same location to study the interannual
variability of the snow properties. At IP1, an additional snowpit was dug in early July 2017
(Spl_17b), three weeks after the beginning of the melt season. This pit, made four meters away
from Spl_17a, was used to document the structure of the snowpack in an advanced melting stage
and to understand the evolution of the snow properties and the formation of basal ice throughout
the melt season. To estimate ice growth at the base of the snowpack, two graduated stakes were
inserted vertically into the snowpack down to the ice surface on IP1 in early June 2017 (Figure
16). The level reached by the newly formed superimposed ice was then read on 8 July. Data on the

snowpits and the snow analysis procedure are detailed in Appendix Al-1 (section 2.13) and

supplementary material (section 2.14; Table S1-1).
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To interpret the snow metamorphic processes that occurred throughout the cold season, the
bulk temperature gradient in the snowpack and wind speed were measured for IP1. We relied on
measurements of the air and ice surface temperature throughout the cold season 2016/17 to estimate
the temperature gradient through the snowpack. The air temperature was recorded at hourly
intervals by a sheltered sensor U22-001 (Hobo®; resolution of 0.02 °C, uncertainty of £+ 0.21 °C)
set at 1 m above the soil surface and installed 30 m off the front of the ice patch. The ice surface
temperature was recorded at hourly intervals by a data logger Trix-8 (LogTag®; resolution 0.1°C,
uncertainty of + 0.5 °C) installed 15 cm above the ice surface on a wooden pole frozen in the ice,
4 meters above the frontal edge of IP1. The height of snow measured above the sensors was 205
cm in early June 2017. The average temperature gradient (47 in K m™') was calculated using

equation 2.1:

ar=Ts—Ls (2.1)

where £ is the snowpack height, Tjs is the temperature at the snow/ice interface, T, is the
temperature at the snow surface and is assumed to be equal to the air temperature, except when the
latter is above 0 °C in which case T, is assumed to be equal to 0°C. Since T in the dark or under
low insolation was equal or less than the air temperature and given that the U22-001 sensor was on
a north-facing slope that received little insolation, the gradient calculated here 1s, therefore, a lower
limit of the actual gradient. The height of snow through the cold season 2016/17 was inferred from
the data provided by a Sonic SR50 (Campbell Scientific; resolution 0.25 mm; uncertainty = 1 cm)
installed at the SILA weather station located 1 km west of IP1 (Figure 15c). The snow gauge is
installed on a seasonal snow patch and provides reliable data to understand the snow dynamics in
a preferential accumulation site. The raw data was adjusted using a correction coefficient (x1.5) to
make the end-of-winter snow height recorded at SILA consistent with the snow height measured

in the central part of IP1 in June 2017.

2.6.2. Ice sampling procedure

The microstructural study of the ice was based on the analysis of ice cored in both patches
(see Table S1-1 for detailed information). A complete sequence of the ice body, from the top layers
to the bottom, was retrieved from IP1 (core #1) and IP2 (core #2) (Figure 16) during the 2017 field

season. The coring procedure is detailed in Appendix A1-2. For both sites, the coring location was
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selected according to Ground Penetrating Radar (GPR) surveys which allowed identifying where
the ice was deepest. Additional ice samples were collected on IP1 and IP2 for comparison (Figure
16; Table S1-1). Seasonal basal ice samples were collected at the bottom of the snowpit Sp/ 17b
(IS #1) and at the frontal margin (seasonal fringe) of IP1 (IS #2) and IP2 (IS #3) where the basal
ice was newly exposed. Ice samples were also extracted from the sides of a supra-ice channel that
drained the meltwater on IP1 (IS #4) (Figure 16). The aim was to understand the properties of the
newly formed ice to infer the transformation processes of snow to ice and to document the
consequence of water inputs to the ice transformation and recrystallization processes. All ice cores
and samples were described, measured and photographed in the field. They were then sealed in

plastic bags and kept frozen in a cold room at — 12 °C.

2.6.3. The crystalline structure of the ice

A total of 120 thin sections were made for this study. The thin section preparation, detailed

in Appendix A1-3, followed the procedure reported in Langway (1958) and @strem (1963). The

post-processing step consisted of automatically detecting the crystal boundaries using the open-
source imaging software ImageJ® (Figure 17a). The high resolution of the photography allows the
detection of crystals as small as 0.2 mm. A computation of the two-dimensional morphometrics
properties of each ice crystal detected in a thin section was performed using ImageJ (Analyze
particle function) to measure the crystal size, defined by the surface area (A, mm?) and the major
axis length (L, mm) and the crystal shape obtained by computing the roundness parameter (R)

(Appendix A1-3). We used the following crystal-size classes derived from Ragle et al. (1964): very

fine, < 5 mm?; fine, 5-10 mm?; medium, 10-50 mm?; coarse, 50-100 mm?; very coarse, > 100 mm?.
Finally, the 2D shape and organization of the crystals were studied using shape anisotropy (Gay
and Weiss 1999), which describes the elongation of the crystals in a preferential direction. It was
calculated by the ratio between the length of the crystal measured in the horizontal (Lx, mm) and
vertical (Lz, mm) planes (Figure S1-1). C-axis orientations were not determined. The major
limitation with the thin section is the impossibility to measure accurately a 3D structure with a 2D
perspective. The planar thin section randomly cuts ice crystals and their apparent shape and size
do not necessarily reflect the true values. Some methods have been proposed to correct this bias
(e.g. Alley and Woods, 1996; Gow 1969), but the most common and accepted practice in the

literature is to present uncorrected results (Coulombe et al,. 2019; Thorsteinsson et al., 1995).
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Figure 17. Investigation of the ice properties through a) ice crystal analysis using thin sections
and b) gas and sediment inclusion analysis using microtomodensitometry (CT-scan).
2.6.4. Gas and sediments inclusions in the ice

To complement ice crystallography, a description of the inclusions of air and sediment
(shapes, sizes, concentrations and distributions) trapped in the ice gives insights into ice forming
conditions (Figure 17b). The characterization of the air and sediment inclusions in both ice cores
was done with high-resolution (0.195%0.195%0.4 mm voxel volume) 3D X-ray computed
tomography scans (CT-scans) provided by a Siemens Somatom 64 scanner at the Institut National

de la Recherche Scientifique (INRS-ETE) in Québec City (Canada) (Appendix Al-4, CT-scan

images are available in open-access files; Fortier and Davesne, 2021a). Processing of the DICOM
images was performed using the ImageJ] software® following the procedure of Crabeck et al.
(2016). From the stack of images, a high-resolution sub-millimeter profile of the porosity (i.e. air
fraction) was extracted. Air fraction was expressed by the porosity (¢ in %) for a given volume of

ice (V) and was then converted into bulk density (p; in kg-m ) of the ice (Appendix A1-4; Figure

S1-2). For the ice samples IS#1 to 4 for which no CT-scan images were obtained, the bulk density
was obtained in the laboratory by cutting a disk 5 cm thick from the core for which mass was
measured with an electronic balance (resolution: 0.001g). When a sample had an irregular shape,
its gross volume was determined by submerging samples sealed in plastic bags into 2 liters of cold
water in a 20 cm diameter graduated cylinder and by measuring the water displacement

(Kawamura, 1990).
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The bubble number-density (bubbles cm™), the size and morphology of air bubbles were
computed from the three-dimensional CT images using the Icy imagery software package (De
Chaumont et al., 2012, Legland et al., 2016). The software allowed detecting each bubble larger
than the voxel resolution (0.0152 mm?) and to reconstruct their surface by triangular meshing. The
3D visualization of air bubbles into the ice, coupled with naked-eye observation of the thin sections,
was used to detect and count the fracture density in the ice cores (Figure S1-3). In addition, a 3D
morphological analysis of the air bubbles was performed using the plugin 3D-analysis that allowed
to compute the long-axis (L, mm), the volume (V, mm?), the compactness (C) and the elongation
index (EI) of each mesh (Figure 17). According to their volume, the air bubbles derived from the
CT were classified into 3 categories: micro-bubbles (V<1 mm?), large bubbles (1<V< 10 mm®) and
macro bubbles (V>10 mm?®) (Crabeck et al., 2016). The compactness is the normalized ratio
between the surface areas and the volume of a bubble and is related to the shape and the roundness
of bubbles (Zhao and Wang, 2016). Values tend to 1 for a sphere while it tends to 0 for a highly
irregular shape. The elongation index was calculated from the ratio between the largest radius and
middle radius of the bubbles. The elongation value is close to 1 for rounded bubbles and increases
for elongated ones. From those shape descriptors, air bubbles were divided into 4 classes:
Elongated cylindrical bubbles (ECb) (C> 0.15; EI> 2), Sub-spherical bubbles (SSb) (0.15< C <0.4;
El< 2), Spherical bubbles (Sb) (C> 0,4; El< 2) and Irregular bubbles (Irb) (C< 0.15; EI< 2).

The concentration of sediments (kg m>) was measured in the laboratory by cutting slices
of ice cores, calculating their volume and melting them in individual pre-weighed aluminum
containers. The samples were then dried in an oven and weighted with a high accuracy scale
(resolution: 0.001g). The measurements of sediment concentration were only made in the core
sections where sediments were visible to the naked eye. Finally, we collected a sample of material
which was a mixture of two distinct bands of sediments between 212 and 218 cm deep in core #2
(IP2) for radiocarbon dating. The sample contained organic debris, including well-preserved
fragments of moss, branches, flowers, and leaves (Figure S1-4). The sample was pretreated (HCI,
NaOH, HCI) at the Radiocarbon Dating Laboratory (Université Laval, Québec, QC, Canada) and
14C dated by accelerator mass spectrometry (AMS) at Keck Carbon Cycle AMS Facility
(University of California, Irvine, CA, USA). The radiocarbon date was calibrated with the CALIB
8.2 online program (Stuiver et al., 2021) using the IntCall3 calibration data set (Reimer et al.,
2013).
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2.6.5. Environmental monitoring

To infer the formation processes of the ice, we also relied on a set of environmental data
monitored at IP1 including time-lapse photographs, ice temperature and meltwater outflow
discharge. The time-lapse photographs were taken by an automatic camera (Spypoint® Force-11D)
installed in front of IP1 since July 2016 (Fortier and Davesne, 2021b). The ice temperature data
were measured between July 2017 and July 2019 by a chain of thermistors (resolution £+ 0.001°C;
uncertainty = 0.1 °C) at depths of 0, 50, 100, 150, 200, 250, 300 and 320 cm installed in the drill
hole of Core #1 on IP1 (Fortier and Davesne, 2021b). A white perforated PVC pipe was placed
into the borehole in which the cable was inserted. Water was then poured in and around the pipe to
set it and guarantee optimal thermal contact with the ice body. The deepest thermistor, at 320 cm,
was in contact with the bedrock. Thermistors were connected to a multichannel data logger
(Systems Smart Reader Plus 8™, ACR Systems Inc.) which recorded temperatures at an hourly

interval.
2.7. Results

2.7.1. Seasonal snow accumulation over the ice patches

The snowpack properties and vertical structure of the pits Sp! 17a, Sp2 17, Spl_ 16 and
Spl _17b are shown in Figure 18. In early June 2017, the snowpack stratigraphy shows the same
structure on IP1 (Sp/ 17a) and IP2 (Sp2_17). The upper section consisted of hard wind slabs with
density values exceeding 400 kg m~ (Figure 18a, b). These slabs were topped by a surface layer
of fresh snow made of fragmented snow crystals. In both snowpits, the proportion of faceted grains
gradually increased with depth. Below a certain height (160 cm in Sp/ /7a and 80 cm in Sp2_17),
the wind slabs exhibited an early stage of recrystallization. The grain size was slightly larger than
in the upper sections. The bottom-most layer was a thin layer of depth hoar (DH) (less than 10 cm
thick) with crystal size not exceeding 2—4 mm near the contact with the ice substratum. In both
cases, the first few centimetres of the ice surface consisted of weathered ice with loose coarse
crystals of ~5 mm in size. Specifically for the snowpit Sp2 17, a layer (~15-20 cm) of sediment
and very hard-packed snow (p; = 580 kg m~) was found just above the DH (Figure 18b and Figure
S1-5). The sediment content of this snow layer reached 10.9 £0.97 kg m. The snowpit SpI 16
dug in early June 2016 (Figure 18c) showed properties similar to Sp/ [7a made one year later at
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the same location, with the difference that in 2016 the basal DH layer was lying on a surface of

granular and compact old snow identified as firn.
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Figure 18. Graphical representation of the stratigraphy and physical properties of the seasonal
snowpack measured over perennial ice patches. Snowpits Spl_17a and Sp2 17 (a and b) were dug
on IP1 and IP2, respectively, in early June 2017, the snowpit Spl_16 (c) was dug one year earlier
(7 June 2016) at the same site than Spl_17a and the snowpit Spl_17a (d) was dug on 2 July 2017
close to the site of Spl_17a. Snow-type symbols are those used by Fierz et al. (2009) and Domine
etal. (2018a). The horizontal grey lines represent the stratigraphic discontinuities that delimit the
different layers observed in the snowpack.

On 2 July 2017, the snowpack at the snowpit Sp/ 17b was 175 cm deep including a ~15
cm deep surface layer of fresh snow added by a storm on 29-30 June 2017 (Figure 18d). At that
time, the entire profile was isothermal and consisted of unsaturated wet snow comprised of
clustered rounded grains, and snow density reached values up to 640 kg m . Within the snowpack,
discontinuous horizontal ice layers, up to 3 cm thick, and large vertical percolation channels made
of'solid ice up to 6 cm in width were present (Figure S1-6). The lowest part of the snowpit consisted
of a basal ice layer overlaid by a water-saturated layer of coarse granular snow. All the percolation
channels reached the basal ice layer. On 8 July 2017, the reading of the stakes installed in IP1 gave
a new ice layer of 27 cm and 34 cm upon the former ice surface for stakes 1 and 2, respectively.

The density of the samples of basal ice collected at the base of Sp/ 17b was 876 £19 kg m~ (n=5)
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on average (Table 1, sample IS#1) and the overall density of the snowpack, excluding the basal

ice and internal ice structures, was 534448 kg m™.

Table 1. Mean (= SD) of major axis, crystal surface area, roundness (inverse of the aspect ratio)
and density of the upper and lower section of IP1 and IP2. In addition, the same data were obtained
for the ice samples collected at the bottom of the seasonal snowpack on IP1 (IS#1), on the freshly
exposed ice near the frontal margin on IP1 (IS#2) and IP2 (IS#3), and on the side of a supra-ice
channel on IP1 (IS#4). Values in parentheses are the number of samples for which the hydrostatic
density was measured. See Figure S8 for examples of photographs of thin sections of ice samples.
X means the horizontal plan while Z means the vertical plan of ice cores.

Major Axis Surface Area (mm?) Roundness Density
(mm) (Index) (kg m?)
X 1.55£1.05 2.35+1.78 0.70+0.01
IP1 895+19
) Z 1.51+0.92 1.88+0.79 0.69+0.01
Upper section
X 1.80+0.54 2.23+3.94 0.70+0.02
- P2 884126
2] Z 1.51+0.26 2.04+2.99 0.69+0.02
(=]
bt X 7.69+2.29 43.42+25.69 0.63+0.03
~ IP1 914+3
. Z 6.22+1.92 36.13+20.67 0.64+0.02
Lower section
X 6.03+1.86 28.83+11.40 0.67+0.01
P2 901+43
Z 7.11+1.44 30.39+9.95 0.65+0.02
. IS#1 2.67+0.29 4.91+1.21 0.73+0.02 876+19 (n=5)
;2-‘. Basal ice IS#2 2.17+0.13 3.15+0.50 0.73+0.01 862412 (n=3)
% IS#3 1.58+0.34 1.66+0.66 0.75+0.01 865+14 (n=3)
= Channel ice IS#4 10.48+3.51 68.80+55.44 0.47+0.05 909+03 (n=4)

The bulk temperature gradient values in the snowpack on IP1 through the cold season
2016/17 is shown in Figure 19. Three main periods can be identified. Period 1 is short and consists
of the early cold season when a large temperature gradient (>100 K m ') developed into the shallow
snowpack (5 to 15 cm deep). Period 2 started when the snowpack became deep enough to
drastically reduce the bulk temperature gradient (<20 K m™'). These low gradient conditions
extended during most of the cold season and the gradients then approached 0 K m™' when the
snowpack started to warm up in April. At the end of the cold season, almost all of the snowpack

was at 0 °C except the very basal layer. The temperature gradient was therefore zero.

58



Period 1 Period 2 Period 3

Y 1
il ! : Sp1_17a 250
| ! J‘:V/ =

120 + ' ==l E
P ! " : 1200 §
= 10 . i p1_17b =
= ! i 150 &
= 80t : : b
c

] | g

2 60t . ' 100
@ ' i w
o 40 420 ' ]
@ | 50
5 20 410 i
= 1
NN} '
g 0 Yy : o
£

-201-10
i

-404-20 O

o
4 — Air Temp
-60+-30 £ — lce surface Temp

— Temp gradient
Snow depth

D
-80+-40

-100 4-50 .

t + } + + + + t } t
Sep-16  Oct-16  Nov-16  Dec-16 Jan-17  Feb-17 Mar-17 Apr-17 May-17  Jun-17 Jul17
Time (mm-yy)

Figure 19. Evolution of the daily air and ice surface temperature, of the daily snow depth (inferred
from the SILA station) and of the temperature gradient in the snowpack on IP1 through the cold
season 2016/17 calculated from Equation 2.1. Vertical dash lines delimit the three periods in the
temperature gradient evolution. “Sp” during period 3 shows when snow pits were dug.

2.7.2. Perennial ice properties

2.7.2.1.General ice structure of ice cores

The visual examination of the overall ice cores IP1 and IP2 (Figure 20) shows an abrupt
change in the physical parameters of the ice at a depth of 130 cm. In the upper section, the vertical
variation in ice porosity creates an interplay of milky ice and clear translucent ice facies. Some
brownish-red shaded, more or less opaque layers are also present at various intervals due to dust
and coarser sediment inclusions. Various ice facies and the sediment layers formed a series of
bands with the same inclination and orientation. They dip downward with an angle of 20 to 25° for
IP1 and 13-18° for IP2 which follows the ground surface slope angle (Figure 16). The lower
sections present a higher proportion of clear ice and are marked by larger sediment inclusions than
in the upper sections. The oblique banded pattern is less evident and absent in some parts. The
lower sections are marked by a high frequency of micro-fractures that randomly cut across the

cores (Figure 20).
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Figure 20. Physical description of the ice cores retrieved at the IP1 (a) and IP2 (D) sites. A is the
crystal surface area, D1 and D9 are 10th percentile and the 90th percentile, respectively; Lx and
Lz are the maximum length of the ice crystals for the horizontal plane (X-plane) and vertical plane
(Z-plane), respectively; pi is the ice density, V and C are the bubble volume and bubble
concentration, respectively.

2.7.2.2. Crystal size and shape

The upper section of both ice cores #1 and #2 exhibited similar ice petrography. The thin
section analysis revealed a pattern consisting of randomly-arranged very fine polygonal crystals
(Figure 20; Table 1 and Figure S1-7). The crystal size distribution is narrow (low variance) and is
nearly constant along the vertical profile. The comparison between the measurements obtained
from horizontal (X plane) and vertical (Z plane) thin sections shows an anisotropy ratio close to 1
along the upper sections, indicating no preferential elongation of the crystals. This equiaxial
character of ice crystals is also revealed by the similar high roundness values (R) for both X and Z

planes. Under cross-polarized light, the thin sections revealed a wide range of crystals interference
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colours (Figure 20), indicating that they have a randomly oriented c-axis. In the lower sections of
the ice cores #1 and #2, the crystal size is significantly higher ranging from medium to coarse size
(Figure 20; Table 1 and Figure S1-7). The variance in the crystal size is higher and the vertical
variability is much more pronounced than in the upper sections. Very coarse crystals exceeding
100 mm? are found in the sections where the ice is the most translucent. Coarser crystals are up to
500 mm? in core #1 and 230 mm? in core #2. The ice crystals have a more irregular shape and a
slight vertical elongation as suggested by the lower R values and the shape anisotropy ratio values

below 1.

The crystallography of additional ice samples is presented in Table 1 and Figure S1-8. The
basal ice collected at the bottom of the snowpit Sp/ 17b (IS#1) and in the frontal edge of IP1
(IS#2) and IP2 (IS#3) consists of very fine rounded grains. The ice samples collected on the sides
of a supra-ice channel (IS#4) are characterized by very coarse ice crystals. Larger crystals had a

major axis up to 50 mm and were mostly elongated (R= 0.47 £0.05).

2.7.2.3. Gas inclusion and density of the ice

In the upper sections of both ice cores #1 and #2, air inclusions are characterized by high
variability of sizes, concentrations and shapes (Figure 20 and Figure S1-9). Large (1 <V< 10 mm?)
and macro-bubbles (V> 10 mm?) account together for 49% and 47% of the bubble population,
respectively (Figure 21). The larger bubbles are well dispersed into the ice and they are
occasionally concentrated into thin oblique layers, which form high porosity bands (Fig. S9). The
general bubble concentration is low, especially in core #1. Examination of the morphology of the
air inclusions showed a high occurrence of irregular shapes in the large and macro-bubble
population while sub-spherical shapes dominate the micro-bubbles (V< 1 mm?) (Figure 20, Figure
21 and Figure S1-9). In the lower section of cores, the micro-bubbles predominate with 85% and
75% of the bubble population for IP1 and IP2 while macro-bubbles are mostly absent (<0.5% in
both cases). On the other hand, the average bubble number-density is higher (Figure 21). The
micro-bubbles are heterogeneously dispersed through the ice, so that no well-developed banded
structure exists. The larger bubbles are mainly concentrated in fractures, forming trains of sub-

spherical to elongated bubbles (Figures S1-3 and S1-9). The small and large bubbles are generally

elongated along the Z plane while the micro-bubbles are roughly spherical (Figure S1-9).

Translucent ice was typically associated with coarser ice crystals (Figure 20).
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Figure 21. Summary of the ice porosity, and the bubble size distribution, bubble volume and bubble
concentration in the upper and lower sections of IP1 and IP2. V is the bubble volume. The red line
in the box plot is the median, the black cross is the mean and the circles represent the outliers.

The high proportion of large and macro-bubbles in the upper sections of cores #1 and #2
led to a higher ice porosity (Figure 21), explaining density values around 890 kg m~>. The density
profiles revealed pronounced micro-scale variations. The ice with lower density (< 850 kg m™>,
Figure 20) was generally in the layer with a high proportion of macro-bubbles. In contrast, the
lower section of core #1 is marked by a very low porosity, given a high density of 914 £3 kg m>
on average. Sections of translucent ice are very close to pure ice value. For core #2, the density is
lower with an average value of 901+4 kg m~, due to a higher porosity (Figure 20 and Figure 21).
The density of the ice samples IS#1 to IS#4 is presented in Table 1.

2.7.2.4. Sediment content

Both ice cores #1 and #2 contained sediment inclusions. In the upper sections, the presence
of sediment occurred as oblique bands of suspended silty sediment into the ice (Figure 20 and
Figure 22a). Their concentrations were very low (>10 kg m™>) and their composition mainly
consisted of mineral particles, derived from local limestone and volcanic rock (Trettin 1991), in
which sparse organic fragments were observed. In contrast, the lower sections of ice cores are
marked by several compact bands of material. The sediment deposits most often consisted of thin
sheets of silty to sandy particles, sometimes mixed with organic fragments (Figure 22b) and
occasionally formed layers up to several centimetres thick (Figure 22c). The larger sediment
inclusion was found in core #1 at 190 cm depth. This consisted of a 15 cm thick layer of poorly-

sorted angular rock fragments and sand mixture bonded by ice (Figure 22d).
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Figure 22. Examples of the various forms of sediment inclusions found in the ice; a) A band of
suspended sediments at 45 cm depth in the upper section of IP1; b) A thin layer of fine-grained
sediments at 145 cm (lower section) depth in IP2; c) A 2 cm thick band of compact fine-grained
sediments at 135 cm depth (lower section) in IP2; d) A 15 cm thick band of ice-bonded gravel and
sand at 190 cm depth in IP1; e) Brown coloration of ice sample IS #2 collected in the seasonal
fringe of IP1 due to suspended very fine sediments; f) Mix of gravels and fine-grained sediments
frozen in the side of a supra-ice channel on IP1.

The hiatus in the sequence of core #1 between 130 and 140 cm corresponded to a layer of fine-
grained sediment that was lost during the coring operation. As shown in Figure 22e¢, samples of
newly-formed ice collected in the seasonal fringe of IP1 (IS #2, 0-20 cm) contained fine-grained
sediments suspended in the ice as suggested by the brown-red coloration of the ice. In the samples
collected in the supra-ice channel on IP1, a mixture of coarse gravel and sand is embedded into the
ice (Figure 22f). AMS radiocarbon dating of organic fragments found in a sediment layer
embedded in the ice at 212—218 cm depth in IP2 gave an age range of 3453—3561 cal BP (2-sigma)
with a median value of 3487 + 20 cal BP.
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2.7.2.5. Thermal regime of the ice patch and snow conditions

The mean annual ice temperature averaged over the two years of records (July 2017 to June
2019) gives a value from — 13.2 °C at the ice surface to — 11.1 °C at the ice-bedrock contact (Figure
23a). The ice surface and subsurface (— 50 cm) showed a contrasting thermal regime between the
two years, reflecting interannual variabilities in the snowpack regime and the severity of summer

ablation.
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Figure 23. Thermal regime of the perennial ice patch IP1; a) Mean monthly and annual ice
temperature profile averaged over the two years of record (July 2017-June 2019) from the 320 cm
deep borehole drilled in IP1 (Fortier and Davesne, 2021b); b) Daily evolution of ice temperature
at various thermistor depths and b) Daily evolution of the air temperature and snow depth provided
by SILA station between July 2017 and June 2019 (CEN, 2021). The snow depth dataset was
corrected by a multiplication coefficient (x1.5) to be representative of the maximal snow depth
measured on IP1.

The time-lapse photograph presented in Figure 24a shows that the surface of the ice patch
experienced an advanced stage of melting in late summer 2017 as most of its surface was exposed
ice. The following fall, the onset of a deep snowpack was late as the snow depth did not exceed
100 cm until October 29 (Figure 23c). Consequently, the ice surface cooled rapidly with the
temperature dropping to —27 °C on October 19 (Figure 23b). In contrast, in summer 2018, the ice
surface from the previous summer remained buried under the seasonal snowpack throughout the
summer (Figure 24b). In addition, significant precipitation on 24 August brought a high amount

of fresh snow early in the season (Figure 23c). This thick snowpack reduced the cooling of the ice
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body at the beginning of the cold season. These contrasted surface conditions, however, did not
have a significant effect at depth. At the contact between the ice body and the bedrock, the
temperature fluctuated from about —6 °C during the first half of September to about —15°C in mid-
June for the two years (Figure 23a,b). All depths experienced an abrupt rise in temperature in June.

The highest temperature change occurred at the surface and subsurface (—50 cm) where the daily

temperature increased by nearly 15°C within a few days to reach the melting point (Figure 23b).

Figure 24. Automatic time-lapse photographs of the ice patch IP1. Photo (a) was taken in the late
summer 2017 (2017-08-06), during which most of the ice patch surface consisted of exposed ice
after particularly warm conditions. Photo (b) was taken at the end of the cool summer 2018 (2018-
08-08) during which a thick seasonal snowpack remained over the ice surface to form a firn layer.
The red line delineates the seasonal snow extent from the exposed ice surface.

2.8. Discussion

2.8.1. Snow stratigraphy and metamorphism over the ice patches

The typical polar desert snowpack is shallow and generally <30 cm deep (Domine et al.,
2018a; Royer et al., 2021). The physical properties of this snow, such as density and microstructure,
evolve throughout the cold season according to metamorphic processes driven by meteorological
conditions — mostly wind, air temperature, and cloudiness — as well as water vapour gradient within
the snow (Colbeck, 1982). In polar deserts, the period of strong vertical temperature gradient (>20
K m!) is typically short as the soil temperature drops quickly in the early winter because of the
lack of soil moisture (Domine et al., 2018a). As a result, the depth hoar (DH) layer that formed at
the bottom of the seasonal snowpack is shallow, ranging from 25-30% of the snow column,

although significant local variations may occur depending on the spatial variability of soil moisture
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and microtopography (Davesne et al., 2021; Domine et al., 2018a; Royer et al., 2021). Later in the
season, the temperature gradient decreases as the snowpack thickens and the temperature of the
frozen soil drops (Domine et al., 2018a). Under those conditions, the wind slabs that form in polar
deserts cannot be transformed into indurated DH, so that the top layers of the snowpack are
comprised of small rounded grains showing little if any sign of recrystallization and growth (Royer

etal., 2021).

In the case of ice patches, seasonal snow evolved under markedly different conditions
(Figure 18). Our observations suggest that the end-of-winter physical properties of snow observed
on the ice patches were mainly due to wind-driven processes that determined the initial snow
structure and by the deep snow accumulation that led to snow compaction. As indicated by Figure
19, the strong temperature gradient (>20 °C m™!) was short-lived, just 3 weeks in fall 2016 (Period
1). This only allowed the transformation of the very basal layer into DH (Figure 18), the fraction
of which was typically less than 5% of the snow column. Given the high recurrence drifting snow
episodes in polar desert environments and the resulting rapid accumulation of snow on the ice patch
in fall, we consider that unfavourable conditions for the development of DH to be the rule at WHI
(Domine et al., 2018a). In the lower section of the snowpack, the weight of snow accumulation led
to further compaction by overburden pressure. This densification increased the thermal
conductivity and decreased the permeability of the snow. Both these factors combined to reduce
the temperature gradient and water vapor transport, limiting metamorphism to low-grade (Period
2; Figure 19). In the uppermost layers, snow also underwent low-temperature gradient
metamorphism (<10 K m™) during most of the cold season leading to slow sintering of the
fragmented crystals (Figure 18; Colbeck, 1982; Domine et al., 2008). The resulting snowpack,
therefore, had properties distinct from those of a typical Arctic snowpack since DH was confined
to a thin layer and the compaction increases snow density to values in excess of most values
reported in polar deserts (Domine et al., 2002; Royer et al., 2021) and also in Arctic tundra (Benson
and Sturm, 1993; Derksen et al., 2009).

In early summer, the onset of the snowmelt period brought rapid changes to the physical
and thermal properties of the snowpack. The first stage of snowmelt, known as the warming phase,
started with the onset of sustained positive air temperatures, typically during the first half of June

(Figure 19 and Figure 23b). At that time, the greater energy input to the snow surface resulted in
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increased temperature and liquid water content in the topmost layers of the snowpack. Once the
snow temperature had reached 0°C, the melting front then gradually propagated towards the base
of the snowpack, initializing rapid wet-snow metamorphism which consisted of growth, rounding,
and sintering of the snow grains (Colbeck, 1982; Pomeroy and Brun, 2001). Compaction and high
liquid water content of the melting snow raised the snow density to 550 kg m™> (e.g. Spl 17b;
Figure 18).

As the melting front progressed, the snow became wet and liquid water derived from the
melt of the upper snow layers percolated down into the snowpack (Flow fingers; Marsh, 2006).
Over nearly a month (early June to early July) the initial height of snowpack decreased by about
27% (i.e. 70 cm of snow at 500 kg m™> given 35 cm w.e.) (Figure 18). Much of the percolating
meltwater refroze deeper in the snowpack to form ice columns and ice layers (Figure 18 and Figure
S1-6) (Marsh 2006). When the percolating meltwater reached the cold and impermeable ice
substratum, the base of the snowpack became water-saturated and froze, leading to the upward
growth of basal ice as superimposed ice, similar to what occurs on Arctic glaciers (Figure 18)

(Marsh, 2006; Obleitner and Lehning, 2004; Woo et al., 1982;).

The refreezing of meltwater into the snow led to the release of latent heat that enhanced
snowpack warming as suggested by the rapid temperature increase at the snow-ice interface
(Figure 19; Figure 23b). Once the snowpack was ripe, the snow depth decreased rapidly as almost
all the energy input produced snowmelt. At depth, the percolation of the water enhanced the

progressive compaction of the snowpack that led to a density increase as summer progressed.

2.8.2. Structural characteristics and origin of the ice patches

In this section, the structure and the ice properties found in the ice patches IP1 and IP2 are
discussed and compared with similar research carried on ice patches in polar (Lewkowicz and
Harry, 1991; Ostrem, 1963), subpolar (Hirvas et al., 2000; Lacelle et al., 2009; Meulendyk et al.,
2012) and mid-latitude mountain environments (Wakahama and Narita, 1975; Yamamoto and
Yoshida, 1987) (Table 2). We also explore the potential similarities with the ice properties reported
for nearby cryospheric features, such as the Ward Hunt Ice Shelf (Jeffties et al., 1991; Ragle et al.,
1964) and the northern High-Arctic ice caps and glaciers (e.g. Meighen and Devon ice caps)
(Koerner, 1968;1970a, b; Koerner and Paterson, 1974).
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Table 2. Summary of physical properties of the ice found in perennial and semi-permanent ice
patches (modern and buried) in various environments. For the crystal shape: Eq =Equi-
dimensionnal; Poly = polygonal; Ir=irregular and El = elongated. For the bubble shape: Sh=
Spherical bubble; SSb= Sub-spherical bubble; Ecb= Elongated cylindrical bubble; Irb = Irregular
bubble. For sediment: Si= Silt; Sa= sand and Gr= gravel. References: [1] Ostrem (1963); [2]
Wakahama and Narita (1975); [3] Lewkowicz and Harry (1991); [4] Meulendyk et al. (2012), [5]
Lacelle et al. (2009); [6] Hirvas et al. (2000); [7] Yamamoto and Yoshida (1987); [8] This study.
“n.d.” means “no data’.

Environment System Crystal size  Crystal  Ice facies Bubble Sediment  Structure  Fracture Ref
(mm?) shape shape nclusion
Sub-arctic Nival  Fine (~9) Eq/Poly Bubble-rich n.d. Si Oblique no [1]
mountains M bands
Mid -lat! tude Nival  Fine (<10) n.d. Bubble-rich n.d. Si Oblique no [2]
mountains bands
Archic polar Nival  Fine n.d. Bubble-rich Sp/EcbIrb  Sito Gr Obliquo no [3]
desert bands
Sub-arctic . . . . , SitoSa  Oblique
mountains Nival Fine (~8) Eq/Poly Bubble-rich Sp/Ecb bands no [4]
. . Nival . . . . Oblique
High-Arctic (buried) Very fine (~4) Eq/Poly Bubble-rich n.d. Si bands no [1]
S“b_AH."“C le!l Medium (~14) Eq/Poly Bubble-rich Sp/SSb/Ecb Sito Sa Oblique no [5]
mountains (buried) N bands
SubArctic oy pd n.d. Bubble-rich  Sp/rb si Obliqe ) (6]
mountains bands
Hybrid
Upper  Very fine (<5) n.d. n.d. n.d. Gr Sub- no
Mid-latitude  bart horizontal
mountains bands (7]
Lower Coarse (> 100) n.d. n.d. n.d. Gr Oblique yes
part bands
Nival
High Arctic Upper  Very fine (~22) Ep/Poly Bubble-rich Sp/SSb/Irb  Si Oblique no
polar desert part . bands [8]
Lower Med. to coarse n.d. Bubble- SSb/Ecb Sito Gr No clear yes
part (~34%) rich/clear ice pattern

2.8.2.1. Ice patch stratigraphy

Both ice patches IP1 and IP2 are stratigraphically composed of two ice units, referred to as
Unit 1 (upper section) and Unit 2 (lower section). Comparison between both units revealed
contrasted bubbliness, sediment inclusion and degree of fracturing (Figure 20). In both ice patches,
the transition between Unit 1 and Unit 2 is sharp and is interpreted as a melt unconformity
corresponding to a relict ablation surface that developed during a period of net ablation. The
melting of the upper section of the ice patches caused a concentration of sediments on the surface

of the remnant ice, i.e. Unit 2 (cryoconite surface), at 135 cm depth. The resulting sediment layer
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was then buried by the aggradation of new ice, i.e. Unit 1. For IP1, the sediment layer cannot be
observed because it corresponds to the missing core section between 130 and 140 cm depth. For
IP2, the sediment layer that demarcates the unconformity is easily discernable as it represents the
thickest sediment layer in the core sequence. Comparable unconformities were reported by

Yamamoto and Yoshida (1987) within the Kuranosuke ice patch in the Japanese Alps.

2.8.2.2. Unit 1

The ice texture in Unit 1 typically consisted of randomly oriented, very fine (< 5 mm?) and
equidimensional crystals with no evidence of interlocking patterns. It gives the ice a polygonal
granular texture, typical of the ice formed from the refreezing of water-saturated snow (Koerner,
1968). The ice of Unit 1 is similar to the newly formed ice sampled on IP1 and IP2 (samples IS#1,
IS#2, IS#3). These observations are consistent with those reported for most of the ice patches
originating from a nival system listed in Table 2. In terms of air and sediment inclusions, the ice
had a bubbly-ice facies and contained sporadic thin layers of suspended silt (eolian dust) as well as
some compact bands of sediments including coarse particles. Such inclusions and the resulting
well-developed oblique banded structure are also common to most nival ice patches (Table 2)
(Lewkowicz and Harry, 1991; Meulendyk et al., 2012; Ostrem, 1963). Based on our results and
comparison with previous studies, we therefore propose that the bulk of Unit 1 originated from the
aggradation of superimposed ice which is the dominant process in nival ice patch systems of Polar
Regions due to the large cold content of the ice bodies. Regionally, superimposed ice is also known
to be widespread in the upper strata of Ellesmere Island ice caps (Meighen and Devon ice caps)

and of the Ward Hunt Ice Shelf (Jeffries et al., 1991; Koerner, 1968; 1970a; Ragle et al., 1964).

2.8.2.3. Unit 2

Unit 2 exhibits contrasting properties in terms of crystallography and ice structure
compared to Unit 1 and stands out by some specificity compared to typical ice that composed nival
ice patches (Table 2). Firstly, the entirety of Unit 2 is made of medium to coarse ice crystals (15
to 20 times larger than in Unit 1, with no layer of very fine crystals. Secondly, it has a low
proportion of large and macro bubbles which have an elongated shape. Clear-ice layers are also
present. This contrasts with the bubbly ice and its whitish appearance observed in Unit 1. Finally,
the presence of micro-fractures was not observed in Unit 1 and they are normally absent in ice
patches originating from a nival system (Table 2).
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In order to clarify the ambiguous origins of the ice that forms Unit 2 of both IP1 and IP2,
we explore two main hypotheses: glacial origin and nival origin. In the hybrid system of ice
patches, relict englacial ice serves as a basement for meteoric ice aggradation (Sakai et al., 2006;
Yamamoto and Yoshida, 1987). Even if the ice of Unit 2 shares some characteristics with englacial
ice (large crystals), there are two major objections to this interpretation. First, there is no evidence
to support the presence of a glacier at WHI during the last maximum glacial extent, attained around
11 000 BP on Marvin Peninsula just south of WHI, because the severe aridity considerably limited
the ice extent during the Wisconsinian (Lemmen and England, 1992). Second, even if the presence
of very local ice caps on WHI cannot be excluded during cold periods, as is still the case with the
ice rise (Braun et al., 2004), we suggest that the ice patches most likely remained stable in size.
Both investigated ice patches indeed could not grow into glacial systems because they are
topographically constrained (Glazirin et al., 2004). This hypothesis is supported by the absence of
field evidence of a former greater extent of the ice patches in their frontal zones, such as protalus
ramparts, pronival ridges or moraines (Ballantyne and Benn, 1994; Hedding, 2016). For these

reasons, the nival origin of Unit 2 is supported.

If Units 1 and 2 originate from the same processes, how to explain the difference in ice
properties between them, especially regarding crystal size? Our interpretation is that two crystal

growth processes, one rapid and one slow, may be involved in the formation of Unit 2.

The rapid process is related to water freezing on or within ice patches. On IP1, ice samples
#4 collected from a supra-ice channel (Figure S1-8) illustrates this process well. The refreezing of
the water in the melt channels leads to the local formation of clear ice depleted in bubbles and with
large and elongated crystals, similar to columnar ice (e.g. lake and pond ice; Jeffries et al., 1991;
Koerner and Paterson, 1974). Melt/freeze recrystallization is also involved in ice crystal growth on
ice surfaces exposed to melting as demonstrated by the coarse crystals found in the weathered ice

at the surface of the ice in the frontal edge of IP1 in July 2017 (Figures S1-10 and S1-11). Under

current conditions, these rapid ice growth processes are localized, but they may have been more
intense during past warmer periods, thus forming sequences of coarse ice layers. This hypothesis
i1s supported by the presence of compact layers of sediment in the ice interpreted as ablation
surfaces (Figure 20). These were often present above bands of ice with elongated bubbles that

indicate the continuous expulsion of air from the supersaturated meltwater during freezing between
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the larger crystals. Slow freezing of water and slush accumulation in fall could also explain the
layers of clear ice with coarse crystals (e.g. between 200 to 250 cm in Unit 2 of IP1; Figure 20a

and Figures S1-9 and S1-13). Water freezing and melt-freeze recrystallization, however, did not

affect all ice layers in Unit 2 because large sections show no evidence of this rapid ice growth,
especially in Unit 2 of IP2 (Figure 20b). Therefore, another process must be involved to explain

the coarser ice crystals.

In the absence of compressive stress, a slow steady growth of ice crystals occurs as a
function of time and temperature following the normal grain growth law (Cuffey and Paterson
2010; Gow, 1969). This coarsening process is driven by the reduction of the total grain boundary
energy and is recognized as an important process of recrystallization of firn and ice on glaciers and
polar ice caps (Duval, 1985; Gay and Weiss, 1999; Gow, 1969; Montagnat et al., 2009). The grain
size of Unit 2 of the ice patches is most likely the result of a much longer period of kinetic crystal
growth. Based on this interpretation, the approximate age of Unit 2 could therefore be estimated
from the crystal size of the sections showing no evidence of water freezing and melt-freeze
recrystallization (e.g. Figure S1-14). The mean annual growth rate X (mm? a™!) was calculated using

the mean monthly ice temperature measured on IP1 (Figure 23a) (see Appendix Al-5 for the

calculation). In Unit 2 of IP1, k was on average ~4.8x107> mm? a™! for July 2017 to July 2019
(Figure S1-12). Since the ice temperature was not measured in IP2, the same & values as for IP1
were used. Assuming that the initial ice was similar to the "young" superimposed ice of Unit 1, the
estimated age of the ice is shown in Figure 25. In the core sections of Unit 2 not affected by rapid
ice growth, it would have taken ~ 500—1 000 years to reach the observed average crystal sizes in
the sections. This estimated age represents a lower limit of the actual age because particles and air
bubbles “pin” grain boundaries and stop or at least considerably retard their motion and hence grain
growth (Figure S1-14; Cuffey and Paterson, 2010; Durand et al., 2006). The vertical variability in
crystal size along Unit 2 may be explained by different concentrations of impurities and bubbles
that would lead to variations in the extent of grain boundary pinning. This explains that layers with
the highest concentration in bubbles and sediments in Unit 2 generally are those with the finest
crystals and hence the youngest apparent age. A further age underestimation can also be caused by
the fact that present-day ice temperatures are likely much warmer than during the late Holocene.
To evaluate the impact of colder temperature, we ran our age calculation assuming temperatures

2°C colder and the ages were increased by ~250 years for the bubbly ice layers (Figure 25).
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Figure 25. Vertical variation of the estimated age of the ice derived from the normal grain growth
law in solid-phase for Unit 2 of the ice patch IP1 (a) and IP2 (b). The black curve represents the
age profile at current ice temperature (see Figure 23) and the blue curve represents the age profile
with ice temperature 2°C colder than today. The grey bands indicate core sections with clear-ice
facies where ice crystal size is partly the result of water freezing processes.

As the hypothesis of a glacial origin has been rejected, we consider that the fractures in Unit
2 are most likely the result of the thermal contraction and cracking of the ice when it undergoes
rapid temperature change which is concordant with their random orientation (Fortier and Allard,
2005; Shumskii, 1964, p. 305;). This process is expected to occur in the early cold season when the
exposed ice surface cools rapidly before being covered by a deep snowpack (e.g. fall 2017; Figure
23). These micro-fractures are later filled in spring by percolating meltwater which freezes rapidly
to form ice veins with a high concentration in very fine bubbles (Figure S1-3). These fractures are
present exclusively in Unit 2 which implies that such conditions have not occurred since Unit 1 ice
formed. This supports the assumption that Unit 2 would have experienced a period of strong
ablation during which the ice surface was frequently exposed in late summer. Furthermore, the
high frequency of fractures in Unit 2 indicates that this ice has undergone several episodes of

cracking, providing further evidence that Unit 2 is much older than Unit 1.
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2.8.3. Mechanisms of the ice formation

In this section, we propose a conceptual model for the ice growth processes and sediment
incorporation in the polar ice patches (Figure 26) based on our observations made at WHI and the
existing literature. Ice patches and their seasonal snowpacks together form a complex system in
which snow and ice interact and coevolve. From this point of view, the processes involved in the
aggradation of ice in ice patches are similar to what has been observed on Arctic glaciers in the so-
called “superimposed ice zone” located above the equilibrium line (Koerner, 1970b; Obleitner and
Lehning, 2004). Ice formation by refreezing is triggered by two distinct mechanisms that develop
under different thermodynamic processes, and hence produce different kinds of ice. The first one
is the refreezing of meltwater at the base of the snowpack over an ice mass in spring/summer to
form superimposed ice and the second is the refreezing of soaked firn or weathered ice surface

early in the cold season.

2.8.3.1. Superimposed ice ageradation

On WHI, as in polar regions in general, the formation of superimposed ice occurred
exclusively in summer since the air temperature remains continuously below 0 °C between mid-
September to mid-June (Figure 19; Figure 26a). The ice growth starts early in the melt season
during the warming phase of the snowpack (Figure 26b). At this stage, the cold content of the
snowpack and the underlying ice was sufficiently high that all meltwater refreezes throughout the
snowpack (ice structures) and at the snow/ice interface (superimposed ice). The process thus
consists of a mass transfer without mass loss at the scale of an ice patch system (assuming
sublimation is negligible). In an advanced stage of the warming phase (Figure 26c), the melting of
the seasonal snowpack and snowbanks over upslope terrains can provide substantial input of
meltwater into the ice patch system. As the ice patches overlie continuous permafrost (i.e. cold-
based ice patch; Figure 23) no infiltration under the ice body is possible. This meltwater is thus
forced to flow on the ice surface (Ballantyne, 1978). Much of this additional water is converted

into superimposed ice and thus constitutes a net mass gain.
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Figure 26. Conceptual model of ice aggradation on a polar ice patch system: a) Seasonal snow
accumulation at the end of the cold season; b) Early stage of warming phase; c) Advanced stage
of warming phase; d) Ripening phase; e) End of the melt season after a strong ablation resulting
in the complete disappearance of the seasonal snow (case 1); f) End of the season after weak
ablation resulting in the persistence of part of the seasonal snow layer that forms firn layer with
the fall freeze-back (case 2).

Assuming a high degree of wetness in the basal snow layers in the early summer, we suggest
that the properties of the superimposed ice are mainly related to the size and the number density of
snow grains of the original snow (Koerner, 1970a; Shumskii, 1964, p. 295). Snow grains indeed
act as nuclei from which the new crystals form. This secondary ice growth is constricted to the
available pore space between pre-existing snow grains. At the bottom of the seasonal snow, the
shallow depth hoar layer is made of rather large and spaced crystals so that it is expected to form a
discrete (few centimeters) superimposed ice layer with fine to medium ice crystals and with large
air bubbles. Above the depth hoar, the fine-grained nature of the seasonal snowpack predisposes
to form superimposed ice with very fine equiaxed, randomly oriented ice crystals and with fine air
bubbles. Due to the rapid freezing of meltwater within the cold snow, snow grain coarsening by
wet metamorphism is limited in early summer. The vertical variation of the air bubbles
concentration and size that forms the banded structure likely reflect short-term fluctuations in the

freezing rate and the degree of soaking of the snow throughout the melt-freeze period (Lewkowicz
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and Harry, 1991) as well as the discontinuities in the snow stratigraphy, especially the transition

between the basal depth hoar layer and upper finer snow (Figure 18).

The phase of superimposed ice aggradation is associated with the incorporation of
sediments that appear suspended in the ice. This process is syngenetic when the sediments have a
niveo-aeolian origin (Figure 18 and Figure 27a, Figure S1-5) (Lewkowicz and Young, 1991).
Sediment incorporation can also be epigenetic in the case of ice patches that collect upslope runoff,
percolating through the snow porosity (Figure 27b). Due to its fine porosity, the snowpack acts as
a filter that only allows finer sediments to be transported by intranival flows (Figure 27¢c) while
coarser material remains temporarily trapped in the inlet at the upslope margin of the ice patches
(Figure 27d,e and Figure S1-15). Because the snow-ice interface is still cold, part of this meltwater
with high suspended sediment loads re-froze into superimposed ice. The filtering effect of the
snowpack only occurred for a brief interval of time, because rapidly, channelled flow took place at
the snow-ice interface forming slush flows and subnival pipes (Figure 27¢). During the ripening
phase, the supra-ice streams may incise superimposed ice by thermal erosion and can carry a
substantial amount of coarse and angular slope material (bedload transport) that accumulates and

freezes in the ice channels (Figure 27f and Figure S1-15).

Conditions at WHI can sustain a long period of superimposed ice growth. First, the ice
patches are covered by deep snowpacks that persist over much of the melt season and whose high
density gives it a high thermal inertia (Colombo et al., 2019). In summer 2017, it resulted in a lag
of 15 days between the time when the air temperature turned positive and the time when the snow-
ice interface reached 0 °C (Figure 19). This lag was 21 and 20 days in June 2018 and 2019,
respectively, according to borehole data (Figure 23b). Second, the combination of meltwater input
derived from in situ snowpack and from upslope runoff brings a high rate of water supply to the
ice patch system. Third, the extreme polar winter and the cold permafrost produce low temperatures

of the ice body, even under the deep seasonal snowpack (Figure 23b,c).
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Figure 27. Observations of sediment deposits on ice patches IP1 and IP2. a) Niveo-aeolian
deposits emerging on the seasonal snow surface over IP2 in mid-June 2017; b) Fine-grained
sediment retained in the snow porosity (filtering effect) and incorporated in the superimposed ice
in the downslope edge of IP1 at the end of June 2019, ¢) Zoom in on the newly formed superimposed
ice (black square in b) where entrapped fine-grained sediment are visible; d) Silty-sand deposits
(up to 5 cm thick) in the inlet of a rill flow in the upper edge of IP1 due to snow filtering (early July
2019); e) Slush flow transporting silty to coarse sandy material over the ice surface of IP1 (mid-
July 2019); f) Streamflow carved in perennial ice revealing large pebbles incorporated in blue ice
(site where the sample IS#4 was collected).

During the ripening phase (Figure 26d), the aggradation of superimposed ice gradually
slows down as the cold content of the underlying ice surface was depleted due to latent heat
absorption (Obleitner and Lehning, 2004). We can estimate from the borehole data that when
subsurface ice temperatures at 50 cm depth reached values close to 0°C, the cold content of the
upper layers of the ice body may have become too small to sustain the superimposed ice growth
(Boggild, 2007). In summer 2017, it occurred around 25 July, namely 31 days after the snow-ice
interface reached 0 °C (Figure 23b). Our measurements indicated the growth of superimposed ice
was rapid since ~ 30 cm of new ice was formed on 8 July. During the summer of 2018 (Figure
23b), the temperature at 50 cm depth reached a brief thermal peak of — 1 °C around July 20 before

decreasing again so that the ice formation process likely occurred throughout the summer.

71



2.8.3.2. Late-season processes

Late summer conditions on ice patches are highly variable depending on the severity of
ablation that will lead to the complete disappearance or not of the seasonal snow. This is critical in
the ice formation processes that occur during freeze-up in the fall. The two possible scenarios have
been observed (Figure 24). In summers with significant ablation (Case 1; Figure 26¢), newly
formed superimposed ice or old ice from previous summers is exposed at the surface as most of
the snowpack has melted (e.g. summer 2017, Figure 24a). Due to high levels of solar radiation and
above-freezing air temperature, the exposed ice surface gets weathered and forms a crust a few
centimetres thick composed of porous ice with loosely interlocking crystals, whose size is generally
coarse due to melt-freeze metamorphism (Figure S1-10). Melting of the snowpack and
superimposed ice resulted in a concentration of the sediments they contained upon the melting ice
surface in the form of a thin sheet of fine material (Figure 24a). Locally, coarser deposits have also
formed associated with sediment inputs from the upslope section of the ice patches by small mass

movements.

Conversely, when the ablation is low (Case 2; Figure 26f), the end-of-summer ice patch is
still covered by a significant layer of snow and the ice is only exposed at the edges (e.g. summer
2018; Figure 24b). The remaining snowpack is typically composed of coarse granular snow due
to prolonged wet metamorphism and multiple freeze/thaw cycles it had undergone (Figure 18c).
When the soaked firn freezes at the beginning of the cold season, this results in the formation of a
layer of consolidated firn (Cogley et al., 2011; Fierz et al., 2009) on top of which the new seasonal
snow layer will settle (e.g. Spl_16).

2.8.4. A long-term preservation of ice patches at WHI?

Although more research is needed to establish an accurate history of ice patches at WHI,

some assumptions are proposed here based on our results and local paleoclimatic indicators.

2.8.4.1. Unit 2: an old basement

The “C age of ~ 3 500 years BP from a sample collected at 212—218 c¢m in Unit 2 of IP2
gives an interesting insight into the potential existence of old ice patches. This result must be
considered carefully, however, because it cannot be excluded that the dated carbon was remobilized

from a source of old carbon by wind or surface runoff before being deposited on the ice patch
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(Lewkowicz and Harry, 1991). As IP2 is at the top of the slope, no runoff comes from the upslope,
so all sediment layers are aeolian deposits. The dated sample included fragments of organic
material of various sizes and nature (e.g., branch, flower, moss) and from two distinct successive
layers (Figure S1-4), yet the '*C age standard deviation is low which suggests that the dated
fragments are nearly contemporaneous. Based on the “C age and the age estimated from normal
ice crystal growth law, the latter being a minimal age, we feel the most likely age is that provided
by the “C dating. Regardless of the uncertainties, the ages obtained by both methods indicate the
existence of old ice patches at WHI and demonstrate that ice in Unit 2 is much older than that in
Unit 1. This confirms that the distinct physical properties of the ice between Units 1 and 2, and the

relict ablation surface between them reflect a hiatus in the chronostratigraphy of the ice patches.

The estimated old age of the ice patches implies their continuous existence since the Late
Holocene (Meghalayan 4 200 BP to the present) and that they survived subsequent warm periods
(e.g. the Medieval Warm Period between 1 100 to 7 00 BP; Werner et al., 2018). This is consistent
with other regional cryospheric and paleoclimatic records. Bradley (1990) demonstrated a decrease
in summer temperature in northern Ellesmere over the last 3 500 years which correlates with a
decline in driftwood after 4 500—3 000 BP along the northern coast of Ellesmere Island as reported
by Koerner and Paterson (1974) and Lyons and Mielke (1973). This period was marked by the
onset of more severe ice conditions leading to the development of ice shelves, including the Ward
Hunt Ice Shelf (England et al. 2017; Lyons and Mielke, 1973). The long-standing presence of the
ice patches is also indicated by their resistance to the recent regional warming which has brought
temperatures to a level not seen in the Arctic for at least 4 000 years (Fisher et al, 2012; Lecavalier
etal., 2017). The potential old age of ice patches at WHI is consistent with radiocarbon age reported
for subarctic ice patches existing under a warmer climate from similar nival system in Northwest
Territories (e.g. 4 400 years BP; Meulendyk et al., 2012) and Yukon (e.g. 4 700 years BP; Farnell
et al., 2004).

2.8.4.2. A recent formation of Unit 1

With the modern climate warming that accelerated after the 1990s (Post et al., 2019), strong
ablation years truncated the ancient Unit 2 of ice patches. At WHI, a major melt event could be
tied with a series of warm summers from 2008 to 2012 (Figure S1-16) which considerably

accelerated the shrinkage of the local cryosphere. It led to the complete disappearance of the
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permanent ice cover on the Ward Hunt Lake for the first time in at least 60 years (Figure 15c;
Paquette et al., 2015), the disintegration of the WHIS (Mueller et al., 2017; Vincent and Mueller,
2020), and recorded low minimum sea ice coverage (Fetterer et al., 2017). Despite a pronounced
ablation, most perennial ice patches at WHI surprisingly survived these exceptional summers as
shown by the GEOEYE image taken on 26 August 2011 presented in Figure 1c. After 2012, the
remaining ice from Unit 2 of IP1 was then buried by Unit 1 that aggraded as a result of cooler
summers, especially in 2013 and 2014 (Figure S1-16). Part of this newly formed ice likely melted
in summer 2016, the warmest since the temperature measurements began at WHI, the warmest year
in the climate record at Alert (Figure 15a). Considering that Unit 1 was still 135 cm deep when
coring work was done in July 2017, we can infer that the depth of new ice formed between 2013
and 2015 probably exceeded 150—200 cm. This rapid regeneration of ice patches after a major
ablation event highlights their current resilience to warm summers. The deep snowpack and upper
ice layer of ice patches act as a buffer layer that is truncated during warm summers but new
superimposed ice rapidly aggrades again during years with cooler summers, so that the older and
deeper ice remains preserved. This cycle of strong ablation/regeneration is primarily controlled by
the topography which in turn controls the annual snow recharge of the system. Glazirin et al. (2004)
described a regulating mechanism in which strong ablation events free up space in the topographic
niche where the ice patch had formed allowing for greater accumulation of drifting snow during
the following winter, and conversely. This control of the topography and associated feedback is
the key explanation of the long-term existence of the ice patches and the partial decoupling of their

mass balance from climate trend (Fujita et al., 2010; Lewkowicz and Harry, 1991).

Despite their current resilience to climate change, the expected continuation of temperature
warming and the multiplication of exceptionally warm summers could soon become critical for the
preservation of the ice patches at WHI that could quickly lose their perennial status to become
semi-permanent ice patches or even seasonal snow patches. This shift has already occurred further
south, at Resolute Bay (Figure 15a) where the summer temperature (JJA) was 2.9 °C warmer than
at WHI over the period 2006-2019 (Figure S1-13) and where most of the perennial ice patches and
snowbanks have completely melted after the summers of 2011 and 2012 as reported by Woo and
Young (2014). At this time, it is not known what summer temperature threshold would be critical
for the preservation of ice patches and how winter snow supply and summer ablation will evolve.

Since their disappearance will lead to major hydrological and ecological changes in polar deserts,
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monitoring of the ice patches and a more detailed understanding of their current and projected

functioning appears as an objective of high importance for the understanding of Arctic change.

2.9. Conclusions

This study yielded a unique dataset of the physical properties of perennial ice patches in the
polar desert landscape of Ward Hunt Island (WHI), providing new insight into the formation

processes and behaviour of these small poorly-studied ice masses.

Our results showed that the seasonal snowpack that accumulated on the ice patch exceeded
2 m at the end of the winter and had a high density due to the combined effect of compaction and
the absence of high-temperature gradient metamorphism. Below, the ice body was composed of
two unconformable ice units with different properties in terms of ice texture and structure. The
upper unit exhibited ice with fine, equidimensional ice crystals, as well as bubbly-ice facies and
sporadic thin layers of fine-grained sediments creating a vertical banded structure. This ice
resembled in all aspects the superimposed ice observed in other polar and mountain ice patches as
well as glaciers. The ice of the lower unit differed substantially from that of the upper ones and
from the ice of typical ice patches from nival origins by the coarseness of the crystals, the lower
porosity, the absence of well-defined oblique layers, inclusions of coarser sediments and the
presence of many fractures. We proposed that most of this ice was also superimposed ice with a
few layers interspersed showing evidence of water or slush freezing and melt-freeze
recrystallization inherited from periods of strong ablation. The coarse crystals observed in layers
identified as superimposed ice suggest that the lower unit would have evolved over a long period

by temperature-dependent crystal growth.

We have developed a conceptual model of the functioning of a snow-derived ice patch
system in a cold permafrost environment. The model explains the multiple steps of ice aggradation
throughout the summer and represents the interactions between snowpack, upslope input in water
and sediment, and the perennial ice body. We emphasized that the properties of the seasonal snow
where the superimposed ice formed, such as temperature, microstructure, density and permeability,
have a great influence on sediment retention, meltwater percolation and the refreezing rate which
ultimately determine the texture and structure of the ice. Our results showed that the phase of the
superimposed ice aggradation can last more than a month due to the high cold content of the ice

and snow body which results in the formation of several decimeters of new ice every summer. In
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warm summers, much of the seasonal snow melts and newly superimposed ice gets exposed to
melting and weathering processes. In cooler summers, a snow layer persists over most of the ice
patch surface and forms a consolidated firn layer with the subsequent fall freeze-back. As such, the
seasonal and interannual evolution of surface conditions of the ice patches and the ice aggradation

processes involved are similar to what occurs near the equilibrium line of a polar glacier.

From the '*C dating and the estimated age based on the normal crystal growth law, we
inferred that the ice of the lower unit has existed continuously during most of the last Holocene
period (Meghalayan 4 200 to the present). The establishment of favourable conditions for the ice
patch development at that time is consistent with the evolution of the climate and cryosphere on
northern Ellesmere Island. With the recent climate warming that accelerated since the 1990s, strong
summer melt events became recurrent. Old ice unit were thus probably truncated recently by a
major ablation event associated with a series of warm summers between 2008 and 2012. New ice
then aggraded on the old ice during a subsequent brief cooler period. This rapid regeneration of ice
patches after a major ablation event highlights their current resilience to warming due to regulating
mechanisms related to topography and the ice patch shape. However, even though ice patch
systems seem partially decoupled from medium- and long-term climate fluctuations, we expect that
the predicted further warming will bring critical conditions for their survival, thus ending several

centuries to millennia of continuous presence at WHI.

The long-term preservation of the polar ice patches identified in this study is a particularly
important issue for the polar desert hydrology and the stability of the morpho-hydrological system
that depends on it. This question therefore needs to be further explored through new dating work
and research on the mass and energy balance of ice patch systems to better understand their

response to climate and environmental changes in the past, present and future.
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2.11. Appendices Al

Appendix Al-1: Snow pits

All snowpits were dug down to the perennial ice surface. For each of them, a snow face was
opened on about 1.5 m wide where the measurements were made. The snow stratigraphy and the
physical properties (density, grain size and shape, and temperature) were analyzed in-situ following
the procedure of Domine et al. (2018a) and Fierz et al. (2009). The snow density (ps, kg m™) was
measured by collecting snow samples with a 10 cm vertical resolution using a metal cylinder of
224.1 cm? for horizontal sampling. The samples were weighed in the field with an electronic high-
precision scale (resolution: 0.1 g). The mass was then converted into density. Snow temperature
was measured at the same vertical resolution as density using a handheld thermistor thermometer
HHA41 (uncertainty + 0.015 °C; resolution 0.01 °C; Omega®). The average grain size (E, mm) and
shape were determined in the field by placing a sample of snow on a black millimeter-gridded

crystal card and examining it with an 8x magnifying glass.

Appendix A1-2: Drilling procedure

The ice cores were retrieved using a 75 mm inner diameter SIPRE-corer driven by a Stihl®
powerhead. The coring was made vertically. The SIPRE-corer was able to drill through bands of
ice with a high content of fine-grained sediments. When a drilling refusal occurred because of a
coarser sediment layer (i.e. gravel, blocky material), the SIPRE-corer was changed to an 82.5 mm
diamond carbide core barrel. The bottom of the ice patches was considered to be met when the

corer extracted large pieces of rock or frozen soil interpreted as the bed of the ice patch.

Appendix A1-3: Thin section procedure

Thin sections were prepared from 10 mm thick slices of ice cut horizontally, every 10 cm,
and vertically, every 20 cm, in the ice cores using a band-saw. For the ice samples, IS#1 to IS#4, 4
thin sections per sample were made. Ice slices were then frozen on glass plates of 10 cm? by
injecting droplets of near-freezing water on the edges of the samples to create a thin ice bond. The
last step consisted of thinning the ice slices to 0.2-0.5 mm using a manually driven microtome
(Leica™). The thin sections were then placed between two cross linear polarizing filters

illuminated from below by a light table. Due to the birefringence (i.e. double refractivity) of the
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ice crystals and their variable c-axis orientation along which the light is transmitted, individual ice

crystals appear in different colors and brightness.

The thin sections were first photographed with transmitted light to detect the gas/sediment
inclusions and fractures. Then, they were photographed under cross-polarized light to reveal
crystals. A single image is often not sufficient to clearly distinguish all individual crystals because
an individual crystal could remain dark for a certain angle and being illumined from another (Gay
and Weiss 1999). For this reason, a total of 5 cross-polarized pictures were taken at 0, 45, 90, 135
and 180° while the thin section stays fixed with respect to the camera. The post-processing step
consisted of automatically detecting the crystal boundaries using the open-source imaging software
ImageJ (Figure 17). A semi-automatic segmentation, based on watershed flooding algorithms, was
performed using the ImagelJ plugin MorphoLib (Legland et al., 2016). The high resolution of the
photography allows the detection of crystals as small as 0.2 mm. The output raster files of grain
boundary networks were converted to shapefile (polygons) in ArcGIS (Esri™) and then manually
cleaned when necessary. The main error inherent to the automatic detection of crystal boundaries
is the clustering of contiguous crystals in the same polygon when they appear in the same color
tone (similar c-axis orientation). In this case, a careful analysis of the thin section with the naked
eye allows applying a correction. When contiguous crystals have their c-axis perpendicular to the
thin section, they remain dark whatever the viewing angle. In this case, the best way to reduce the
error is to remove them as suggested by Gay and Weiss (1999). The corrected images are then re-
imported to ImageJ and the two-dimensional morphometrics properties of the ice crystals that
compose a thin section were computed. The size of each crystal was measured by the surface area
(A, mm?) and the major axis length (L, mm). The shape (elongated, rounded, subrounded) of the
crystals is analyzed by computing the roundness parameter (R) which takes into consideration the
major axis of the best fit ellipse (Zhao and Wang, 2016). The lower the value, the more elongated
the shape is.

Appendix A1-4: CT-scan technology and image analysis

CT-scans were obtained by a Siemens Somatom 64 scanner at the Institut National de la
Recherche Scientifique (INRS-ETE) in Québec City (Canada). This is a non-destructive tool that
preserves the integrity of the sample. This technique has already been used to analyze lake ice, sea

ice (Crabeck et al. 2016) and permafrost (Coulombe et al., 2019). The cores were scanned from top
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to bottom, providing transverse and longitudinal slices images that create a three-dimensional
“stack” of images after compilation. The pixel resolution of each horizontal (X) and vertical (Y)
image was 0.195 x 0.195 mm giving a two-dimensional pixel resolution of 0.038 mm?. Each slice
integrated a thickness (Z) of 0.4 mm, making the voxel resolution of 0.0152 mm?. The output of
the scanning is a set of DICOM 16-bit greyscale images representing a 3D reconstruction of the
cores with a high degree of accuracy. The pixel value, expressed in Hounsfield units (HU),
represents the linear attenuation of the X-ray which depends on the density of the material. Lower
density materials (i.e. gas) appear in darker tones while lighter tones indicate higher density

material (i.e. ice, sediments).

The processing of the images first consisted of converting them into binary images. The
manual adjustment of the segmentation threshold made it possible to detect air bubbles larger than
0.2 mm in diameter (Crabeck et al., 2016). It provided a high-resolution sub-millimeter profile of
the air fraction, expressed by the porosity (¢ in %) for a given volume of ice (V). Then, the bulk
density (p;, kg-m™) of the ice was calculated using the equation A1-1 (Kawamura, 1990):

p=(-9)p, (Al-1)

where p; is the density of the pure ice (free of air and sediment) at 0 °C (916.8 kg m™). The
values of bulk density derived from CT images were then validated with laboratory measurements
based on weighing samples of known volume. We found good agreement between both methods

(Figure S1-2).

Appendix A1-5: Calculation of ice crystal kinetic growth

A mixture of grains with a given size distribution evolves naturally, the driving force being
the reduction of interface energy. This process has been documented for grains in a solvent or air
where it is known as Ostwald ripening (or coarsening) (Ostwald, 1901). Interface energy
minimization also applies to a solid formed of grains such as ice in ice sheets (Durand et al., 2006).
In the absence of non-hydrostatic stress, ice crystals grow by recrystallization following a
temperature-dependent rate (Gow, 1969). This normal grain growth law to describe this process is

expressed by (Cuffey and Paterson, 2010):

A=A, +kt (A1-2)
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where 4 is the mean surface area of crystals (mm?) at time #; Ao is the initial surface area; k
is the growth factor (mm? a™!) which has an Arrhenius temperature dependence. Considering that
the initial ice is superimposed ice, we assumed A4y is equal to the average value of crystal size found

in Unit 1. k£ was calculated as follow (Cuffey and Paterson, 2010):

ke = kye @' (A1-3)

where Q is the activation energy, ko is the pre-exponential factor, R is the gas constant
(8.314 j K™ mol™!) and T is the absolute temperature (Kelvin). The activation energy is generally
inferred by plotting In(k) as a linear function of 1/7. Compilation of published values of k reported
by Cuffey and Paterson (2010), Duval (1985) and Jacka and Li (1994) gives a constant value for
the activation energy of ~51 kJ mol—1 for the range of temperature — 4 to — 50°C (Figure A1-1).
At ~ —4 °C, a break occurs in the linear relation of In(k) with 1/T due to a drastic increase of O
when the temperature approaches the melting point (Jacka and Li, 1994). In this study, we postulate
that the temperature of the lower unit of the ice patches remained below — 4 °C as indicated by the

thermal regime of the ice body below 150 cm depth (Figure 23a).
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Figure AI-1. Plot of the ice crystal growth factor (k, mm’ a~!) in a logarithmic scale as a function
of 1/T. Data were obtained by field and laboratory experiments by Jacka and Li (1994); Duval
(1985) and Cuffey and Paterson (2010). Below -4°C (green vertical line), the blue linear regression
line was used to obtain the activation energy (Q).
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2.12. Supplementary material S1

Table S1-1. Detailed information about the seasonal snow and ice studies. See Figure 16 in the
manuscript for the localization of sampling sites.

Snow pits Location Date Comments

Spl 16 Ice patch 1 7 June 2016 Core #1 site

Spl 17a Ice patch 1 8 June 2017 Core #2 site

Spl 17b Ice patch 1 2 July 2017 3 m away from Spl 17a

Sp2 17 Ice patch 2 9 June 2017 Core #2 site

Ice drilling

Core #1 Ice patch 1 8 June 2017 Core 0 to 320 cm depth; missing part between 130 to 140 cm
Core #2 Ice patch 2 12 June 2017 Core 0 to 249 cm depth; complete sequence

Ice sampling

IS #1 Ice patch 1 2 July 2017 Basal ice, bottom of snowpit Spl_17b, 4 pieces of ice

IS #2 Ice patch 1 5 July 2017 Basal ice, exposed ice in the frontal margin, 2 cores of 15 cm
IS #3 Ice patch 2 7 July 2017 Basal ice, exposed ice in the frontal margin, 2 cores of 15 cm
IS #4 Ice patch 1 11 July 2017 Supra ice-channel, 4 pieces of ice

TS 21 (X-plan) — 174 cm

Major axis (avg) = 6.73 £3.67 mm

- Major axis (avg) = 8.20 £4.04 mm

Anisotropy ratio = 0.82

Figure S1-1. Two-dimensional morphology of ice crystals: example of the calculation of the shape
anisotropy obtained by computing the ratio between the average long axis in the X-plan (Thin
section 21 of the core #1) and the average long axis of the Z-plan (Thin section 22 of the core #1).
As suggested by the ratio below 1, the crystals are slightly flattened along the vertical plane.
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Figure S1-2. Comparison between the ice densities calculated from CT-derived air volume fraction
(pi) and measured in lab (pi, 1ap). Red line represents the 1:1 relationship line.
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Figure S1-3. Example of a core section extracted from the lower section of core #I characterized
by a high fracture frequency. The fractures are detected by the presence of sheets of air bubbles.
The combination of a plain-light photo, 3D reconstruction of CT-images and transverse thin
sections allows to easily observe and count the fractures.
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Figure S1-4. Left, photograph of the section of core#2 (Ice patch 2) where the two sediment layers
were sampled (212 cm and 218 cm depth), right, photograph of the sediment sample with the well-
preserved organic fragments that '*C dated to 3487 + 20 cal BP to estimate the age of the deepest
section of the ice patch.

Figure S1-5. The bottom section of the snowpit Sp2 17 dug on IP2, where a layer of sediment-rich
snow was found. Between this layer and the ice substratum, a thin layer of depth hoar was present.
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Figure S1-6. [llustration of the ice structures (ice layers, ice columns) formed into the snowpack
in Spl_17b by the refreezing of percolating meltwater in the early melt season. These intra-snow
ice structures are connected to the basal ice layer at the snow/ice interface.
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Figure S1-7. Box plots summarizing the ice crystal characteristics, namely the ice crystals major
axis, surface areas and roundness, along the X plane (horizontal thin section) and the Z plane
(vertical thin section) of the upper and lower sections of IP1 and IP2. Red lines and black crosses
represent the median and the average, respectively, and red circles are the outliers.
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IS #1

Figure S1-8. Thin sections of ice samples collected at the bottom of the snow snowpit Spl _17b
(IS#1), in the frontal edge of IP1 (IS#2) and IP2 (IS#3) and on the sides of the supra-ice channel
(IS#4) viewed under direct cross-polarized light.

Spherical/sub-spherical bubbles Irregular bubbles Elongated bubbles Clear ice

TS3_IP1 TS7_IP1 TS40_IP1 TS29_IP1

20 mm

TS5_IP2 T829_IP2 TS32_IP1

Figure S1-9. Plain-light photographs of thin sections showing examples of various air inclusions
embedded in the ice of the investigated ice patches.
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Figure S1-10. Weathered superimposed ice exposed in the frontal margin of IP1 in early July 2017
with ice crystals up to 2-3 cm in size. The disintegration of the ice structure is the result of
differential melting along grain boundaries caused by the absorption of solar radiation. Multiple
melt-freeze cycles lead to the growth of ice crystals.

Figure S1-11. Plain-light (right) and cross-polarized light (left) image of TSS collected at 50 cm
depth in core#l (Ice patch 1) which shows an example of a thin (~1cm) layer of coarse ice linked
to the refreezing of a weathered crust. The melt-concentration of sediment indicating the ablation
surface is clearly observable on the plain-light image.
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Figure S1-12. Calculated ice crystal annual growth rate (k) from Unit 2 of the ice patch 1 (IP1)
based on the ice temperature collected in the 320 cm deep borehole (see Appendix E for the
calculation).

S2f TS28

Figure S1-13. Paired thin sections TS27 (a) (X-plane) and TS28 (b) (Z-plane) sampled at 205-215
cm in core#l (IP1) showing clear ice composed of coarse ice crystals of irregular shape. The
crystals in TS28 are slightly coarser and more elongated than in TS27 but the elongation axis is
variable. This ice is most likely the result of slow water freezing or melt-freeze recrystallization.
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Figure S1-14. Paired thin sections TS33 (a) (X-plane) and (b) TS34 (Z-plane) sampled between
240-249 cm in core#2 (IP2) and close-up (a’ and b’). This ice does not exhibit the characteristics
of growth from water, so it probably results primarily from solid phase recrystallization. Such ice
is therefore suitable to estimate its age from the normal grain growth law. However, as illustrated
by the close-ups a' and b', the presence of air inclusions has “pinned” crystals in several places.
Such grain boundary pinning slows the motion of crystal boundary and thus its growth. The
position of bubbles sometimes only favors the growth of ice crystals in one direction only, which
leads to the development of an elongated shape (e.g. pink crystal in a’).
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Figure S1-15. Oblique view of the ice patch IP1 photographed on 16 July 2016 where various
forms of sediment depositions are visible: A) Niveo-aeolian deposits, B) Colluvial sediment
deposits from upslope, C) Channels incised in the snow and ice surface with high sediment
concentration.
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Figure S1-16. Evolution of the summer temperature (June/July/August) recorded at Ward Hunt
Island by the SILA station and at Resolute Bay on Cornwallis Island, nearly 1000 km south from
Ward Hunt (Environment Canada, 2021).
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Chapitre 3 — Mass balance and ablation processes of a

perennial ice patch on the northern coast of Ellesmere
Auteurs : Gautier Davesne, Daniel Fortier, Florent Domine

3.1. Avant-propos

Le manuscrit qui constitue le chapitre 3 répond a I’objectif 2 de la thése en s’intéressant
aux processus d'accumulation et d'ablation d’une plaque de glace permanente a Ward Hunt. Afin
de comprendre les facteurs de contrdle du bilan de masse et d'énergie de la plaque de glace, cette
recherche s’est basée sur des mesures d’épaisseur de neige et du taux d’ablation de surface par
scanner laser terrestre haute résolution. Les mesures d'ablation ont été couplées avec la mesure des
parametres micrométéorologiques sur la plaque de glace afin de déterminer la contribution des
différentes variables du bilan d’énergie de surface dans I'ablation estivale. De plus, la distribution
spatiale et la variabilité interannuelle de la plaque de glace a I’échelle de I’ile Ward Hunt ont été
étudiées par télédétection sur la base d’images satellites. Cette recherche a permis d’identifier les
facteurs clés dans le développement et le maintien des plaques de glace et de tirer des conclusions
importantes quant a la variabilité temporelle des plaques de glace et leur sensibilité aux
changements climatiques. Le manuscrit est en préparation en vue d’une soumission apres le dépot

initial de la thése.

3.2. Résumé

Dans le désert polaire, les systemes de plaques de glace exercent un grand contrdle sur la
dynamique des paysages et des écosystémes. Cependant, leur variabilité spatio-temporelle et les
facteurs qui les controlent sont encore mal compris. Nous avons effectué des mesures de terrain du
bilan de masse et du bilan énergétique de surface d'une plaque de glace a I'ille Ward Hunt (WHI ;
83°N, Haut Arctique canadien), combinées a 1’analyse de la distribution spatiale et la variabilité
interannuelle des plaques de glace a I'échelle de WHI par télédétection. Les résultats ont démontré
que la distribution des plaques de glace a I'échelle du paysage reflete les patrons spatiaux des

accumulations préférentielles de neige et de l'ablation minimale qui dépendent principalement de
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la topographie et du régime des vents. A 1'échelle d'un systéme de plaques de glace, les gains de
masse principaux se produisent par des €pisodes de transport éolien de la neige, rendant ainsi
I'approvisionnement saisonnier en neige fortement dépendant de la fréquence et de I'ampleur des
événements de vent. Les vents modérés (vents de 4-10 m s™!) favorisent le chargement en neige
tandis que les vents forts (vents de >15 m s') le limitent considérablement. En été, l'ablation est
due au rayonnement net, mais les flux de chaleur sensible expliquent en grande partie la variance
de I’énergie de fonte. Les taux d'ablation les plus élevés se sont produits pendant les périodes de
temps perturbé, lorsque des vents forts sont combinés a I’arrivée d’une masse d’air chaud. Les jours
de brouillard, en revanche, ont été marqués par la réduction importante de la fonte, en raison d’une
diminution des apports en énergie a la surface par rayonnement solaire et par flux de chaleur
sensible. La préservation a long terme des plaques de glace et leur résistance actuelle au
réchauffement récent suggerent que ce systéme est partiellement déconnecté de la tendance
climatique en raison d'un mécanisme de rétroaction sur I'accumulation de neige apporté par les
contraintes topographiques. Cependant, bien que la sensibilité climatique des plaques de glace soit
moindre que celle des autres éléments cryosphériques sur le long terme, le taux d’ablation a
I’échelle d’un été est néanmoins fortement influencé par les facteurs micrométéorologiques (c.-a-
d. température de I'air, le vent et le brouillard). L'évolution prévue par les modeles de ces facteurs
au cours de la prochaine décennie laisse penser que les conditions deviendront rapidement tres

critiques pour assurer le maintien futur des plaques de glace a WHI.

3.3. Abstract

In the polar desert, ice patch systems have great control over the landscape and ecosystem
dynamics. However, their spatio-temporal variability and the driving factors that control them are
poorly understood. We performed field measurements of the surface mass and energy balance of
an ice patch at Ward Hunt Island (WHI; 83°N, Canadian High Arctic), combined with remote
sensing to assess the spatial distribution and interannual variability of ice patches at the scale of
WHI. Results demonstrated that the distribution of ice patches at the landscape scale reflects spatial
patterns in preferential snow accumulations and minimum ablation which are mainly dependent on
topography and wind field. At the scale of an ice patch system, primary mass gains occur through

drifting snow events, thereby making the seasonal snow supply highly dependent on the frequency
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and magnitude of wind events. Moderate winds (winds of 4-10 m s~ ') promote snow loading while
strong winds (winds of >15 m s!) significantly limit it. In summer, ablation is driven by net
radiation but sensible heat fluxes largely explained the variance in the melt energy. The highest
ablation rates occurred during periods of disturbed weather when strong winds are combined with
warm air. Foggy days in contrast were marked by melt suppression since it reduced the solar
radiation heating and sensible heat fluxes to the snow/ice surface. The long-term preservation of
the ice patches and their current resilience to recent warming suggested that this system is partly
disconnected from the climate trend due to a feedback mechanism on snow accumulation brought
by topographical constraints. However, although the climatic sensitivity of ice patches is less than
that of other cryospheric elements over the long term, the ablation rate at a summer scale is
nevertheless strongly influenced by micrometeorological factors (i.e. air temperature, wind and
fog). Model projections of these factors over the next decade suggest that conditions will quickly
become very critical to sustain the future survival of the ice patches at WHI, as most of them may

lose their permanent status in the next few years.
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3.4. Introduction

Perennial land ice masses consist of a broad spectrum of sizes, ranging from perennial ice
patches (1072 km?) to ice sheets (107 km?), and these various ice features do not have the same
response and sensitivity to climate fluctuations (White and Copland, 2018). Given the ongoing
acceleration of climate changes, the understanding of the spatio-temporal dynamics of the
cryosphere has become a research priority. However, research efforts have focused on the study of
larger systems such as glaciers and ice caps, while smaller ice masses have attracted little attention.
As a result, ice patches are among the least understood elements of the polar cryosphere despite
their widespread distribution across the landscape (Eveland et al., 2013a,b; Lewkowicz and Harry,
1991; Woo and Young, 2014). They have been recognized as a primary contributor to the
hydrological cycle in sustaining meltwater flow throughout the summer (Lewkowicz and Young,
1990) and as a driver in the development of landscape and ecosystems (Christiansen, 1996; Woo
and Young, 2003). As such, their recent disappearance in response to climate changes has been
identified as a critical issue for the stability of the whole polar geosystem (Abnizova and Young,

2008; Woo and Young, 2014).

The ice patch system is intermediate between seasonal snow patches and glaciers. The
system includes the perennial ice body overlain by multi-year accumulation layers of firn and a
deep seasonal snow layer. These dynamics are controlled by the net surface mass balance (SMB),
1.e. the difference between inputs and losses of mass over a hydrological year. Unlike glaciers, they
are static and have no distinct accumulation and ablation (Glazirin et al., 2004; Meulendyk et al.,
2012). Inputs of mass to the systems primarily consist of seasonal snow accumulation which
depends on the precipitation at the regional scale and redistribution processes driven by topography
and local winds. Ice patches are typically found in sites with abundant snow supply during winter,
up to several meters and more, either by avalanching at the bottom of steep slopes (Mott et al.,
2019) or by wind-driven snowdrift in sheltered gullies, concavities and leeward slopes (Brown and
Ward, 1996; Watson, 1994). In polar regions, the combination of treeless terrain, strong winds and
the dry nature of the snow makes wind transport the dominant process of snow redistribution
(Eveland et al., 2013a,b; Parr et al., 2020). In spring and summer, ice accumulation mainly occurs
through the formation of superimposed ice, when in situ snowmelt and upslope runoff percolate
and refreeze within the snow and underlying firn layer when presents (Ballantyne, 1978;
Lewkowicz and Harry, 1991; Chap. 2). Mass losses, on the other hand, occur through the melting
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and sublimation of snow/ice which are both a function of the surface energy balance (SEB). The
SEB is primarily controlled by the regional climate which depends on the latitudinal position,
altitude, synoptic circulation patterns and land-sea contrasts (Alt, 1987; Gardner and Sharp, 2007).
These regional patterns are modulated at finer scales by topography which affects
micrometeorological parameters (Mott et al., 2011; Mott et al., 2018; Schirmer and Pomeroy,
2020), and by snow/ice properties (Domine et al. 2012; Jennings et al., 2018). In mid-latitude
mountains, extensive field and modelling work on the ablation of snow/ice patches (e.g. Canadian
Rockies: Pohl and Marsh, 2006; DeBeer and Pomeroy, 2017; Swiss Alps: Griinewald et al., 2010;
Mott et al., 2019) allowed identifying a set of local effects brought by the topography and the size
of the snow/ice patches themselves on microclimate conditions and heat exchange processes. It
includes topographic shading (DeBeer and Sharp, 2009; Fujita et al., 2010; Mott et al., 2019),
development of katabatic flow and turbulent heat fluxes (Mott et al., 2015; Schlogl et al., 2018),
cold-air pooling (Mott et al., 2013), and advective heat fluxes from the adjacent bare ground

(Essery et al., 2006; Harder et al., 2017; Mott et al., 2011; Neumann and Marsh, 1998).

In Polar Regions, the scarcity of field studies limits our understanding of both regional and
local effects and drivers in the ablation processes of ice patch systems. In a pioneer investigation
on an ice patch on Melville Island in the southern Canadian High Arctic, Young and Lewkowicz
(1990) demonstrated the large dominance of net solar radiation in the summer SEB due to the
presence of an aeolian sediment cover that significantly decreased the snow albedo. The
contribution of sensible heat fluxes, on the contrary was low due to the prevalence of calm and
cold weather yielding latent heat fluxes that were almost negligible. More recently, a second study
carried out by Leppéranta et al., (2013) on a snow patch at Basen Nunatak in western Dronning
Maud Land in Antarctica highlighted the great importance of sublimation processes which
represent a major loss of mass and heat sink because of the aridity and the coldness of the climate.
These earlier studies demonstrated the importance of considering the region-specific drivers and
effects to understand the ablation processes at the scale of an ice patch system. Given that the
climate of polar deserts encompasses a broad spectrum of summer temperature, humidity
conditions and topography, it is likely that the dominant drivers of ablation processes vary greatly

between polar sub-regions.
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To improve the understanding of ice patch dynamics in the polar desert, we propose the
first study addressing the mass and surface energy balance of a perennial ice patch on the northern
coast of Ellesmere Island where semi-permanent and perennial ice patches are ubiquitous. This
region exhibits a specific climate due to the influence of the Arctic Ocean which maintains cooler
and moister conditions in summer than in the interior Arctic (Maxwell, 1981). We hypothesize that
both fog and wind have an important control on energy-exchange processes at the snow/ice
surfaces, the former by limiting the amount of incoming solar radiation and the latter by increasing
sensible heat fluxes (Essery et al., 2006; Griinewald et al., 2010; Mott et al., 2013; 2015). Besides,
wind conditions may also be crucial in winter by controlling snow redistribution processes and
snow physical properties, with important implications for the mass balance of ice patch systems
(Eveland et al., 2013a,b; Parr et al., 2020). Our study relied on experimental work consisting of
measuring the mass and energy balance of an ice patch at Ward Hunt Island, at the northern tip of
Ellesmere Island, combined with remote sensing work for analyzing the spatial and temporal
patterns of ice patches at the scale of the island. More specifically, we address the following aims:
(1) understand the spatial distribution of the ice patches and infer the main terrain factors
controlling them at the landscape scale; (2) quantify the winter snow accumulation regime and
summer ablation rate; (3) identify the regional and local drivers involved in the ice patch energy

and mass balance, and (4) assess the sensitivity of the ice patch system to climate change.

3.5. Study site

The northern coast of Ellesmere Island experiences (Figure 28a,b) a polar desert climate
characterized by winter temperature that drops well below —30°C in winter and rarely rise above
5°C in summer, low annual precipitation (<250 mm yr '), snowpack on the ground 810 months

of the year, annual net solar radiation <100 MJ m ™2 yr ™!

, and an extreme seasonality with complete
darkness in winter and 24h-daylight during the summer (Maxwell, 1981). At the synoptic scale,
the north coast of Ellesmere Island is influenced by maritime air masses from the Arctic Ocean and
the Arctic Cordillera which act as barriers in the regional airflow and moisture circulation from the
west/northwest. In summer, cold and moist air moving from the nearby Arctic Ocean is blocked
along the coast which favours the formation of persistent fog and low stratus clouds, especially in

July and August when the sea ice starts to open.
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Figure 28. a) Map showing the ~2.7 million km’ of the ice-free land surface characterized as polar
desert in the circumpolar Arctic (annual precipitation <250 mm and July temperature <5 °C). The
black line delineates Ellesmere Island, which is the northernmost large island of the Canadian

Arctic Archipelago, and the black circles locate weather stations of the arctic desert detailed in

Table 3. 1: Ward Hunt Island (Ca), 2: Alert (Ca), 3: Eureka (Ca), 4: Resolute Bay (Ca); 5: Mould
Bay (Ca); 6: Station Nord (Dk); b) Localization of Ward Hunt Island (WHI) 6 km north of the
nearest shore of Ellesmere Island and about 760 km from the North Pole; c) Topographic map of
WHI (10 meter contours) showing the Ward Hunt Lake (WHL), the Ward Hunt Ice Rise (WHIR),

the field station and the SILA weather station managed by the CEN. The red square indicates the

location of the studied ice patch at the foot of the north face of Walker Hill.

This climate of the coastal fringe contrasts with the interior of Ellesmere such as at Eureka
where warmer and drier summer conditions prevail (Table 3) (Barry and Hall-McKim, 2018;
Edlund and Alt, 1989; Maxwell, 1981). This “Arctic Ocean effect” significantly reduces the
summer melt along the coast of Ellesmere Island and causes a local lowering of the glacier
equilibrium line altitudes (ELAs) (Miller et al., 1975; Wolken et al., 2008) which favour the
existence of low-elevation, coastal glacier and ice caps, ice rises and ice shelves, and the persistence

of numerous snowbanks and ice patches (Braun et al. 2004; Jeffries, 1982; Vincent et al., 2011b).

At Ward Hunt Island (hereinafter WHI) (83°05'09"N, 74°06'19"W) (Figure 28b,c), climate

data provided by the SILA weather station represent the climate of the northern coast of Ellesmere
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(CEN, 2021). The mean annual air temperature (MAAT) and the average winter and summer

temperature were — 17.1°C and 0.4°C respectively for the period 2006-2019.

Table 3. Climate of the Ellesmere Island’s northern coast (Ward Hunt Island and Alert) relative
to other polar desert localities of the Canadian High Arctic, Greenland and Antarctica for the
period 1980-2019, unless for Ward Hunt (2006-2019). Mean annual air temperature (MAAT),
Mean summer and winter air temperature (MATs and MAT., mean annual precipitation and mean
annual and summer relative humidity (RHannua and RHs). Summer averages are calculated for Jun-
Jul-Aug for Northern Hemisphere sites and Dec-Jan-Feb for Southern Hemisphere sites, and
conversely for winter averages (Source: CEN, 2021; FEnvironment Canada, 2021;
www.ncdc.noaa.gov/cdo-web/; Doran and Fountain, 2019).

Station Position MAAT MATs MATw Panual RHannuat RHs
Ward Hunt Island (NU)  83.08°N; 74.10°W  -17.1 0.4 -303 - 77.6 85.5
Alert (NU) 82.50°N; 62.30°W  -17.5 1.2 -31.5 158 758 86.1
Eureka (NU) 79.98°N; 85.94°W  -18.8 3.9 -35.7 81 70.1 72.2
Resolute (NU) 74.67°N; 94.83°W  -15.6 2.2 -30.7 164 755 83.4
Mould Bay (NU) 76.75°N; 119.50°W -17.2 2.3 -323 117 76.1 81.9
Station Nord (GI) 81.72°N; 17.79°W  -16.8 1.7 -29.7 188  73.7 81.0

McMurdo Station (Antar.) 77.85°S; 166.66°E  -17.3  -5.0 -254 112  63.7 66.4
Wright Valley (Antar.) 77.52°S;161.69°E  -19.3 -0.5 -33.3 <100 62.0 65.3

Summer temperatures were therefore colder than at other stations in the High-Arctic but not as cold
as in the dry valleys of McMurdo in Antarctica (Table 3). The melt season is short, generally
spanning from mid-June to the end of August and is characterized by high relative humidity (85.5%
on average). Precipitation data are not available for WHI, but it is likely similar to the average of
158 mm year ! (w.e.) measured at Alert, 170 km to the southeast (Environment Canada, 2021).
Although WHI does not currently have glaciers, the cryosphere is omnipresent on and around the
island (Figure 28b,c). The sea channel between the south coast of the island and Ellesmere is
occupied by pack ice and the remnants pieces of the Ward Hunt Ice Shelf (WHIS) (Mueller et al,
2003) while the north and west coast of WHI is bordered by the Ward Hunt Ice Rise (WHIR)
(Braun et al., 2004). On the island, large perennial ice patches constitute the most prominent

cryospheric elements at the surface. Our study focuses on one of these located at the base of the
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north face of Walker Hill (Figure 28c). This ice patch (hereinafter IP1) lies between 40 to 60 m
a.s.l. and is about 150 m long, 25 wide and 3.2 m thick of ice in the central section. In a previous
study (Chap. 2), we gave a complete description of physical characteristics and stratigraphy of this
ice body. They found that IP1 is made of superimposed ice, characterized by very fine granular and

bubbly ice in the upper 130 cm and by coarser crystals and lower porosity in the lower section.
3.6. Instrumentation and data acquisition

3.6.1. Snow regime

At the SILA weather station (Figure 28c; Table S2-1), the hourly snow height (SH, cm)
was recorded by a Sonic SR50 sensor (Campbell Sci.) from August 2006 to July 2019. The sensor
was installed on a topographic break produced by a raised-beach ridge where a semi-permanent
snowdrift occurs. These data from a preferential accumulation site were used to infer the snow
regime on [P1, since both sites have the same orientation north/north-east. To explore in detail the
relationships between snowpack development and the wind conditions, we used the hourly wind
data, i.e. maximum wind speed (Vmar, m s ') and direction (DIR, °), recorded by an RM Young
05103-10 anemometer (Table S2-1). The maximum hourly wind speed was analyzed to capture
wind gusts that have the potential to transport snow. These data were used to calculate the wind
index (WI) which describes the sum of hourly wind speeds above the threshold for snow transport.
We used the threshold of 6 m s™! commonly used for unconsolidated snow (Li and Pomeroy, 1997;
Royer et al., 2021; Sturm et al., 2001). Deposition/erosion events (i.e. a rapid change in SH of £5
cm) for each cold season from 2005 to 2019 were identified and their relation with wind conditions

was examined.
3.6.2. Mass balance variables

3.6.2.1. Ice patch thickness and volume

The total volume of IP1 was calculated by measuring the volume of seasonal snow and the
ice body. A snow volume map was obtained by kriging interpolation in ArcGIS (Esri, version
10.5.1) of snow height (SH, cm) that were manually probed every two meters along ten GPS-tagged

transects (Figure 29) using a 350 cm-graduated rod.
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Figure 29. 3D view of the studied ice patch (IP1). Red lines indicate the snow-depth measurement
transects and blue dotted lines indicate the GPR profile. The black cross locates the AWS installed
during field season 2019, the red triangle shows the site where the air temperature was recorded
in 2017 and the blue polygons indicate the location of the cut-throat flumes in the downslope
margin of IP1. The background image is an orthomosaic captured with an unmanned aerial vehicle
(UAV) on 17 July 2019.

The survey was carried out on 5 June 2016, 8 June 2017 and 12 June 2019 when the
snowpack was at its maximum thickness according to the SR50 measurement at SILA station. In
2019, an additional survey was conducted during the melt season on July 5. The total volume of
ice was estimated by ground-penetrating radar (GPR) surveys conducted on 7 July 7 2019 with 100
MHz antennas (Pulse EKKOpro System, Sensors and software®) (detailed in Appendix A2-1). We

collected 8 GPR tracks as shown in Figure 29. The resulting dataset was imported and interpolated
by kriging in ArcGIS, providing a raster of the ice thickness from which a digital terrain model
(DTM) of the ice patch bed was produced (@degird et al., 2017). The total volume of snow and

ice (Viorar, m*) was then converted into water equivalent (w.e.) using Equation 3.1.:

=Vix By x B (3.1)

P Py

Vtotal

where V; and V are the volume of ice and snow (m?), p; , ps and p,, are the ice, snow and
water densities (kg m). We assumed average densities of ~ 905 kg m ™ for the ice body as reported
in Chap. 2. For the dry snow in early June, we also relied on average values reported in Chap. 2 for
the snowpack on IP1 in 2016 (ps = 442 kg m™) and 2017 (ps = 406 kg m~) and we made an

additional snowpit excavation on 6 June 2019 following the method detailed in Domine et al.,
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(2012). For melting snow, we used the density (ps = 534 kg m~) measured in the snowpack on IP1
on 2 July 2017 (Chap. 2).

3.6.2.2. Daily ablation of the snow/ice over the ice patch

The summer ablation in IP1 was monitored by combining high-resolution measurements of
snow/ice surface changes using Terrestrial Laser Scanning (TLS) (VX spatial station Trimble®)
with measurements of the ice patch extent based on a continuous record of pictures taken by an
automatic time-lapse camera. We performed daily repeated TLS surveys of the ice patch surface

from June 10 to July 12 in 2017 (32 days) and from June 10 to July 20 in 2019 (40 days) (details

in Appendix A2-2 and Figure S2-1a.,b). The daily height changes of the snow surface (4SH7zs, in
cm d ') on the ice patch system was calculated by subtracting two consecutive scans. The results
were then statistically validated by comparison with daily snow height data provided by the SILA
station (4SHsi.4, cm) where the melt rate is expected to be similar to that of IP1 since the two sites
are close and share the same orientation. 4SH7.s was then converted into volume of water
equivalent in ArcGIS using the Surface Volume tool (3D Analyst) and the aforementioned density
value for melting snow, yielding the daily volume change (4Vrs in m* d”! w.e)). When 4V
negative, it represents the daily melt rate (M in m> d! w.e.). The DTM of the ice patch bed
measured on 7 July 2019 by GPR served as the reference to assess the daily evolution of the total

volume of the ice patch.

Melting of the seasonal snow and ice patch was monitored daily by an automatic time-lapse
camera (Spypoint® Force-11D) operating since July 2017 150 m downslope of the frontal edge of
IP1 (Figure S2-1a; Fortier and Davesne, 2021b). The set of daily images was then analyzed using
the open-source imaging software ImageJ®. An automatic segmentation threshold, verified by
visual inspection, was performed to discriminate the snow/ice surfaces from the bare ground. The
output results provided the snow/ice extent in the area fraction of the images. Then, a first analysis
was made to monitor the seasonal snow cover fraction (SCF in %) outside the ice patch system
(Zone A in Figure S2-1c¢). Then, a second analysis was performed at the scale of ice patch system
IP1 within Zone B (~17 000 m?; Figure S2-1c) which delineates the maximum extension of
preferential snow accumulation. Due to the high obliquity of the time-lapse images with respect to
the land surface, no orthorectification could be performed on the raw images. However, for Zone

B, the SCF was converted to a horizontal projected areal extent (4, m?) using the relationship

107



between the SCF derived from time-lapse photos and 4 obtained from a set of georeferenced
orthomosaics derived from unmanned aerial vehicle (UAV) surveys on 9 different dates during the

2019 field season (Appendix A2-3).

3.6.3. Environmental monitoring during the melt season

3.6.3.1. Meteorological data

The analysis of the ablation processes relied on detailed knowledge of the
micrometeorological conditions on the ice patch. In 2017, only the air temperature (75, °C) was
recorded at hourly intervals near the frontal edge of IP1 by a sensor (U22, Hobo®) installed in a
radiation shield 1.5 m above the ground surface (Figure 29; Table S2-1). The wind conditions were

extrapolated from the wind data recorded at the SILA station (Appendix A2-4). In 2019, an

automatic weather station (AWS) was installed on IP1 from 10 June to 19 July 2019 (Figure 29).
The AWS monitored T, relative humidity (RH, %), wind speed (WS, ms™!), wind direction (DIR,°),
incoming shortwave radiation (SW|, W m2) and net radiation (Qr, W m2), and atmospheric
pressure (AP). The station consisted of a 5 m-high steel mast inserted into a hole drilled into 2 m
of snow and 50 cm of underlying ice (Table S2-1). 7, and RH sensors were installed in a radiation
shield and data were sampled every 15 minutes and recorded by a data logger (Micro station,
Hobo®). SW|, Or and WS/DIR were sampled every 30 seconds, and 15 minute averages were
recorded by a Campbell Scientific CR1000 datalogger. The pyranometer and net radiometer were
installed parallel to the surface of the ice patch (~20°). The height of all sensors was adjusted as
the melting progressed to keep the sensors orientations and heights as constant as possible. In
addition to the AWS, snow temperature (7.0n) Was monitored by a thermistor cable inserted into
the snowpack (230 cm) from 7 June to 19 July (Table S2-1). It consisted of a series of 7 thermistors
at 190, 150, 120, 90, 60, 30 and 5 cm above the ice surface connected to a data logger (Systems
Smart Reader Plus 8, ACR system) that recorded temperatures at hourly intervals. Liquid
precipitation was measured using a metric rain gauge (resolution 0.2 mm) installed near the base
camp and read each day at 20:00hr. Snowfall was negligible. For both study seasons 2017 and
2019, the dominant daily sky conditions (fog, overcast, clear sky) were inferred from the visual

inspection of time-lapse photographs.
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3.6.3.2. The hydrological regime of the ice patch

The outflow discharge of meltwater was monitored by three cut-throat flumes (1 m long
and 40 cm high) installed in major streams that drained IP1 (Figure 29). The flumes were equipped
with a pressure sensor (Hobo U20; Table S2-1) that continuously recorded the water level (4., cm)
into the flume (Paquette et al., 2017). /, was then converted to free-flow discharge (O, cm? s7!)
(Siddiqui et al., 1996). The sums of the flows measured at the three flumes were calculated O rosai.
This dataset was used as a proxy to infer the fluctuation in the outflow hydrograph during the study

period and correlating it with the melt rate.

3.6.4. Surface Energy balance

As the ice patch IP1 was covered by a thick seasonal snowpack throughout the study period,
we used the standard approach for the computation of the surface energy balance (SEB) of a
melting snow surface (Boike et al., 2003a; Gray and Male, 1981; Harder et al., 2018). The SEB is
given by:

O*=0r+Q0h+Qe+Qc+0p (3.2)

where O* is the net energy flux at the snow surface, Or is the net radiation, Oh and Qe are
the sensible and latent heat exchange respectively, Oc is conductive heat flux to the underlying
snow and ice (W m2), Op is heat flux due to precipitation. All energy terms are expressed in W
m 2 and are positive when they contribute energy to the snow surface and were calculated on an
hourly basis and then averaged to obtain the daily energy fluxes. Since the slope of the snow surface
was about 20° during the study period and that Or was measured parallel to the surface and not
vertically (see section 3.6.3), the SEB was calculated parallel to the snow surface. Turbulent energy
exchange Qh and Qe were estimated by the bulk aerodynamic approach based on the gradient of
temperature, vapor pressure and wind speed between the snow surface and the lower atmosphere
(Boike et al., 2003a). The SEB was calculated by hourly mean AWS measurements of Or, T,, RH,
WS. Equations for Qh, Qe and Qc are detailed in Appendix A2-5.

For deep and cold snowpack, modelling the melt rate in the early warm season is challenging
because the surface starts to melt during the ripening phase before the cold content (CC) of the
whole snow column is exhausted. In order to avoid an underestimation of the surface melt, we

considered a top layer of 25 cm (Garen and Marks, 2005). We assumed that part of O* is first used
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to change the energy stored within the top snow layer by raising the snow temperature (Zsuow). The
snowmelt (Oy) then starts when the top snow layer becomes isothermal at the melting point (7)

(cold content =0), as suggested by Equation. 3.3:

Q* = ACC, lf Enaw < Tm
Q* = Qm, lf Tsnow = Tm (33)

The cold content (CC) of the snow layer is calculated by (Dingman, 2002):
CC=—c- Ps: h- (T;now— Tm) (34)

where c¢; is the heat capacity of the ice, p, the density of snow derived from the snowpit dug
on 6 June 2019 and # is the height of the snow layer, Tsuow is the average temperature of the snow

layer derived from thermistors.

The melt energy Om was then used to estimate the melt of the snow surface (ASWEsgs, mm d!

w.e.) given in water equivalent by (Liston and Hall, 1995; Oke, 1987):

Om

prf

ASWESses =

10° (3.5)

where p,, is the density of liquid water and L, is the latent heat of fusion (334 kJ kg!).
ASWESses was then corrected [+cos (20°)] to give the surface melt along the vertical plane to be

consistent with TLS measurements.

3.6.5. Spatio-temporal distribution of late summer ice-snow surfaces

At the scale of WHI, the spatial distribution of the late summer ice/snow surfaces, including
the semi-permanent and the perennial ice patches, has been mapped using a set of optical satellite
imagery (Landsat 8; Worldview; GeoEye) and aerial photographs available for 7 different years
from 1959 to 2019 (Table 4). Images and photographs provided total coverage of the island and
were obtained at the end of the melt season from late July to late August. The identification of
ice/snow surfaces was done by a supervised classification using the Image Classification tool. The
quality of the classification was evaluated by visual check for each image and manually adjusted

if necessary.
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Table 4. Summary of remote sensing data used. Sources: National Air Photo Library, of the U.S.
Geological Survey, Pax Arctica and Planet Action Initiative © NSPO 2008 - National Space
Organization, TaiwanDistribution Spot Image S.A., France All rights reserved.

Date Image type Resolution  Source

1959-08-10 Aerial 22m National Air Photo Library
1984-07-22 Aerial 0.8 m National Air Photo Library
1988-08-18 SPOT-1 1.5m Water and Ice Research Lab
2008-08-18 Formosat 2m Planet Action Initiative
2011-08-26 Geo-EYE 0.44 m Geocryolab

2016-07-17 Landsat-8 I5m U.S. Geological Survey
2019-08-14 WorldView-3 0.37m Geocryolab

The resulting multi-year maps of the late summer ice-snow surface were merged into a raster and
pixels were then classified according to the proportion of time they were occupied by a snow or
ice surface at the end of the summer. Pixels where ice/snow was detected for all years (i.e. 100%
of the time) were classified as “perennial ice patches”. Pixels where the presence of snow/ice is not
permanent, but occurs more than half the time, fall into the category of “semi-permanent ice
patches” and those where snow or ice occurs less than half the time were classified as “snow
patches”. The distribution of the ice patches was then examined through its dependency on topo-
climatic variables such as the elevation, slope aspect, topographic position (Topographic Position
Index, TPI), summer potential incoming solar radiation (PISR) and wind field (Wind velocity
index) (Figure S2-2). All these variables were derived from a 5-meter resolution DEM provided
by the Polar Geospatial Center of the University of Minnesota (ArcticDEM v3.0) (Porter et al.,
2018) (Appendix A2-6).

The temporal evolution of the late summer ice/snow patches was analyzed at two different
spatial scales. First, we examined it over the whole island based on the satellite images detailed in
Table 4. Second, we studied the evolution in the late-summer extent of the ice patch IP1 by
analyzing a set of photographs from various sources (terrestrial, helicopter, aircraft) collected
during previous field expeditions. Photographs with an oblique angle as small as possible and
acquired as late as possible in the summer were preferred. The whole set of photographs were

orthorectified based on georeferenced high-resolution UAV orthomosaics. The snow-ice extent

111



was then manually digitized in ArcGIS. These historical data were studied along with the air
temperature trend. At WHI, the hourly air temperatures were recorded by a station managed by
Parks Canada (2002-2005) which was then replaced by the SILA station (2005-2019) (Table S2-
1). From these data, the mean monthly air temperatures (MMAT) and the cumulative positive
degree-day (PDDajr, i.e. the sum of daily air temperature above 0°C) were calculated. Before 2002,
the MMAT and PDD.;: were reconstructed from the NCEP-NCAR reanalysis, bias-corrected with
AWS observations (Kalnay et al., 1996) (Appendix A2-7). Finally, we also estimated the long-

term variability of fog occurrence in summer at WHI based on the relative humidity (RH) time-
series recorded at the SILA station (Table S2-1) which is a good proxy to infer the presence of fog.
From the hourly RH, we calculated a fog index, i.e. the total number of hours with relative humidity
above 95%, for the summer period (June to August) between 2006 and 2016, after which the sensor
stopped working.

3.7. Results

3.7.1. Snow and wind regimes

At the SILA snow gauge, the mean end-of-winter snowpack thickness (SHnax) was 152 cm
over the period 2006-2019 and was characterized by a low interannual variability (Std Dev. =25
cm) (Figure 30a). Only 2018 and 2019 stand out with a thicker snowpack, up to 200 cm. In 2014
and 2018, the snow patch persisted throughout the melt season. Detailed analysis of the hourly
snow regime revealed that on average 7.5 + 2.3 accumulation events (4SH>5 cm) that brought
27+18 cm of snow were recorded during the cold season during the study period. 100% of the
deposition events were associated with maximum hourly winds (¥ax) above 6 m s, indicating

that snowdrift was a key process in the snowpack build-up.
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Figure 30. Snow and wind regimes recorded at SILA station from 2006 to 2019, a) Time-series of
the daily snow height (incomplete data in 2010/11, 2011/12, 2014/15) and wind index (WI) of the
cold season (Sept-May) (red crosses, incomplete wind data in 2006/07, 2007/08, 2010/11 and
2011/12). The wind index represents the cumulative maximum hourly wind speed > 6 m s, for the
cold season (Sep-May). The green line represents the mean maximum snow height from 2006 to
2019; b) Wind rose of the cold season (Sept-May) constructed from hourly wind data for the 2006-
2019 period; c) Close up on cold seasons 2015/16, 2016/17, 2017/18 and 2018/19 showing the

hourly snow height and daily W1

Deposition events were also usually associated with erosion events that removed partially,
and sometimes completely, fresh deposits within hours (e.g. 17 October 2015; Figure 30c, Figure
S2-3). The net mass balance between deposition and erosion of each snowdrift event was largely
positive in the early cold season (Figure 31a). On average, maximum gains occurred in September
(+40 cm on average) and they progressively tended to zero as the season progresses and the
topographic hollow was filled. On average, ~78% of SH..x was already accumulated by the end of
December (Figure 31b). Nearly 75 % of the wind events > 6 m s~! were associated with snowdrift
events (4SH > Scm) in October while this fraction dropped to 40% later in the season (Figure 31b).
The most extreme snowdrift events, generally observed in September, can bring a considerable
amount of snow over a very short time (e.g. 7 September 2011: +116 cm; 19 September 2007: +
90 cm; 11 September 2009: +75 cm).
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Figure 31. Average evolution of the snow regime throughout the cold season in the snow patch at
the SILA station for the period 2006-2019. a) Mean monthly snow gains and losses (including
erosion and compaction) and the resulting net mass balance and b) mean monthly snow height
expressed as a proportion of the total end-of-winter snow height (SHmnay) and the number of
snowdrift events (ASH > 5cm) as a proportion of the total number of potential blowing snow events
(Vimax>6 ms™). Vertical bars indicate the standard deviation.

The prevailing direction for the winter wind for the speed range 5-10 m s~! was from SSW
and WNW while strong winds (>10 m s ') were mainly from the W. This same pattern repeated
year after year (Figure S2-4) but the intensity of wind events was subject to substantial interannual
variation as revealed by the cumulative hourly wind index (W) calculated for each cold season
(Figure 31a,b). The windiest cold season was recorded in 2016/17 (WI=21410) while the calmest
was in 2013/14 (WI=10600).

3.7.2. Mass balance variables at the ice patch IP1

3.7.2.1. Seasonal snow accumulation

Figure 32 shows the snow conditions on IP1 and its surrounding area at the beginning of
melt seasons 2016, 2017 and 2019. Photographs coupled with the snow depth measurements show
great year-to-year variability in snow distribution. Maximum snow depth exceeded 200 cm on IP1
for the three years studied, however, very contrasting conditions existed regarding the spatial extent
of the deep snow (>150 cm). The greatest difference was between summer 2017, when deep snow
was restricted to a narrow band along the upper ridge of IP1, and summer 2019, when it evenly
covered the entire ice patch. Notable differences were also observed in snow density since the
average density of the snow column was significantly higher in early summer 2016 (442 kg m?)

than in 2017 (406 kg m~®) and 2019 (395 kg m3, Figure S2-5). Together, these differences in snow
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depth and density have produced significant interannual variability in the total volume of

accumulated snow (Vinow m® w.e., Figure 32).

2016-06-05 2017-06-10 2019-06-10

STt e

O,

Psavg=442kgm2  SH.,=210cm Ps avg = 406 kg m—3 SHpex= 221 cm Ps avg = 395 kg m-3 SHax = 280 cm
SHa= 95 cm Venow = 8490 m3w.e. SHae=75cm Vinow = 5520 m3w.e. SHayg = 143 cm Vanow = 9850 m3w.e.

Figure 32. Time-lapse photographs of the ice patch system and its surrounding terrain and maps
of the end-of-winter snow height (SHmax) on 5 June 2016, 6 June 2017 and 10 June 2019. The black
line delimits the contour of the ice body as it was at the end of summer 2016. The average density
of the snow column obtained by excavating the snow pit (ps, kg m—>), the average and maximum
snow height (SH, cm) and the total volume of snow (Vsnow, m> w.e.) for each of the three dates are
shown at the bottom of the figure.

3.7.2.2. Ice thickness

The strongest GPR reflections (red dotted line in Figure 33a) reveal a discontinuity below
the ice patch that was identified as the contact between the ice body and the bedrock substratum.
The uppermost reflection (blue dotted line) corresponds to the contact between the seasonal
snowpack and the ice surface. The topography of the bed of IP1 had a concave shape with a steep
slope in the upper section with a break around 45 m from the start of the line and at 47 m a.s.l. The
map of ice thickness presented in Figure 33b shows that in July 2019 the ice body thickness
reached ~ 380 cm and the total volume of ice (Vic) was estimated at ~14 100 m>, giving a w.e. of
~12 500 m>. Including the remaining snowpack above as measured on 5 July 2019 (Vsuow = 10 500
m?, giving 5 500 m® w.e; Figure S2-6), the total volume of the ice patch system (Vo) was 24 600

m? for a w.e. of 19 600 m>.
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Figure 33. a) 2D visualization of a profile made in the central part of the ice patch in 2019 using
200 MHz antennas (the track is represented by the black line in b),; b) Interpolated map of the ice
thickness based on the series of GPR tracks made in July 2019 (see Figure 29 for all GPR tracks
location). The black line in b delimits the contour of the ice body as it was at the end of summer

2016.

3.7.2.3. Snowmelt monitoring in summers 2017 and 2019

At the scale of the ice patch IP1, the spatial pattern in ablation (4SH7zs, cm) for both study
periods 2017 and 2019 is shown in Figure 34. The snow height decreased by 85 cm between 10
June and 12 July 2017 and by 133 cm between 10 June and 20 July 2019. The maps revealed strong

spatial variability in the surface ablation over the ice patch with a repeated pattern in both years.

ASHypean total: 8589 ASHpeanzone 1: 109£3  ASHpeanZONe 3: 833 ASH, oo total: 13325 ASHpeanzone 1: 14523 ASHieq,Z0Ne 3: 12521
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Figure 34. Maps of the total surface ablation (ASHr.s, in cm) during the study periods 2017 and
2019 based on daily terrestrial laser scan (TLS) surveys of snow/ice surface position. The black
boxes represent the averaging area used to highlight the spatial variability of the ablation. Mean
(£Std Dev) values for the whole ice patch and each zone are presented below each panel. See
Figure S7 for the daily evolution of ASH11s of each zone.

The highest values were measured immediately below the upper edge and on the west side of the

ice patch (Zones 1 and 2) while the central and east parts (Zones 3 and 4) exhibited values slightly
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below the average for the whole ice patch. The spatial variability of the ablation tended to increase

over time (Figure S2-7).

The daily evolution of snowmelt on IP1 and its surroundings during the study period 2017
and 2019 is shown in Figure 35. In 2017, the seasonal snowpack was already discontinuous on 10
June and declined rapidly to disappear almost completely on 25 June (Figure 35a). The total
volume of the ice patch system, which combines the volume of ice and seasonal snow, was ~25 500

m? at the beginning of the melt season (Figure 35b).
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Figure 35. Monitoring of the snowmelt from 10 June 2017 to 12 July 2017 (left side) and from 10
June to 20 July 2019 (right side): a and a’) The daily evolution of the areal extent of the ice patch
system IP1 (A, m?) within Zone B (Fig. S2-1) and of the seasonal snow cover fraction (SCF, %)
within Zone A (Fig. §2-1) derived from a time-lapse camera; b and b’) daily evolution of the total
ice patch system volume (snow and ice together) (Viow, m’) along with the daily volume change in
water equivalent (AV, m*> d”! w.e.) measured by terrestrial laser scan (TLS). The red bars (negative
AV) give an estimation of the melt rate (M, m> d ' w.e.); c and c’) Daily meltwater outflow discharge
(Ofiota) measured at flumes; d and d’) Picture of IP1 illustrating the condition the system at the
end of each study period.

The melt rate (M) was low between 10 to 16 June 2017 (Figure 35b) and then increased rapidly to

reach a first peak on 23 June (—950 m® d™! w.e.). Meltwater started to flow out at this time at the
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flumes (Figure 35¢). On 28 June, a major snowstorm re-filled the ice patch system with ~1 850 m?
w.e. of new snow and temporally interrupted the water outflow. The rapid melt of this snow in the
following days led to a peak in ablation on 30 June (1 100 m® d”! w.e. on). The highest ablation
occurred on 6 July (1 200 m* d"! w.e.), leading to a high peak in the meltwater discharge (Ofior).
At the end of the study period on 10 July 2017, the total volume of the ice patch was 9 500 m* and
its areal extent was 6 500 m? (Figure 35b,d). Analysis of the time-lapse photograph dataset revealed

that the minimum extent was reached on 11 August with 3 850 m? (Figure S2-8).

In 2019, the decline of the seasonal snowpack was slower than in 2017 in the first half of
June, but it accelerated considerably in the second half of the month. Some seasonal snow patches
around IP1 persisted until the end of the period (Figure 35a”). The total volume of the IP1 system
was ~38 000 m® in early June, 50% higher than in 2017 (Figure 35b’). The melt rate exhibited less
pronounced daily variations and peak flows were weaker than in 2017 (Figure 35c). The highest
daily ablation peak over the study period was reached on 9 July with a loss of 720 m®> d! w.e.,
resulting in a peak flow of 217 m® d ! at the flumes. At the end of the study period on 20 July 2019,
the total ice patch volume reached 16 200 m? (Figure 35d°). It represents a loss of 58% of its initial
volume in 40 days. At the end of field season 2019 (20 July), the ice patch extent was 10 300 m?
(Figure 35, Photo d’).

For both study periods 2017 and 2019, the daily changes in snow height (4SH7.s) measured
for IP1 were similar to those measured by the snow gauge at SILA station (4SHsiz.4) (Pearson’s
correlation test, r = 0.91, p<0.0001 in 2017 and r = 0.83, p<0.0001; Figure S2-9). The daily
fluctuations of QOfioi sShow a strong correlation with M measured on IP1(Pearson’s correlation test,

r=0.67, p<0.01 in 2017 and r = 0.87, p<0.0001 in 2019 (Figure S2-10b) except at the beginning

of the melt season and during the snowstorm event in 2017 (Figure S2-10a) due to the lag in the

response of the hydrograph to the surface melt rate.
3.7.3. Surface energy balance

3.7.3.1. Meteorological conditions

An overview of the meteorological and environmental variables for the study periods 2017

and 2019 is given in Figure 36.
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Figure 36. Summary of hourly measured meteorological variables during the study periods. (a)
2017 air temperature (T,) and mean wind speed (WS). (b) 2019 T, and relative humidity (RH), (c)
2019 WS and daily precipitation; d) 2019 Incoming solar radiation (SW]) and net radiation (Qr),;
and e) 2019 snow temperature (Tsnow). The upper two thermistors (190 and 150 cm above the ice
surface) emerged from the snow due to melting on June 21 and June 29, respectively. Subsequent
temperatures are not shown in the graph. The cable was removed on July 5. The background colors
indicate the sky conditions; white for fog, grey for overcast and blue for clear sky.

In summer 2017 (Figure 36a), the mean daily air temperature (7,), recorded in the
downslope margin of the ice patch fluctuated from — 4°C to 9 °C, with an average of 1.7 °C for the
whole period. The wind records (data based on SILA measurements, modified with correlations;

Appendix A2-4) gave mean hourly wind speed of 3 m s™! on average over the study period and a

maximum mean hourly value of 8 m s™!, and a prevailing direction from the west. Over the study

period, there was fog, cloud cover and clear sky, 10%, 65% and 25% of the time, respectively. In
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summer 2019 (Figure 36b), 7, at 0.5 and 2 m above the snow surface had an average of 1.7°C and
2.4°C respectively over the study period. The minimum 75 (-2° C) was recorded at 0.5 m during
foggy and calm conditions on 2 July while the highest value (10.1 °C) was recorded during warm
and dry spells associated with high winds on July 13. The relative humidity (RH) was generally
high, reflecting the common foggy conditions, and fluctuated in opposite phase to the air

temperature.

In 2019, the mean hourly wind speed of 1.9 m s on average over the study period with a
maximum mean hourly value of 7 m s™!, and a prevailing direction from the west similar to 2017
(Figure 36c¢; Figure S1-11). There was fog 30% of the time, a cloud cover 30% of the time and
clear-sky 34% of the time. The precipitation fell essentially as rain and drizzle during the study
period 2019 and reached a cumulative value of only 7 mm. During clear-sky conditions, the
incoming solar radiation (SW|) and the net radiations (Qr) followed a diurnal cycle with maxima
> 500 W m? and minima between < 150 W m? for the former, and negative minima, as low as — 50
W m?, and maxima from 110 W m?to 175 W m? as the summer progressed for the latter (Figure
36d). Finally, the thermistors chain in the snowpack showed that the snow temperature (Zsnow) at a
height of 190 cm above the ice surface (i.e. ~40 cm below snow surface) reached the melting point
on 11 June while the temperature was ~ —13°C near the snow/ice interface (height of 5 cm). The
temperature of the snow gradually increased at first. Then two thermal peaks occurred, thus
perturbing the thermal gradient within the snowpack (Figure 36e and Figure S2-12). The deepest
thermistor (5 cm) was the first to be affected by a drastic rise in snow temperature, rising Tsnow
from —12.5 to —2.6°C in a few hours, thus indicating a sudden pulse of liquid water on the
impermeable surface of the ice (horizontal flow). The second thermal peak was more moderate but
occurred simultaneously at heights of 60 cm, 30 cm and 5 cm above the ice surface, reflecting the
vertical percolation of meltwater into the snowpack. These thermal peaks brought the temperature
of the snow/ice interface close to 0 °C from 17 June while it was still around —10 °C at 30 cm

height. The whole snow column became isothermal at 0 °C after June 21.

3.7.3.2. Daily mean evolution of the SEB terms in 2019

The daily variability of the SEB is presented in Figure 37a. Both net surface radiation Or
and the sensible heat flux Oh were sources of heat to the snow surface throughout the period. Or

varied from 16 to 70 W m 2, with the highest values generally reached under clear sky conditions
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and the lowest under overcast conditions. Sensible heat flux Qh varied from 0 to 75 W m 2. The
highest values of Qh were observed during windy and warm days (e.g. 9—10 and 17 July). The
latent heat flux Qe was also a source of heat through condensation, except in the early period (June
10-11) when a net loss of latent heat occurred at the surface through evapo-sublimation. Qe varied
between —15 to 27 W m 2. Maximum gains of heat by Qe were observed on 9—10 July, similar to
Oh, due to condensation. Heat loss by conduction (Qc) at the snow surface was small (—1.7 W m~
2) and was limited to the first two days of the period as the cold content (CC) of the surface layer
(0—25 cm below snow surface) was rapidly eliminated (Figure 37a). The sum of all SEB terms

gives a net gain of heat (Om) throughout the period, peaking on July 9 with 138 W m 2.
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Figure 37. a) Daily mean values of energy balance terms with net radiation (Qr), sensible heat
flux (Qh), latent heat flux (Qe), heat flux by conduction to the underlying ice (Qc) and the melt flux
(Om). The background colors indicate the sky condition; white for fog, grey for overcast and blue
for clear-sky; b) Comparison between daily melt rate calculated from the surface energy balance
(ASWEsgs, mm d ! w.e.) and measured by TLS (ASHris, mm d! w.e.). The red line is the linear
regression line and the grey lines are the 95% confidence intervals. RMSE means Root Mean
Square Error.

The relative contribution of each term to the SEB is given in Figure S2-13. On average, Or
provided 74% of total energy gains to the ice patch system while the remaining 26% came from
Oh (21.5%) and Qe (4.5%). However, an ANOVA analysis indicated that 77% of the variance in
the Om is explained by Qh. The comparison between the daily melt rate derived from TLS
(ASHris) and the one obtained from SEB (ASWEsgs) shows good agreement (R?=0.68;
RMSE=3.54 mm d!) even though calculated values are slightly underestimated by ~3 mm d ! w.e.
on average (Figure 37b).

Specific days representative of three different synoptic conditions (Figure 38) common in
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summer along the northern coast of Ellesmere were selected: clear sky (28 June), fog (5 July) and
overcast (9 July) days. A summary of measured meteorological and calculated SEB terms for each
case is given in Table S2-2 and an overview of the synoptic conditions (i.e. 500-hPa geopotential

heights and 850-hPa air temperature) obtained from the NCEP-NCAR reanalysis are present in
Figure S2-14:

a) Case 1 (June 28; Figure 38a): That day was under the influence of a high-pressure system over
the Arctic Ocean (Figure S2-14). At our site, there was a pressure of 1029 hPa, cloudless
conditions, cool air temperatures (7 daity = 3.1 °C and 2.2 °C at 2 m and 0.5 m) and low winds
(Table S2-2). SW| reached 550 W m 2 around 7:00 hr (local time), corresponding to a peak in
Or of ~120 W m 2. The combination of low westerly winds and cold temperatures limited Qh.
Qe remained negligible. On average, the ice patch gained 48.4 W m2 over this day, leading to
melting of 14.5 mm d ! w.e. Or was the dominant heat source (79%) followed by Oh (20%).

b) Case 2 (5 July; Figure 38b): Synoptic conditions were characterized by a shallow trough
between two low pressure systems (Figure S2-14). The conditions were calm with low winds
and fog that was present all day. 7, remained near the freezing point (7% duiry =0.3 and —0.4°C at
1.5 and 0.5 m respectively) (Table S2-2). Maximum SW | reached ~ 450 W m 2 and Qr peaked
at only 110 W m2 around 8:00 hr. Because of the calm and near-freezing conditions, both Oh
and Qe remained low. The supply of heat to the ice patch was only 32 W m 2 on average for the
day, producing melting of 8.8 mm d! w.e. Or contributed for 90% while Ok and Qe contributed
for 2% and 8% respectively.

c¢) Case 3 (9 July; Figure 38c): That day was under the influence of a low-pressure system that
circulated further south over central Ellesmere Island and that advected warm air (>5 °C at 850
hPa) from the southwest (Figure S2-14). At WHI, it was cloudy and windy with light rain and
drizzle. The 15-min average wind (WS) reached 7.9 m s! with gusts exceeding 10 m s™! (Table
S2-2). Ty reached slightly above 8°C around 5:00 hr. 75 duiry were 4.6 and 4.3°C at 2 and 0.5 m
respectively. Oh peaked at 180 W m 2 and remained higher than Or during most of the day. Qe
remained weak with a maximum value of 40 W m™. The gain of energy to the ice patch was
144.5 W m?, resulting in substantial melting of 38.2 mm d ! w.e. Oh was the main term of the
SEB by providing 57% of the total energy. Or and Qe contributed about 27% and 16%

respectively.
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Figure 38. Diurnal cycle of the meteorological variables, including the 15-min average air
temperature (T,, °C) at 2 m and 0.5 m above the snow surface, wind speed (WS, m s~!) and incoming
solar radiation (SW|, W m™?), and the hourly evolution of surface energy balance terms, i.e. net
radiations (Qr, W m?), sensible heat fluxes (Oh, W m~2), latent heat fluxes (Qe, W m~°), the melt
fluxes (QOm) and time-lapse photos for the three different cases that reflected the dominant
conditions encountered along the north coast of Ellesmere Island: (a) Case 1 (28 June 2019) was
characterized by sunny and calm conditions; (b) Case 2 (5 July 2019) was a foggy day and (c)
Case 3 (9 July 2019) was marked by the influence of a low-pressure system with high winds and
warm air advection. Red cross on the picture locates the automatic weather station on the ice
patch. Note that the daily solar radiation peak early in the morning due to the northeast orientation
of the ice patch.

3.7.4. Spatio-temporal evolution of the ice patch and late summer snow patches

at the scale of Ward Hunt Island

3.7.4.1. Distribution patterns

Perennial ice patches covered ~ 350 000 m? (2.5% of WHI’s total surface area) while the
semi-permanent ones covered a total of ~ 1 070 400 m? (8% of WHI’s total surface area) (Figure
39). WHI features ~20 main individual perennial ice patches. They mostly have an elongated shape
(Mean aspect ratio of 4.1£2.3) and have a minimum extent of ~ 20 000 m? on average (Figure S2-
15). Their distributions with respect to elevation, landforms, slope aspect, and wind and solar

radiation exposure are summarized in Figure 39.
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Figure 39. Map of the seasonal, semi-permanent and perennial ice patches on Ward Hunt
(WHL=Ward Hunt Lake). Graphs show the distribution of the perennial ice patches with respect
to topo-climatic parameters. Maps of topographic position index (TPI), slope aspect, wind
exposure index and potential incoming solar radiation (PISR) index are presented in Figure S2-2.

Most of the ice patches are found at lower elevations (mean=67+6 m a.s.l) and are preferentially
present on lower concave slopes, cliff base and flat terrain. Easterly-facing slopes and wind-
sheltered slopes (wind velocity index <0.4) are most favourable to the presence of ice patches. In
contrast, the effect of exposure to insolation is more difficult to detect because most ice patches are
present in moderately exposed areas (Potential incoming solar radiation index ~0.5). There are no

ice patches over the areas that received the largest amount of solar radiation (PISR index >0.8).

3.7.4.2. Temporal evolution

At WHI, the evolution of the mean annual air temperature (MAAT) shows a period of
relative stability from the 1950s to the end of the 1980s, being —20.1 +0.7 °C on average (Figure
40a). Since the early 1990s, in contrast, it increased rapidly by 3.5 °C to present (+1.16 °C
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decade™!). The warmest year was in 2016 (—15.4 °C), closely followed by 2010 (-15.8 °C). This
recent warming translated into an increase in the cumulative melting degree-day (PDD.ir) (Figure
40a). After three decades of cool summers (avg PDD.ir <60), a trend of increasing PDD.i: emerged
in the 1990s. Since 2000, abnormally warm summers (>2c of 1980-2010 avg PDD.jir) have been
recurrent as in 2003; 2008; 2011 and 2012, and particularly 2016 (PDD.ir =196). The shift in the
air temperature trend was also marked by larger interannual variability since warm summers
regularly alternate with cool ones exhibiting PDD.;: below 70 (e.g. 2004, 2005, 2013, 2014, 2018).
Closely related to the temperature conditions near the surface, the fog frequency, studied through
the summer (JJA) fog index, derived from the relative air humidity data from the SILA station, also
exhibited a high interannual variability from 2006 to 2017 (Figure S2-16a). Fog was more frequent
in August, but it mainly influenced the air temperature of July, since PDDs show a clear inverse

correlation with the fog index (Pearson’s correlation test, =—0.65, p<0.04; Figure S2-16b).

Extents of the late-summer snow and ice patches at the scale of WHI (47, m?) and the ice
patch IP1 (4;p;, m?) are given in Figure 40b. Over the island, Awni was highly variable between
the 8 years of analysis, ranging from 17x10° m? at the end of the cool summer 2018 (67 PDDai) to
3x10° m?in 2011 (133 PDDai). IP1 never disappeared over the study period, even in abnormally
warm summers 2008, 2011 and 2016 (>2c of 1980-2010 avg of PDD.i; Figure 40a). From 2001
to 2019, Api was 7 700 m? on average and similarly to Awn the interannual variability was high
(Std Dev.= 2 526 m?). The highest extent was measured in 2014 with 11 502 m? and the lowest one
in 2017 with 3 821 m?. Summer 2017 was particularly critical since the ice body was exposed to
ablation from the end of July (Figure S2-8). Behind the high interannual variability, there is no
statistically significant trend in the ice patch extent from 2001 to 2019 and the earlier sporadic

observations in 1959, 1984 and 1988 were of a comparable order of magnitude to the recent period.
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Figure 40. a) Reconstructed (NCEP/NCAR re-analysis, 1948-2002) and measured mean annual
air temperatures (2003-2019) (MAAT) and corresponding positive degree-days (PDDuai) for the
warm season from 1948 to 2019 at WHI. The colour solid lines represent the 5-year running mean
for MAAT (blue) and PDD.;, (red) and the green line marked the 1980-2010 average of PDD,
with black dashed lines representing the two-standard deviation line (-20 and +2a0). Summers with
PDD.ir above the +2¢ line are considered abnormally warm; b) Long-term evolution of extents of
the late summer snow/ice surfaces at the scale of WHI (Awny) and the ice patch IP1 (Aipi); c)
Relationship between Aip; and PDD.ir for the period from 2001-2019 with the colour scale of points
according to the previous summer PDDg;r (s-1), and d) Relationship between Aip; and the average
between PDD., of a given summer (sg) and PDD.ir of the previous summer (s.;). For ¢ and d, the
black line is the linear regression line and grey lines are the 95% confidence interval.

As suggested by Figure 40c, the minimum ice patch extent Aip; was inversely correlated with
PDD.ir of warm seasons for the period 2001-2019 (Pearson’s correlation test, r=—0.71, p<0.05).
The dispersion of individual years was mainly related to the PDD.i; of the previous summer (s.1).

Thus, averaging PDDaj: value of a given summer (so) with that of the previous summer (s.1) yields
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a much stronger correlation (Pearson’s correlation test, =—0.93, p<0.0001) (Figure 40b), meaning

that this averaged value is suitable for predicting the ice patch extent.
3.8. Discussion

3.8.1. Main mass gain to the ice patch system

Ice mass gain in IP1 occurred primarily through the aggradation of superimposed ice by the
refreezing of meltwater upon the old ice surface at the beginning of the warm season (Chap. 2).
Although inflows of water from upslope occur and contribute to feeding ice growth (Ballantyne,
1978; Lewkowicz and Harry, 1991), we consider that seasonal snow accumulation represents the

primary mass gain to the system.

Along the north coast of Ellesmere Island, precipitation is limited during the cold season,
being most likely lower than 100 mm from September to May as at Alert (Environment Canada,
2021). In addition, a significant part of this precipitation is lost by sublimation due to the dry and
windy conditions that prevail in winter. Estimating the sublimation rate is difficult but, at WHI, we
assume it is likely comparable to what Liston and Sturm (2002) reported for the north coast of
Alaska where more than 30% of the winter precipitation sublimates. These low precipitation
amounts are unevenly redistributed across the landscape by winds so that the overall snowpack in

polar deserts is thin and discontinuous (< 30 cm; Davesne et al., 2021; Domine et al., 2018a; Royer

et al. 2021), but locally significant amounts of snow can accumulate (Figure 30 and Figure 32) by
wind action. The proxy data from the SILA station emphasized that wind-driven processes — i.e.
the snow erosion, transport and deposition — are the main contributors to deep snow accumulation
in specific places (Figure 30). As shown in Figure 31, the topographic snow traps filled up quickly
at the beginning of the cold season (80% of SHmax was reached before January on average at SILA)
due to frequent winds above 6 m s' beyond which snow drifting starts to occur. Although
September-October is the snowiest period of the cold season (Figure S2-17a), the total amount of
precipitation is still too low to explain the rapid accumulation of deep snow. We consider that the
apparent high availability of snow at WHI is likely due to a virtually unlimited fetch created by the
smooth surface of the surrounding cryosphere (i.e. ice rise, sea ice) (Benson and Sturm, 1993;
Pomeroy et al., 1997). Later in the winter, the retention capacity of the snow trapping sites rapidly

decreases as it reaches its equilibrium profile (Tabler, 1975) and the mass balance of snowdrift
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events then tended towards zero, regardless of the increase in precipitation at the end of the winter
(Figure S2-17a) and the magnitude of drifting snow fluxes (Figure 31) (Benson and Sturm, 1993;
Mases et al., 1998; Sturm et al., 2001).

The equilibrium profile of the seasonal snow accumulation is primarily controlled by
topography (e.g. a break of slope caused by a cliff base in the case of IP1; Figure 33 and Figure
39). The interannual variability of maximum snow accumulation in topographic niches does not
appear to be affected by the amount of precipitation during the cold season (Figure S2-17b), but it
is strongly modulated by wind conditions (speed and direction; storm frequency). Wind data show
that the prevalent westerly orientation of the strongest winds is repeated year after year, as it is
mainly driven by the synoptic-scale air mass circulation along the Ellesmere coast (Figure 30b;
Figure S2-3). The frequency and magnitude of wind events, however, are subject to important
interannual variability as highlighted by the calculation of the wind index (Figure 30a, c). The
contrasted snow conditions observed over the 2016—2019 period at the SILA site (Figure 30a, c)
and IP1 (Figure 32) are clear evidence of the effects of varying winter wind intensities on the
maximum volume of snow that accumulates in snow traps. Figure 41 shows that SHmax is
positively correlated with the number of wind events in the range of 4-10 m s!, the range for snow
saltation transport (Li and Pomeroy, 1997). These conditions are favourable to substantial erosion
in exposed terrain and re-deposition in sheltered sites where wind velocity is lower (e.g. winters
2017/18; 2018/19; Figure 30 and Figure 32). Conversely, SHux is inversely correlated with wind
events above 15 m s~!, the thresholds for snow transport by suspension (Pomeroy, 1989). Such
winds are associated with high erosion and sublimation rates and are unfavourable to accumulation,
even in sheltered areas, due to high turbulences (Pomeroy, 1989). It results in a lowering of the

equilibrium profile which leads to a decrease of SHyax (e.g. winter 2016/17).
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Figure 41. Scatter plots showing the relationship between the frequency of wind events and the
maximum snow height (SHna) observed at the SILA site (left Y-axis) and the maximum snow
volume (Vinow) measured on IP1 (vight Y-axis). a) for wind events in the range of 4-10 m s~ b) for
wind events with speed > 15 m s'. The dashed black lines are linear regressions for the SILA
Station only.

An additional explanation for Figure 41 is the indirect effect of wind on snow redistribution
through its influence on snow properties and its ability to be eroded. Under strong winds, snow
grains are rapidly fragmented by mechanical metamorphism forming a hard dense wind slabs made
of small and mostly rounded grains (Domine et al., 2002). The hardness and density of this snow
are generally proportional to the wind speed during the snow accumulation. Thus, stronger winds
produce a snowpack with a higher threshold for erosion (Jaedicke and Sandvik, 2002) so that the
snow will be less likely to be eroded during moderate wind events (4-10 m s~ ') which limits snow
supply. Although denser snow increases SWE, this does not balance out the reduced snow supply

to the ice patch system (Figure 32).

From our interpretations, we thus suggest that the high frequency of moderate wind events
(4-10 m s™!) represents the best conditions for snow trap filling (e.g. 2018; 2019, Figure 30 and
Figure 32) while a high frequency of strong wind events (>15 m s™') considerably limits

accumulations even in the most sheltered sites (e.g. 2017; Figure 30 and Figure 32).

3.8.2. Factors controlling the summer ablation

At the beginning of the warm season, snowmelt becomes important as soon as the upper
snow layers reach the melting point (Figure 36 and Figure S2-12) so that all energy inputs to the
snow surface are almost exclusively consumed as latent heat by melting or sublimation of the snow,

which represents the main energy sink in the surface energy balance (SEB) of the snow surface
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(Figure 37). During the study period 2019, the SEB was dominated by net radiation (74%) which
is consistent with what has been reported by other studies addressing the melting of seasonal snow
cover and snow patches in the Arctic (e.g. Boike et al., 2003a,b; Heron, 1979; Westermann et al.,
2009; Young and Lewkowicz, 1990) and in Antarctica (Leppéranta et al., 2013). The daily
variability in the energy gains, however, was primarily driven by the evolution of turbulent fluxes
and in particular by the sensible heat flux (Qh). Turbulent fluxes are closely related to weather
conditions (air temperature, relative humidity, wind speed) and are therefore expected to be highly

variable in time and space and to be strongly impacted by climate fluctuation.

3.8.2.1. Synoptic control on surface energy balance and melt rate

The severity of the ablation depends on weather patterns which themselves are controlled
by the synoptic situation that develops over the Arctic Basin. The analysis of the 3 cases detailed
in Figure 38 has allowed us to identify fog and wind speed as key meteorological variables for ice
patch ablation, the first by reducing it and the second by increasing it. Their occurrence was
examined in the regional context to determine under what synoptic-type situations they typically

occur along the northern coast of the Canadian High Arctic (Alt, 1987; Table S2-3).

Fog represents the most favourable condition for ice patch preservation since it reduces
incoming solar radiation and causes a drop in the air temperature of the boundary layer around the
freezing point (Case 2, Figure 36, Figure 38 and Figure S2-14). Heat gains by O/ then become
negligible which considerably limits ablation. Fog forms under high-pressure systems over the
Arctic Ocean or shallow low patterns characterized by low wind, which favours persistent
temperature inversions and high humidity (synoptic Type I of Alt, 1987) (Figure S2-14; Pope et
al., 2017). Along the north coast of Ellesmere Island, fog forms when near-surface air is cooled
and becomes laden with moisture as it circulates over the fractured melting sea ice (early July in
2019). The frequent fog cools the summer climate of the North coastal fringe considerably (Figure
S2-16b; Table 3; Maxwell, 1981). This “Arctic Ocean effect” (Edlund and Alt, 1989) is the main
explanation of the large number of late summer snow patches and perennial ice patches along the
Northern Ellesmere Island coast as well as of the sharp lowering of the glacier equilibrium line
altitudes (ELAs) which favours the preservation of glacial systems down to low elevations, such

as the Meighen Ice Cap (Koerner, 2005) and the Ward Hunt Ice Rise (Braun, 2017). Mueller and
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Vincent (2006) suggested that the distribution of fog at the local scale can explain the contrasting

surface ablation pattern observed on the Ward Hunt Ice Shelf.

Wind, on the other hand, represents the unforable condition for the preservation of ice patches
for several reasons. First, wind is a limiting factor in fog formation. Windy summers are therefore
generally less foggy (Figure S2-16¢). Wind also prevents the formation of the stable cold air layer
above the snow/ice surface that allows thermal inversions to develop (e.g. colder temperature at
0.5 m than at 2 m above the snow surface observed in Case 1; Figure 36, Figure 38) (Mott et al.,
2011). Finally, wind significantly enhances turbulent heat transfers to the snow/ice surfaces. Even
more ablation occurs when strong winds are combined with warm temperatures (e.g. 6 July 2017,
Figure 36; Case 3 in Figure 38; Figure S2-14). Such conditions were brought by low 500-hPa
geopotential heights centred on southern Ellesmere and high pressures over Greenland, dragged
warm (TA at 850 hPa > 5°C) and moist air to the northern Ellesmere by southeasterly airflow
(Figure S2-14; Type Il to Type III classes, Alt, 1987). This configuration is also known to sustain
high melt rates of glaciers and sea ice in the northern Canadian Archipelago (Pope et al., 2017).

3.8.2.2. Dirty ice exposure

Ice exposure and its timing are also factors that greatly influence summer ablation since it
drastically alters the albedo. As illustrated by Figure 42, the optical properties of the ice patch
surface can vary greatly throughout the summer and from one year to the next. When seasonal
snow persists for a long time on the ice patch (e.g. 2018 and 2019; Figure 42 and Figure S2-6), the
albedo remains high which favours the preservation of the underlying ice body. In contrast,
summers with severe ablation or limited snow thickness (e.g., 2017) are marked by the rapid
exposure of superimposed ice, resulting in a drop in surface albedo from ~ 0.6 for the old snow to
0.4 for clean white ice (Gardner and Sharp, 2010), hence increases the absorption of solar radiation
and ice patch melting. This shift in surface albedo is even more drastic when the exposed ice is
sediment-rich or gets covered with a thin layer of sediment through melt concentration and from
upslope runoff (Chap. 2). This can lower the surface albedo to 0.2 (Young and Lewkowicz, 1990;
Fujita et al., 2010). Summer snowstorms, such as in 2017 (Figure 35), can significantly increase
the surface albedo of the ice patch. However, the melting of this summer snow is generally fast
(within a few days) and this kind of event is rather unusual so that the effect on the energy balance

is very limited during the warm season.
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The relationship between ice exposure and ablation intensity yields significant positive

feedback in which the stronger the ablation, the earlier the ice is exposed which enhances ablation.

2017-07-19 2017-07-23 2017-07-31 2017-08-06

2018-07-31 2018-08-19

Figure 42. Time-lapse photographs of the ice patch during the melt season 2017 and 2018 showing
a contrasting situation in terms of surface albedo. In 2017, the pronounced ablation led to
progressive exposure of the dirty ice surface giving a dark colouration to the ice patch while in
2018 the seasonal snowpack persisted throughout the summer.

3.8.2.3. Small-scale processes

Repeated TLS surveys highlighted the small-scale variability in melt rate (Figure 34) that
reflects the development of local processes related to heat advection (i.e. lateral heat transport),

either by wind (turbulent heat) and by running water.

In the case of IP1, the westerly prevaling wind produced local advection of sensible heat
from the upwind blocky ground surfaces towards the western edge of the ice patch (Figure 34). As
the season progresses, the advection process becomes more pronounced due to the reduction of
snow-covered areas around the ice patch (Figure 35), which enhances the turbulent exchange
between the solar-heated ground and the air. As a result, the melt rate increased faster on the upwind
edge than on the downwind edge (Figure S2-7). Such local-scale heat transfers towards patchy
snowpacks have also widely been documented in the alpine context (e.g. Essery et al., 2006; Mott

etal., 2011, 2017).

Advection of heat by running water can also have a significant impact on local-scale
ablation as explained by the higher melt rates measured along the upper edge of the ice patch
(Figure 34) Inflow of water to the ice patch system leads to strong ablation by thermal-erosion

processes (Fortier et al., 2007) as indicated by a series of linear channels, sometimes up to 100 cm
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deep and 50 cm, carved into the ice patch (Chap. 2). At WHI, Paquette et al (2015) reported an
analogous process involved in the development of the inshore moat in the ice cover of the Ward

Hunt Lake due to water inflow from the slope that increases Qh and the melting rate.

These local processes are strongly conditioned by the ground surface thermal regime in the
surrounding areas. Any change in the ground surface conditions (e.g. albedo, vegetation, and

hydrology) could therefore greatly modify the intensity of heat advection to the ice patch systems.

3.8.3. Spatial distribution of the ice patches at the landscape scale

Topographical settings and wind conditions are the most important factors explaining the
distribution of the ice patches at WHI (Figure 39) by affecting the spatial patterns in snow
accumulation and melt rates. Most of the ice patches lie along the break-of-slope between steep
hillsides and lower gentle slopes (Figure 33, see “cliff base” in Figure S2-2) where the snow
retention capacity is highest. Since the strongest winds are predominantly from the west, east-
facing slopes are the most snow-laden. The variability in melt rate at the landscape scale depends
primarily on the spatial variations in the potential incoming solar radiation (PISR) received at the
surface, the main component of the SEB. At the latitude of WHI, the sun elevation angle reaches a
maximum of 30° during the summer solstice so only the steepest south-facing slopes receive a
substantial heat gain by solar radiation (Figure 43a). Exposure to the prevailing winds is also a
critical factor for ice patch preservation since the second main component of the SEB is Oh (Mott
et al., 2011). A simple simulation implemented in ArcGIS (Figure 43b) allows visualizing the
spatial distribution of O/ during a disturbed weather event similar to Case 3 detailed in Figure 38

(see Appendix A2-8 for details).

We assume a homogeneous temperature of 6°C and an average wind of 5 m s™! at the IP1
site from the west (Figure S2-11). The model demonstrates that predicted turbulent heat fluxes are
3 times higher in the wind-exposed sites such as the hill ridges than in sheltered sites as in [P1. The
combination of enhanced snow accumulation and less turbulent sensible heat fluxes therefore
explains the preferential location of the ice patches on the east-facing slopes on WHI while the

important radiative heating explains their absence in south-facing slopes (Figure 39).
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Figure 43. Spatial variation of (a) the total potential incoming solar radiation (PISR, W m~?) from
June to September and (b) of the mean hourly turbulent sensible heat flux during a hypothetical
high wind event (5 m s~ from the west at IP1) with an air temperature of 6 °C. The black cross
shows the location of the ice patch IP1.

3.8.4. Sensitivity of the ice patches to climate change

3.84.1. Long term evolution

The significance of the ice patch to the polar landscape and ecosystem development
(Christiansen, 1998; Woo and Young, 2003) makes their long-term preservation a key issue for the
stability of the polar eco-geosystem. Based on historical data on the ice extent at WHI, we assume
that the ice patch IP1 has never completely melted over the last few decades insofar as it withstood
the recent series of abnormally warm summers since the late 2000s (Figure 40a and b). This
confirms the previous findings of Chap. 2 when suggested, based on the analysis of ice cores
retrieved from the ice patch IP1, that the ice is likely at least several centuries old, potentially even
dating back to the end of the Mid-Holocene Warm Period. As such, despite its limited size, the ice
patch IP1, and more broadly the whole ice patch systems of WHI, seem less sensitive to climate
change than the nearby cryosphere which has experienced an unprecedented decline over the last
two decades (Braun et al., 2004; Mueller et al., 2003; 2017; Paquette et al., 2015). The current
preservation of ice patches until today, despite the recent warmer summers, is indicative of a partial
decoupling of their dynamics from the climatic trend due to the primary control by the
topographical constraints. This confirms the early findings reported for ice patches (Fujita et al.,
2010; Lewkowicz and Harry, 1991; @degird et al., 2017) and glacierets (e.g. DeBeer and Sharp,
2009; Kuhn, 1995; Hoffman et al., 2007).
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We suggest that the key factor in maintaining a long-term mass balance close to zero at WHI
is the development of a negative feedback between summer ablation and winter accumulation.
Indeed, for ice patch systems fed by drifting snow, winter accumulations are generally negatively
correlated with the end-of-summer ice patch size and volume because the amount of new snow that
can accumulate in the system in winter will depend on the space available in the topographic niche
(Glazirin et al., 2004). However, the three years of data in IP1 show that this relationship is not
straightforward since snow availability is modulated by wind conditions which can favour (4—10
m s ! winds) snow loading after a summer of low ablation (e.g. 2017/18, Figure 32) or limit it (>15

m s~ winds) after a summer of strong ablation (e.g. 2017/17, Figure 40).

This negative feedback mechanism dampens the effects of climate variations on ice patch
mass balance but does not suppress them since the summer ablation remains greatly influenced by
the air temperature. Despite the rapid warming over the last two last decades (Figure 40a), we
believe that the key element in the current preservation of the ice patches at WHI is related to the
regular alternation between abnormally warm summers and cool summers with PDDy;; close to or
below 1980-2010 climate normal. Cool summers allow the ice patch to regenerate by promoting
aggradation of superimposed ice which increases ice patch resilience to a warm summer (e.g. 2016)
(Chap. 2). For the investigated ice patch IP1, correlations between PDD.i; and the minimum ice
patch extent (Figure 40c and d) suggest that average PDD.;ir of two consecutive warm summers

exceeding 200 would be detrimental to its preservation.

3.8.4.2. Potential future evolution

According to the Coupled Model Intercomparison Project 5 (CMIP5) ensemble simulations
under the intermediate RCP 4.5 greenhouse gas concentration scenario (Taylor et al., 2012), the
mean annual temperature is modelled to increase by 3 °C by 2050 on the northern coast of
Ellesmere Island. Sea ice extent in the Arctic Basin would consequently continue to decline rapidly
which has the potential for a large increase in sensible and latent heat fluxes from the open ocean
to the atmosphere. This would exacerbate the rise in air temperature in fall (+4.5 °C) (Figure S2-
18a) and lead to a modification of Arctic cyclone characteristics with more frequent and more
severe storms, especially in fall (Akperov et al. 2019; Oh et al., 2020), as revealed by projected
negative sea-level pressure anomaly on the northern coast of Ellesmere Island by the CMIP5 model

(Figure S2-18b). This phenomenon would be associated with a substantial increase in precipitation,
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especially in fall (+28%) and winter (+29%) by 2050 (Fig. S18c). Regional increase in cyclonic
activity is also expected to result in more extreme surface winds for the coming decades

(Mioduszewski et al., 2018; Oh et al., 2020).

These expected climate changes will produce contrasting effects on the snow regime at WHI.
On the one hand, increased precipitation (Figure S2-18c) could bring increased snow availability
during the cold season with the potential of higher snow drifting. On the other hand, the increase
in cyclonic activity would potentially be accompanied by more frequent extreme wind events (>15
m s 1), providing less favourable conditions for a complete snow filling of the topographic niches
with a situation like that observed in 2017 becoming more frequent. Projected increases in air
temperature could alter snowpack conditions, particularly in the fall, with potentially wetter snow.
In addition, an increase in rain-on-snow events in winter is also projected across the High Arctic
due to more frequent warm spells (Bintanja and Andry, 2017). Although rain-on-snow events are
unlikely at the latitude of WHI by 2050 during winter, they could occur in fall (Sept-Oct). A wetter
snowpack with ice layers would then be less likely to be eroded and transported. Warmer conditions
in winter and spring would also increase the temperature of the end-of-winter snow and the
underlying ice body, reducing the duration of superimposed ice growth (lower cold content) in
early summer (Chap. 2). Water from in situ snowpack melt would leave the system quickly in
spring rather than contributing to ice patch mass gain by being stored as superimposed ice.
Therefore, despite increased precipitation, we anticipate that climate change will result in a decline

in mass inputs to the ice patch system.

Although summer warming is expected to be moderate by 2050 (+1 °C) under the scenario
RCP4.5 (Figure S2-18), it would suffice to bring mean PDD.;r above 150, which is twice the mean
value for the period 1980-2010 (Figure 44), resulting in a more intense and longer melt season.
The threshold of 200 PDD.;; (average of two consecutive summers) that would lead to the complete
melting of IP1 could thus be crossed episodically by 2050. Several positive feedback loops could
be triggered in response to rising air temperatures, leading to an exponential increase in ablation
and that could cause the loss of permanent ice patches to occur even faster than expected. At the
scale of ice patch systems, the complete disappearance of the seasonal snowpack is likely to
become more frequent and to occur earlier, exposing dirty ice as in 2017, and thus further

enhancing ice ablation. Also, early melt of the seasonal snowpack in spring around ice patches
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would lead to more intense warming of the soil surface, enhancing heat advection processes and

thus melting of the ice patch margins.
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Figure 44. Projection of summer temperature at Ward Hunt Island to 2050 based on the Coupled
Model Intercomparison Project phase 5 (CMIPS5) for the scenario RCP4.5 ensemble average (Data
from Climate Change Institute, 2021). Modelled summer (JJA) air temperature anomalies at 2 m
over the period 1980-2050 are presented along with the 2 years running mean of the PDDg;, at
Ward Hunt Island reconstructed from NCEP-NCAR reanalysis for the period 1980-2005 and
measured at SILA for the period 2005-2019.

How fog and wind conditions will evolve under a warmer Arctic climate is also a key
element in assessing the fate of ice patches. These two variables are closely related to each other
because they both depend strongly on sea ice conditions in the Arctic Basin. First, an increase in
open water surface will likely produce more frequent fog and thus preserve the coastal cryosphere,
giving rise to a negative feedback that could counteract, or at least dampen, the effect of
temperature warming. However, the expected enhanced cyclonic activity and stronger surface

winds in summer would result in unfavourable conditions for fog formation (Figure S2-16¢). In

addition to limiting fog, the more frequent wind in summer would increase turbulent heat transfer
to ice patch systems with a potentially higher frequency of strong melting events (e.g. Case 3;
Figure 38). Finally, the higher humidity in the Arctic Basin could also result in increased cloud
cover which, unlike fog, would enhance surface warming by emitting more long-wave radiation

(Huang et al., 2021).

Because of their limited size (Figure S2-15), ice patches have a short response to the annual
climatic signal compared to larger ice masses. Even after a long period of continuous existence,

they can disappear extremely rapidly (within 1 or 2 years) when summer temperatures become too

137



warm for local topo-climatic factors to support the preservation of ice masses. Based on the recent
evolution of the ice patch IP1 and regional climate projections, we speculate that most of the ice
patches at WHI will lose their perennial status in the next decade, turning into semi-permanent ice
patches or even snow patches, as has already happened further south in the Arctic (Woo and Young,
2014). A cycle of ice patches destruction-restoration following short-term fluctuations in summer
conditions (e.g. Arctic and North Atlantic Oscillations; Holland, 2003) will create a higher
interannual variability in the water supply to the ecosystem, with likely important consequences

for the evolution of vegetation and geomorphic processes.

3.9. Conclusion

This study provided the first investigation of the surface mass and energy balance of a
perennial ice patch along the northern Ellesmere coast where these small ice masses are ubiquitous
in this polar desert environment. The primary objective was to identify the key regional and local
factors controlling winter snow accumulation and summer ablation on an ice patch system to

understand its long-term evolution and speculate on its future fate in the context of climate change.

At the scale of the landscape, the distribution of the ice patches reflected spatial patterns of
sites of anomalous snow accumulation and minimum ablation which predictably always occur at
the same locations since they are mainly dependent on topography and wind field configuration.
Despite the aridity of the region, topographic depressions and breaks of slope accumulate a large
amount of snow due to the large fetch around WHI that provides a large influx of snow through
wind-driven processes. Snow trapping sites fill up quickly at the beginning of the cold season.
However, the equilibrium profile of deep snow accumulation that determines the total volume of
snow trapped displays pronounced interannual variability. We showed that this was primarily
related to the frequency and magnitude of winter wind events, since frequent but not excessive
winds (4-10 m s !) are conducive to significant deposition, whereas a high recurrence of strong

winds (>15 m s!) results in intense snow erosion.

Although net radiation was the main source of heat (74% of the net energy gained), the short-
term variability in the melt rate was mainly explained by changes in sensible heat fluxes. In addition
to air temperature, we highlighted that fog frequency and wind intensity are two key factors
controlling the ablation of the investigated ice patch. Fog episodes typically suppress melt by

limiting solar radiation and sensible heat flux due to thermal inversion. The high frequency of fog
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in summer along the northern Ellesmere Island coast is the primary reason for the preservation of
a large number of ice patches in the region. Wind, on the other hand, increases turbulent heat
transfer to the snow/ice surfaces. The highest melt rates were recorded during a disturbed weather
episode when strong winds were combined with warm air masses. The future frequency of fog

episodes and cyclonic activity will therefore be critical to the preservation of ice patches.

We established that the long-term evolution of IP1 was partially disconnected from the
climate trend of the last decades since it never melted completely despite a pronounced increase in
summer temperature and the rapid declining trend of the nearby cryosphere (i.e. Ward Hunt Lake,
ice rise and ice shelf). This apparent stability and resilience to the recent warming emphasized that
the ice patch system is modulated by a feedback mechanism that operates on winter accumulation
(i.e. greater accumulation after strong ablation, and conversely) and which dampens, but does not
eliminate, the effects of climate variations on ice patch dynamics. Despite this negative feedback
process that favours ice patch preservation, we speculate that continued rising temperatures will
lead to very critical conditions for the maintenance of the IP1 and other WHI ice patches over the
next decade. In addition, warming will cause a positive feedback as declining sea ice in the Arctic
Basin could lead to more intense cyclonic activity and thus increase the intensity and frequency of
strong wind events. Other critical changes in conditions such as the occurrence of rain-on-snow
events may further limit accumulation on ice patches. Reduced winter accumulation and enhanced
summer ablation make it highly probable that most ice patches at WHI and along the northern coast
of Ellesmere will turn into semi-permanent ice patches and snow patches in coming decades with

direct consequences on the supply of water and ecological evolution of polar desert ecosystems.
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3.11. Appendices A2

Appendix A2-1: Ground Penetrating radar (GPR)

GPR is a powerful tool for non-destructively imaging the subsurface and has already been
used to survey the stratigraphy and thickness of ice patches, (Meulendyk et al., 2012; Sakai et al.,
2006; Yamamoto et Yoshida, 1987). For this study, GPR data were sampled in standard reflection
mode with a step size of 1 m using a hand-held antenna. Because of the great difference between
the dielectric properties of the firn/ice and the underlying soil/bedrock, the detection of ice
thickness is reliable and requires minimal signal processing. This work was implemented with the
software EKKO project V2R3. The low-frequency noise of the signal was removed using the filter
“dewow” (Meulendyk et al., 2012). The conversion of the electromagnetic signal propagation time
to depth was made using a mean velocity (m ns ') deduced from common midpoint (CMP) surveys.
A topographic correction was applied to the GPR data based on terrestrial laser scan (VX spatial
station (Trimble ®) surveys and the ice thickness was extracted at 1 m interval along each track.

The ice thickness estimation was then validated with the ice coring made in 2017 (Chap. 2).

Appendix A2-2: Terrestrial Laser Scanning (TLS)

Measurement of the ice patch surface change was performed by repeated Terrestrial Laser
Scanning (TLS) surveys. The TLS consists of a highly accurate method to obtain dense point clouds
of a target surface. This method has already been used to monitor the melting of seasonal snow
cover, ice patches or glaciers (Fischer et al., 2016; Grunewald et al., 2010; Mott et al., 2019). We
used a VX spatial station (Trimble®, single 3D point accuracy 10 mm at <250 m). The deviation
in the z-direction between various scans, estimated using unchanged reference surfaces such as
boulders or rock outcrops, was lower than = 15 mm on average. The station remained at the same
location through the monitoring periods to reduce the potential error linked to the instrumentation
resettlement. The station position was linked to a geodesic landmark recorded using a Global
Navigation Satellite System (R8 GNSS; Trimble®, precision x—y + 8 mm and z = 15 mm).
Elevations obtained were corrected by the Canadian Centre for Remote Sensing and orthometric
heights were used. The postprocessing consisted of cleaning the point clouds using the commercial
software Trimble RealWork 7.1. They were subsequently used to create high-resolution 3D digital

surface models using a triangulated irregular network method in ArcGIS (Esri, version 10.5.1).
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Appendix A2-3: Time-lapse photograph

From the raw set of time-lapse photographs, only one image per day was selected for
analysis. Images captured in the afternoon were preferred because the ice patch is in the shadow of
Walker Hill, avoiding light saturation issues. For Zone B which focuses on the ice patch system
IP1, we relied on a set of 10 georeferenced images, including orthomosaics derived from unmanned
aerial vehicle (UAV) surveys undertaken during the 2019 melt season and aerial photograph taken
in summer 2017, to convert the snow/ice cover fraction derived from the time-lapse camera into a
horizontal projected areal extent (4, m?). The georeferenced images were analyzed in ArcGIS to
manually delineate the perimeter of IP1 and extract the horizontal projected areal extent. The
relation between the fraction area and the corresponding value of areal extent is shown in Figure

A2-1:
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Figure A2-1. Relation between the fraction of area of the IP1 system derived from the time-lapse
camera and the corresponding value of areal extent derived from detection on ArcGlIS.
Appendix A2-4: Wind speed estimation

The wind data at IP1 were extrapolated from the time series of the SILA station recorded
the 10 m-high anemometer of the SILA station. The first step was to extrapolate the wind speed
for a height of 2 m, corresponding to the height of the anemometer installed in 2019 at IP1. This
extrapolation was based on the logarithmic wind law that is generally been used to model the

vertical profile of wind speed over flat terrain (Oke, 1987) as:
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with WS is the wind speed at a height of 2 m above ground level (z), v.ris the wind speed
measured at z..r of 10 m, zy is the roughness length. Since the terrain around SILA consists of a
gravelly surface, we assumed a zp of 0.01 m. We then used the relationship between the average
hourly wind speed (m s !) recorded by the automatic weather station (AWS) installed on IP1 during
the study period 2019 with the data extrapolated for a 2 m-height at SILA station. Figure A2-2
shows the good relationship between both data sets (R?=0.71). The equation associated with the
linear regression line (WSip1=0.6087 x WSsi14+0.4832) was used to estimate the wind speed at 2
m on [P1 in 2017.

WS (m s~) - IP1
N [9%] =N [#] [e)] -~ [00] [{e]

y = 0.6087x + 0.4832
R2=0.7153
RMSE=1.39

8 10 12 14
WS (m s) - SILA

0 2 4 6

Figure A2-2. Correlation between the hourly average wind speeds derived from SILA
measurements adjusted using equation A2-1 for a 2m-height level at the SILA station from time-
series provided by the anemometer at 10 m and by the AWS on IP1 during the study period 2019.
The red dashed line represents the linear regression line.

Appendix A2-5: Surface Energy Balance

The turbulent heat fluxes Oh and Qe (W m™2) were calculated based on the bulk aerodynamic
approach, including stability correction, as formulated by Price and Dunne (1976). This method is

based on differences in wind speed, potential temperature and specific humidity between the
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measurement level and the surface. It has been successfully applied to estimate the SEB of melting
snow surfaces (Boike et al., 2003a; Young and Lewkowicz, 1990). Equations (A2-2) and (A2-3)
describe the calculation method of Qh and Qe, respectively using measurements of wind speed,

temperature, and humidity at the 0.5 m level:

Oh=p,xC,xD(T,~T,) (A22)
Oc=p, x L x D22 e, —e,) (A23)

where p, and C, are the air density (1.27 kg m ) and specific heat of air (1.005 x 103 J kg™!
K™, D is bulk exchange coefficients, T, and Ty air the air and snow surface temperature
respectively, L, is the latent heat of vaporization or sublimation (being 2.48 x 10° J kg ! and 2.83
x 10 J kg !, respectively), AP is atmospheric pressure (mbar), e, is the air vapor pressure and ess
the saturated water vapor pressure over the surface of a melting snowpack. The snow surface
temperature 7§ has not been measured but it is assumed to be 0°C when the 7, is positive and to

be equal to 7, when Ty is negative.
For neutral conditions, D is equal to the momentum D,:

D - WS k2 (A2-4)

oy
where WS. is the wind speed (m s™!) at height z, Kk is von Karman’s constant (0.4) and zy is
the roughness length. For the snow, zy values of 0.001 to 0.005 m are commonly assumed (Bash et
al., 2020; Liston and Hall, 1995). Here, we calculated the turbulent fluxes with an intermediate
value of zp =0.0025. Given the relative importance of the surface roughness, a sensitivity analysis
was performed using values of 0.001 and 0.005. It resulted in <10% change to melt energy (Om)

on average at the scale of the study period, considered here as a small error.

Under conditions other than neutral, D is adjusted with the bulk Richarson number (R;)

expressed as:

R &L-L)

ST (A2-5)

where g is the gravitational constant.
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Under stable conditions R; < 0:

D
D=—"— (A2-6)
(1+10R))
Under unstable conditions R; > 0:
= —Dm (A2-7
(1-10R) 7

The heat flux by conduction through the snowpack (Qc, W m?) was calculated from the
temperature gradient between the temperature of the snow surface (7,) and the snow temperature
at —25 cm (7Tsow) and using the average snow thermal conductivity measured during snowpit
excavation on 6 June 2019 (Figure S2-5). Since the upper thermistor was at 40 cm below the snow
surface, we linearly interpolate the snow temperature at 25 cm below the surface from the

temperature profile.

Oc was expressed as:

Oc = (A2-8)

where AT is the temperature gradient between the snow surface and the snowpack bottom
and R is the thermal insulance of the snow. Rt (m? K W!) can be calculated from the thickness /
(m) and thermal conductivity ke (W m™' K'') of the various snow layers (i) that comprise the

snowpack as (Domine et al., 2016a):

h,
R = Zk—’ (A2-9)
effi

Appendix A2-6: Topographical variables derived from a DEM

Elevation (in m a.s.l.) and slope aspect (expressed as eight cardinal directions) were
obtained using ArcGIS spatial analyst tool. The slope position classification (cliff base/depression,
lower slope, flat surface, middle slope, upper slope, ridge) were extracted from the DEM using the
ArcGeomorphometry extension (Rigol-Sanchez et al., 2015) through the calculation of the
Topographic Position Index (TPI) based on the algorithm developed by Weiss (2001). The potential

incoming solar radiation (in Wh m2) was calculated using the Solar Radiation analysis tools in
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ArcGIS for the melt season period (June to August). Finally, the wind exposure index was obtained
from a model of wind flow field over WHI implemented using WindNinja which is a wind model
suitable to capture topography-induced flow features (Forthofer et al., 2014). The wind input is
parameterized based on the prevalent direction and average wind speed recorded at the SILA-CEN

weather station from 2005 to 2019.

Appendix A2-7: Longterm air temperature reconstruction

NCEP/NCAR re-analysis was used to reconstruct long-term near-surface air temperature at
Ward Hunt Island. This re-analysis provides mean monthly air temperature (MMAT) data from
1948 t0 2019 in a 2.5° x 2.5° grid at 1000 hPa (i.e. ~ at sea level). Data reconstruction was achieved
by combining various data sources such as upper air radiosonde, aircraft and satellite observations,
and land surface (e.g. regional meteorological stations) and oceanic reports (Kalnay et al., 1996).
The raw MMAT re-analysis data were debiased by calculating the mean monthly bias with respect
to MMAT measured by the SILA weather station over the period 2002-2019. The good
correspondence between the debiased re-analysis data and the MMAT measured by the SILA
weather station (Figure A2-3) shows that the NCEP/NCAR reanalysis is suitable to reconstruct

long-term air temperature evolution on WHI.

-
o

10

NAVAVAVAVAV]

-40 + ——Debiased NCEP/NCAR
——Measured SILA
+

R* = 0.9903

o

p-value < 0.0001 7
RMSE = 1.204 °C .5,;'
+ _4‘

MMAT (°C)
NCEP/NCAR MMAT [*C]
3 3

&
=]

IN
o

-50 t + + + + t t t
Aug-2005 Apr-2006 Dec-2006 Aug-2007 Apr-2008 Jan-2009 Sep-2009 May- 2010 Jan- 2011 40 10

30 20 10 0
Time (mmm-yyyy) Measured MMAT [*C]

Figure A2-3. Left: Time series of the debiased NCEP/NCAR re-analysis MMAT and measured
MMAT from August 2005 to December 2019. Right: Scatter plot of reconstructed versus measured
MMAT. RMSE = Root mean square error.

Appendix A2-8: Map of turbulent sensible heat flux
The map the spatial evolution of hourly turbulent heat fluxes Ok (Figure S2-16b), we relied
on a GIS-based model (Pohl et al., 2006). The model was built in a simplistic way to represent the
spatial heterogeneity in O/ during a disturbed weather episode as the Case 3 (9 July 2019). We
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assumed a homogeneous air temperature of 6°C at all levels, a melting snowpack, and an average
1

westerly wind of 5 m s at the site of IP1 (Figure S2-11). We first computed a map of the
topography-induced flow features at the WHI scale using WindNinja. Then, we calculated in
ArcGIS the turbulent heat flux for each pixel of the raster based on equation A2-2 using the Math

Algebra tool (Spatial Analyst Tools).
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3.12. Supplementary material S2

Table S2-1. Details of monitoring instruments

Variable Site Symbol (unit) Instrument height (m) Instrument source Accuracy Range Record period

Snow height SILA-AWS  SH (cm) Sonic distance sensor 1.5 SR50, Campbell Sci.  +1ecm 0.5t0 10 m 2005-2019

‘Wind speed SILA-AWS WS (ms™) Anemometer 10 05103-10RM Young =03 ms’! 0to 100 m s’ 2005-2019

Wind direction SILA-AWS DIR (%) Anemometer 10 05103-10 R M Young  =3° 0 to 360° 2005-2019

Air temperature  SILA-AWS TA (°C) Thermohydrometer 15 HMP35CF Vaisala +0.2°C -53 to 48°C 2005-2019

Relative humidity SILA-AWS RH (%) Thermohydrometer 15 HMP35CF Vaisala 2% (0-90%) 0-100% 2005-2019

Air temperature IP1-AWS  TA (°C) Temperature logger 15 Hobo U22-001 Onset  =0.21°C -40 to 70°C 10 Jun -10 Jul 2017

Air temperature IP1-AWS  TA (°C) Thermohydrometer 05/2 S-THB-MO002 Onset® +0.21°C -40to 75°C 10 Jun -19 Jul 2019

Relative humidity IP1-AWS  RH (%) Thermohydrometer 05/2 S-THB-M003 Onset® =£2.5% 0-100% 10 Jun -19 Jul 2019

Wind speed IP1-AWS WS (ms™) Ultrasonic anemometer 2.5 WindSonic 4 Gill instr. £2% at 12m sl 0-60 m 57! 10 Jun -19 Jul 2019

‘Wind direction IP1-AWS  DIR(7) Ultrazonic anemometer 2.5 WindSonic 4 Gill instr. £2°at 12ms?  0-360° 10 Jun -19 Jul 2019

Shortwave rad. . ) .

(incoming) IP1-AWS SW| (Wm?) Pyranometer 1 Kipp & Zonen SP-Lite <10% 04to 1.1 um 10 Jun -19 Jul 2019

Net radiation PI-AWS  Qr(Wm?) Net radiometer 1 Kipp & Zonen NR-Lite =5-10 Wm?  02t0 100 um 10 Jun-19 Jul 2019

Atmos. pressure IP1I-AWS AP (kPa) Pressurs sensor 2 Hobo U20L-04 Onset® =62 mbar 0to 1450 mbar 10 Jun -19 Jul 2019

Snow temperature IP1-AWS T oo (°C) Thermustors 0.05;03;06,  Geocryolab =0.1°C -40 to 70°C 10 Jun -19 Jul 2019
09:12;15:19

Discharge Flume Qf (cm® gl Water level sensor Hobo U20L-04 Onset® =62 mbar 0to 1450 mbar 10 Jun -19 Jul 2019
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Table $2-2. Summary of the micrometeorological variables; i.e. mean daily atmospheric pressure
(AP in hpa), mean daily, maximum and minimum air temperature (TAdait, TAmax; TAmin, in °C),
mean daily relative humidity (RHaaiy, in %), maximum 15-min average wind speed (WSmax, in m s~
1), mean daily maximum wind speed (WSaaiy in m s~') and mean daily incoming solar radiation
(SW|, W m™) recorded by the AWS and the resulting terms of the surface energy balance; i.e. net
radiations (Qr, W m™), sensible heat fluxes (Oh, W m™), latent heat fluxes (Qe, W m™), the melt
fluxes (Om) and the melt rate (mm d! w.e.) on the ice patch IP1 for the three different cases that
reflected the dominant conditions encountered in summer along the north coast of Ellesmere. Case
1 (28 June 2019) was characterized by sunny and calm conditions, Case 2 (5 July 2019) was a
foggy day; Case 3 (9 July 2019) was marked by the influence of a low-pressure system and overcast

conditions.
Case 1 (28 June) Case 2 (5 July) Case 3 (9 July)

AP (hPa) 1029 1016 1010
TAdaily 0.5 m (°C) 2.2 -0.4 4.3
TAmax 0.5 m (°C) 4.6 2.1 8.2
TAmin 0.5 m (°C) 0.9 -1.2 0.8
RH 0.5 m (%) 81.9 99.1 82.9
TAdaily 2 m (°C) 3.1 0.3 4.6
TAmax 2 m (°C) 5.8 2.3 8.1
TAmin 2 m (°C) 1.9 -0.7 2.1
RH 2 m (%) 80.2 97.9 82.4
WSaaily (M s71) 1.5 2.1 3.9
WSmax (m s71) 3.1 3.8 7.86
SW | mean (W m?) 347.5 228.8 239.8
Qr (W m?) 38.4 28.0 39.3
QH (W m?) 13.9 0.7 75.3
QE (W m?) 0.2 3.2 23.1
Qm (W m?) 52.5 32.0 144.5
M (mm we) 14.5 8.8 38.2
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Table S2-3. Synotic-type classification for the Canadian High Arctic and the resulting dominant
weather along the northern coast of Ellesmere (after Alt, 1987 and Pope et al., 2017).

Type Name Synoptic Weather along the coast of
Ellesmere
Polar Ocean Anticyclone in the Arctic Ocean /low-pressure High pressure, clear-sky or
circulation over Baffin Bay low-stratus, fog

s Cyclonic system Low 500-hPa geopotential heights in Beaufort Rainfall with high wind, cold

with rain sea temperature
lir Cyclonic system Low 500-hPa geopotential heights moving Snowfall with high wind, cool
with snow across islands from central Polar Ocean temperature

Ridge development in eastern North America
1l Island circulation due to low 500-hPa geopotential heights in
the Asian side of the Arctic Ocean

Wind, warm air advection,
overcast, slight rain

& Time-lapse camera i _ | Field of camera view Zone A — Polar desert
¢ VX-Station < _>Scanned area Zone B - Ice patch system

Figure S2-1. a) Overview of the study area overflown by an unmanned aerial vehicle (UAV) on 19
July 2019 showing the location of the time-lapse camera and its field of view, and of the VX-station
and the polygon used to delineate the scans, b) example of a scan of the ice patch (frontal view)
taken on 19 July 2019 and c) the corresponding oblique photograph showing zone A considered
as a “polar desert” zone where the seasonal snow cover fraction (SCF, in %) outside the ice patch
system was calculated and Zone B where the ice patch extent was calculated.
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Figure S2-2. Maps of landform features calculated from the Topographic Position Index (TPI)
algorithm, of wind field modelled with WindNinja given the Wind velocity index; of slope aspect
and of the summer potential incoming solar radiation (PISR) (May to September).
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Figure §2-3. Hourly evolution of the wind speeds (filtered by orientations) and snow height (SH,
cm) throughout October 2015 showing an extreme erosion event on October 17 during which ~ 70
cm of snow was removed in a few hours from the snow patch of the SILA site at Ward Hunt Island.
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Figure S2-4. Wind-rose diagrams for the hourly wind speed and direction data monitored during
cold seasons 2006 to 2019 (Sep-May). Note that the years 2013, 2014 and 2015 are missing due to
large data gaps.
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Figure §2-5. Snow stratigraphy of a snowpit dug in the seasonal snow accumulation of the ice
patch IP1 showing the snow grain type and size, the snow density (ps, kg m™), the snow temperature
and thermal conductivity (ke; Wm™ K).
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2019-07-05

SH,,,= 63 cm SH,..= 160 cm
Venow= 5500 m3 w.e.

Figure $2-6. Time-lapse photographs of the ice patch system and its surrounding terrain and map
of the end-of-summer snow height (SHpax) on 5 July 2019. The black line delimits the contour of
the ice body as it was at the end of summer 2016. The average and maximum snow height (SH, cm)
and the total volume of snow (Vswow, m> w.e.) are shown at the bottom of the figure.
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Figure S2-7. Daily evolution of the snow height change (ASHrvs, cm) for the 4 zones described in
Figure 35.

Figure §2-8. Photograph of the ice patch IP1 at its minimum extent on 11 August 2017.
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Figure $2-9. Comparison (Pearson’s correlation test) between the daily snow height changes
recorded at SILA station (ASHsiz4 in mm d ') and measured by TLS (ASHrLs in mm d ™) on the ice
patch IP1. The red color is for 2017 and the blue for 2019.
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Figure §2-10. Comparison (Pearson’s correlation test) between the daily meltwater discharge
(Ofiotat, m*> d ) measured at flumes and the daily ablation rate (ASHris, m* d”!) measured by TLS
for 2017 (a) and 2019 (b). The red color represents the data collected at the beginnings of the melt
seasons and includes the snow storm of 28 June for the 2017 data while the blue color represents
data collected outside these periods.

156



Wind Speeds in m/s Wind Rose
s - © N
G < W <9
-75W5<8
|:|6§WS<7
[ 5<W <8
4 <W <5
3 < W <4
2 < W <3
< W <2
IO < W < 1

Figure $2-11. Wind-rose of the hourly average wind recorded by the AWS on IP1 during the study
period 2019
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Figure §2-12. Close-up on the thermal peaks in the hourly evolution of the snow temperature
measured by the thermistor chain in the snowpack. Thermistors are identified by height above the
ice surface. The complete time series is shown in Figure 36.
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Figure S$2-13. Relative contribution of Qr, Qh and Qe to the total surface energy balance during
the study period 2019. The sum of the positive fluxes is scaled to 100%.
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Figure S2-14. Contour map of the 500-hPa geopotential heights (left) and 850-hPa air
temperature (right) during the three days considered to be representative of dominant summer
weather conditions on the north coast of Ellesmere: a) Case 1 (28 June 2019); b) Case 2 (5 July
2019) and c) Case 3 (9 July 2019). The geopotential at 500 hPa is the altitude at which 500 hPa is
reached. What appears in orange/red here corresponds to high geopotentials, i.e. anticyclones,
and what appears in pink/purple corresponds to low geopotential, i.e. depressions. Data were
obtained from NCEP/NCAR reanalysis available at : www.psl.noaa.gov/data/composites/day/.
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Figure S2-15. Morphometric characteristics of the perennial ice patches on Ward Hunt Island.
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Figure S2-16. a) Evolution of the summer (JJA) fog index, consisting of the sum of hours with
relative air humidity above 95% at SILA station for the period 2006-2017; b) Relationship between
fog index of July and August and the positive degree-day (PDDui,) for the period 2006-2017; c)
Relationship between summer wind index and fog index for the period 2006-2017.
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Figure $2-17. a) Mean monthly precipitation (mm w.e.) recorded at Alert (Nu) from 2006 to 2019
for the cold season (Sep-May) (Environment Canada, 2021); b) Relationship between the end-of-
winter snow accumulation at WHI, measured at SILA (SHyax, com) and on the ice patch IP1 (Vnow,
m? w.e.), and winter precipitation recorded at Alert (Nu).
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Figure §2-18. Projection of climate conditions at Ward Hunt Island to 2050 for the winter (DJF),
spring (MAM), summer (JJA) and fall (SON) based on the Coupled Model Intercomparison Project
phase 5 (CMIPS5) for the scenario RCP4.5 ensemble average. a) and b) evolution of the seasonal
anomalies in 2 m temperature (°C) and sea-level pressure (hPa), respectively, c) Evolution of the
seasonal change (%) in precipitation. Data from Climate Change Institute (2021). The dashed lines
represent the linear trend for each season (DJF, MAM, JJA, SON).
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Chapitre 4 — Ice patches and their biogeomorphic system in

the High Arctic polar desert

Auteurs : Gautier Davesne, Daniel Fortier

4.1. Avant-propos

Le chapitre 4 s’intéresse au systéme biogéomorphologique qui se développe sur la section
d’un versant en aval des plaques de glace dans le désert polaire. Ces environnements pronivaux
forment des unités de paysage particulieres qui se démarquent des terrains stériles et arides
dominants dans le désert polaire par des écoulements de surface durable, des formes de terrain
dominées par le triage du sol et la solifluxion et un couvert végétal plus dense et diversifié. En
particulier, cette étude vise a comprendre le développement et le fonctionnement de ces
environnements liés aux plaques de glace et répond ainsi a I’objectif 3 de la thése. Cette recherche
repose sur un protocole expérimental inédit, alliant un suivi pluriannuel (température du sol,
solifluxion), des observations de terrain (échantillonnage de sol, relevé de végétation, mesure de
couche active) et une cartographie géomorphologique a partir de photographie aérienne par drone.
Ce jeu de données a permis d’examiner les interactions et les rétroactions a fine échelle entre la
plaque de glace, les flux d'eau de fonte et de sédiments, les régimes thermiques et d'humidité du
sol, ainsi que la végétation et les processus géomorphologiques. A partir des interprétations tirées
des résultats et de la littérature existante, un modele conceptuel de développement des systemes
biogéomorphologiques de plaque de glace a été proposé. Le manuscrit est en préparation pour étre

soumis suite aux commentaires du jury.

4.2. Résumé

Dans le désert polaire, les systémes abiotiques et biotiques de nombreux versants dépendent
de manicre critique de la présence des plaques de glace permanentes qui sont trés répandues a
I’échelle paysage. Pourtant, trés peu d'études ont porté sur la structure et le fonctionnement des
environnements qui se développent en aval de ces plaques de glace. En particulier, on connait peu

la nature des interactions et les rétroactions a petite échelle entre les plaques de glace, les flux (eau
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et sédiment), le régime thermiques et d'humidit¢ du sol, la végétation et les processus
géomorphologiques qui forment ensemble un systéme biogéomorphologique complexe sur les
versants. Pour combler ces lacunes, nous proposons une étude holistique combinant des études
géomorphologiques, hydrologiques et biologiques d’une section de versant en aval d’une plaque
de glace permanente a l'lle Ward Hunt (83°N, Haut-Arctique canadien) afin de fournir une
compréhension qualitative et quantitative du role des plaques de glace sur le fonctionnement et
I’organisation d’un géosystéme de désert polaire. Nos résultats ont démontré que la plaque de glace
étudiée joue un réle clé dans le controle des flux d'eau et de masse le long du versant en stockant
l'eau et les sédiments en hiver et au début de 1'été et en les libérant pendant la période de fonte. Ces
apports d'eau et de sédiments concentrés par la plaque de glace le long de sa marge aval activent
une suite de processus hydrologiques, géomorphologiques et biologiques qui aboutissent au
développement d'un systeme biogéomorphologique que nous avons décrit par un modéle
conceptuel en 3 étapes. Le stade 1 représente un stage embryonnaire durant lequel le systéme est
dominé par l'activité fluviale. Une importante rétroaction positive se développe alors entre les
processus de sédimentation et les écoulements de surface. Au stade 2, I’expansion des dépots de
sédiments fin et leur humidification durable permet la colonisation de croutes organiques et
d'espéces pionnieres qui initient d'importantes rétroactions sur les processus géomorphologiques
(ex. sédimentation, stabilisation des sols) et le régime thermique du sol (ex. effet réchauffant des
croutes organiques noires). Ces processus apportent des conditions favorables a 1’activation de
processus de solifluxion et de triage du sol. Le stade 3 représente 1'état actuel du systeme qui peut
étre qualifié de « mature ». La section du versant en aval de la plaque de glace est dominée par des
lobes de solifluxion qui délimitent des zones humides. Notre modele conceptuel est une premiere
étape vers le développement d'un modele numérique quantitatif de la dynamique des versants du

désert polaire.

4.3. Abstract

In polar deserts, abiotic and biotic systems on many slopes are critically dependent on the
presence of permanent ice patches that are widespread at the landscape scale. Yet, the structure and
functioning of the microenvironments that develop downslope of these ice patches are poorly
documented. In particular, little is known about the nature of the small-scale interactions and

feedbacks between ice patches, meltwater and sediment fluxes, soil thermal and moisture regimes,
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vegetation and geomorphic processes that together form a complex biogeomorphic system on the
slopes. To address these gaps, we propose a holistic study combining physical and biological
surveys of a slope section below a permanent ice patch at Ward Hunt Island (83°N, Canadian High
Arctic). The aim was to provide a qualitative and quantitative understanding of the role of ice
patches on the functioning and organization of a polar desert slope geosystem. Our results showed
that the studied ice patch plays a key role in controlling water and mass fluxes along the slope by
storing water and sediment in winter and early summer and releasing it during the melt period.
These supplies of water and sediment, concentrated by the ice patch along its downstream margin,
activate a suite of hydrological, geomorphological and biological processes that results in the
development of a biogeomorphic system that we have described through a 3-stage conceptual
model. Stage 1 represents an embryonic stage during which the system is dominated by fluvial
activity. An important positive feedback develops between sedimentation processes and surface
flows. In stage 2, the expansion of fine sediment deposits and their sustained wetting allows the
colonization of organic crusts and pioneer species which initiate important feedbacks on
geomorphological processes (e.g. sedimentation, soil stabilization) and the soil thermal regime
(e.g. warming effect of black organic crusts). These processes provide favourable conditions for
the activation of solifluction and soil sorting processes. Stage 3 represents the current state of the
system which can be described as "mature". The section of the slope downslope of the ice patch is
dominated by solifluction lobes that delimit humid zones. Our conceptual model is a first step

towards the development of a quantitative numerical model of polar desert slope dynamics.
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4.4. Introduction

In the non-glaciated polar desert, perennial ice patches are widespread and represent a
prominent cryospheric feature in the landscape (Chap. 3). They consist of a small cryospheric
system composed of a static mass of superimposed ice overlaid by thick wind-drifted snow
accumulations (Lewkowicz and Harry, 1991; Chap. 3). Ice patches form typically in deep
topographic niches (e.g. break-of-slope, concave slope) and since their mass balance is mainly
governed by self-regulating mechanisms linked to topoclimatic conditions, they are relatively
stable over time (Fujita et al., 2010; Chap. 3). Ice patches can exist continuously for centuries, even
millennia, making them a fundamental agent in the long-term dynamics of polar desert slopes
(Chap. 2). The primary role of the ice patches is to provide liquid water to the slope in summer,
making them of great hydrological significance for the freshwater cycle of the polar desert where
rainfalls are scarce (Ballantyne, 1978; Carey and Woo, 2001; Langford et al, 2015; Lewkowicz
and Young, 1990). On the downslope margin of the ice patches (referred to as pronival margin),
the prolonged soil moisture, coupled with sediments and energy influxes associated with meltwater

runoff, create localized conditions that support enhanced geomorphic and biological activities.

The slope-shaping processes triggered by meltwater include chemical and mechanical
weathering (Berrisford, 1991), erosion and mass movement, mainly through sheet wash and
solifluction (St-Onge and Gullentops, 2005; Washburn, 1999). The whole suite of processes was
generally discussed under the concept of nivation (Ballantyne, 1985; Thorn, 1978). Recent studies
on nivation are scarce and focus mainly on alpine regions so that little is known about nivation in
the polar desert. The most extensive work has been done by Christiansen (1998) who described a
landform assemblage related to snowbanks in unconsolidated sediment slope in eastern Greenland.
It included pronival solifluction, retrogressive erosion by backwall recession, pronival stone
pavements and alluvial processes. More recently, Paquette et al., (2020a) described the
toposequence of a nival slope in the polar desert of Ward Hunt Island (Canadian High-Arctic)
which is characterized by nivation hollows, where seasonal snowdrifts and perennial ice patches
are present, from which solifluction lobes developed (Verpaelst et al, 2017), while further
downslope, patterned ground emerges. In the semi-arid Antarctica Peninsula, an interesting
description of nivation processes was also proposed by Knazkova et al. (2021) who reported that
ice patches promote downslope transport of fine sediments and at the same time act as a barrier to

solifluction movements from the upper slope. These preliminary studies therefore show that the
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geomorphological effects of ice patches on a slope are variable and depend on the topographical
context and the nature of the soils. The biological function of the ice patch is also particularly
important in the polar desert. The prolonged hydratation of the soil in the pronival margin is known
to provide suitable conditions for vegetation growth and microbial activity (Bliss et al., 1984;
Desjardins et al., 2021; Gold and Bliss, 1995; Lennihan et al., 1994). By supporting the
development of microhabitats with abundant vegetation, snow/ice patches contribute to form

patchy wetlands across the polar desert, as conceptualized by Woo and Young (2003).

Despite these few existing studies, knowledge on geomorphic and biological activities
linked to ice patches on the polar desert slopes remains superficial, particularly because it is mainly
based on reconnaissance-level field observations. Surprisingly, no holistic investigation combining
the study of biotic and abiotic components of the pronival margins has been carried out so far,
although these two elements seem to be intimately linked. In particular, it is unclear how an ice
patch initiates the development of pronival geomorphic and biological processes and how the
resulting pronival slope system functions and evolves in time and space. Such integrated studies
are challenging, but the use of a biogeomorphic approach applied to the ice patch system can help
fill this knowledge gap. This approach has become increasingly popular in recent years in the
geosciences as it has proven to be useful for studying and understanding the feedbacks between
geomorphic and vegetation dynamics in various natural systems (e.g. fluvial, Corenblit et al., 2016;
periglacial and paraglacial slopes, Eichel et al., 2016; 2017; and glacier forelands, Eichel et al.,
2013; Moreau et al. 20006).

In this study, we propose to apply, for the first time, a biogeomorphic approach to the study
of an ice patch geosystem present on a polar desert slope. The main goal is to identify and quantify
the small-scale processes, linkage and feedback between the ice patch, slope processes, landforms
and vegetation that govern the functioning of an ice patch-related slope geosystem. To address it,
we collected a large dataset by combining geomorphological, hydrological, and biological studies
during fieldwork conducted on the pronival margins of a perennial ice patch located at Ward Hunt
Island located at the northern limit of the Canadian Arctic Archipelago. Our objectives were to (1)
characterize and map the assemblage of landforms that composed the biogeomorphic system of ice
patch; (2) quantify fluxes of water and sediment, and establish the physical properties and thermal

regime of the soil around the pronival margin of the ice patch; (3) document the ecological
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significance of the humid zones connected to the ice patch; (4) identify and discuss the key
functional interactions, linkages and feedbacks controlling the development and evolution of the

pronival biogeomorphic system.

4.5. Study site
Ward Hunt Island (hereafter WHI; 83°05'09"N, 74°06'19"W) (Figure 45a) is an ideal site

to study the impact of ice patches on slopes development because it is completely ice-free and it
has escaped glaciations for as much as > 400 000 years (Lemmen and England, 1992; Vincent et
al., 2011b). WHI has a cold desert climate with a mean annual air temperature of — 17.07 °C for
the period 2005-2019, and a monthly mean ranging between — 31.6 °C in February and 1.7 °C in
July (CEN, 2021).

Ice patch IP1

Ward Hm;lt ls!ang; -

‘5:1.;!: s |
.+ 'Ellesmere
K f.s’la'rjd

® \Vater quality sampling
UFlume

Figure 45. Study site: a) Location of Ward Hunt Island (WHI) at the northern tip of Ellesmere
Island (Canadian High-Arctic Archipelago) and World-View 3 image of the whole island taken on
19 August 2019 showing the study site in the red box. North is up in (a) map unlike in (b) and (c).
b) 3D visualization of the studied ice patch (IP1) and its biogeomorphic system (red box) based on
UAV orthomosaic (flight carried out on 22 July 2019) and ESRI ArcScene 10.6 software. The
location of the water quality sampling sites and the flumes are shown in this image; c) close-up of
the studied biogeomorphic system (red box in b) showing the solifluction lobes A and B, where
most of the fieldworks was undertaken, and small lobe C.
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No precipitation record is available but it is likely similar to the annual average of 185 mm year !
(water equivalent) measured at Alert, located 170 km to the southeast (Environment Canada, 2021).
In winter, the seasonal snow is scoured from the exposed surface by prevailing westerly winds
(Davesne et al., 2021) and wind-drifted snow accumulates in sheltered slopes and topographic
discontinuities to form deep seasonal snow patches and nourishes perennial ice patches (Chap. 3).
In the present-day, these ice patches represent the largest and most conspicuous perennial ice
masses on the island (Figure 45a). Most of them are found between 20 and 50 m a.s.l. along the
main break-of-slope at the junction of the steep faces with the scree slope (Chap. 3). Beneath the
surface, WHI presents continuous permafrost with a mean annual temperature of — 13.5 °C at 3 m
depth (CEN, 2021). The physiography of WHI is marked by Walker Hill (412 m a.s.l.) which
occupies the western part of the island. The central depression is occupied by the ultra-oligotrophic
Ward Hunt Lake (WHL). Most of the limestone slopes of Walker Hill exhibit a rectilinear profile
(Richter slope) with angles around 30-35°. Below the Holocene marine limit (~ 62 m a.s.l.;
Lemmen, 1989), the gentle slopes present successive levels of raised-beach ridges built in the sand
and gravel deposits. The hillslopes are notched by hollows and terraces interpreted as nivation
forms and by glacial grooves and are covered by a mix of weathering — mostly frost shattered —
mantle, colluvial debris and glacial drift veneer (Vincent et al., 2011b). Early vegetation studies
reported only 36 taxa. The sparse patches of vascular plants and mosses covering < 5% of the land
surface (Vincent et al., 2011b). Soil development is minimal with the bulk of the matrix being

composed of mineral materials.

The studied ice patch (hereafter IP1) is lying in a slope break at ~50 m a.sl. between the
steep calcareous (25-30°) north face of Walker hill and the lower, gentler section of the slope (5 to
10°) (Figure 45b). The study focused on the biogeomorphic system of a section of the pronival
margin of IP1 delineate by the red box in Figure 45b. The biogeomorphic system presents two
principal solifluction lobes (lobe A and lobe B) (Figure 45b), with well-defined central tread,
lateral risers and a frontal riser, and a small lobe (Lobe C) at an early stage of development. Soils
that are wet during most of the summer are called "humid soils" and the well-drained gravelly soils
that made up the parent slope (i.e. outside lobes) are called "dry soils". In contact with the frontal
edge of the ice patch, the "seasonal margin" represents a band where the soil is uncovered during

the summer as the snow and ice front retreats.
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4.6. Methods

4.6.1. UAV-based mapping of the pronival margin of the ice patch

In this study, we use a quadcopter drone (DJI Phantom 4 pro) equipped with a standard
Red-Green-Blue (RGB) camera to collect aerial photos (see methodological details in Appendix
A3). We relied on a single flight on 8 July 2019 that covered most of the lower part of the hillslope
of Walker Hill including IP1 and its pronival margin (flight elevation of 90 m). The set of images
were then processed in Pix4Dmapper (Pix4D SA 2016) based on the Structure from Motion (SfM)
algorithm to produce digital surface models (DSMs) and orthomosaics with a high spatial
resolution (~ 2 cm; Appendix A3).

The geomorphic features and soil surface composition and characteristics over the pronival
margin of IP1 were mapped based on the analysis of UAV products coupled with the rich collection
of field photographs and observations. The map was generated on-screen in ArcGIS by vectorizing
the terrain features based on a careful analysis of the orthomosaics (Figure S3-1a) and DSMs-
derived surface models (i.e. shaded relief, slope angle, topographic position index (TPI); Figure
S3-1b,¢,d; Appendix A3). The geomorphic map focused (i) on surficial deposits and the soil surface
composition, including inorganic and organic soil, (ii) on the recognized landforms that resulted
from contemporary processes and inherited from the Holocene sea-level changes, (iii) on the
surface hydrological and cryospheric elements and (iv) on the soil moisture distribution which was
inferred by supervised classification in ArcGISPro based on the darker colouration of humid soils

compared to dry soils (Langford et al., 2015).
4.6.2. Instrumentation and field measurements

4.6.2.1. Ground surface thermal regime

The ground surface temperature (GST) over the pronival margin of IP1 was recorded at
hourly intervals from 16 June 2016 to 19 July 2019 by 15 dataloggers Trix-8 (LogTag®; resolution
0.1 °C, uncertainty of £ 0.5 °C), installed about 5 cm below the ground surface and named LT1 to
LT15 (Table S3-1). Six were installed in dry soils, six in humid soils and three in the seasonal
margin of IP1 (Figure 45c). The raw data were used to calculate the mean July GST (GSTjury),

the warmest month of the summer. The degree-day of thawing at the ground surface (PDDsu:f; sum
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of daily mean GST above 0 °C), and the degree-day of growing at the ground surface (GDDysurf;
sum of daily mean GST above of 5 °C; Weijers et al., 2013) were also calculated. The duration of
the growing season (GSD, days) was calculated by summing the number of days with GDDygyrr> 0
throughout the summer. The air temperature (7,) was recorded from 14 June 2016 to 19 July 2019
by a U22, Hobo® (resolution of 0.2 °C, uncertainty of £0.21 °C) installed in a radiation shield 1.5
m above the ground surface. To diagnose reasons for spatial variability in GSTurLy, Pearson
correlation coefficients were calculated using several potential explanatory variables measured on
the field or obtained by GIS for each sensor site. It included: (1) the end-of-winter snow height
measured by hand-probing on 10 June 2019, (2) the soil volumetric water content (VWC) measured
using an EC-5 sensor (resolution: 0.001 m*/m?; uncertainty=0.03 m*/m?) on 14 July 2019, (3) the
Topographic position index (TPI) derived from DSMs, (4) the distance from the ice patch frontal

edge and (5) the soil surface composition.

Finally, the thaw depth was measured at the end of the field period on 19 July 2019 along
3 transects (T1; T2 and T3) that bisected the solifluction lobes A and B and extended ~ 5 m on both
sides of the parent slope (Figure 45c). Measurements were made every meter along transects by
pushing a frost probe into the soil until it hit the frost table. Triplicate measurements were

performed to minimize errors.

4.6.2.2. Hydrological reeime and meltwater quality

Streams flowing out of IP1 and supplying the lobes A and B were monitored by two cut-
throat flumes (Flumes A and B, respectively) installed in the main channels (Figure 45b). An
additional flume was installed in a water track on the east slope of Walker Hill, corresponding to
Site B in the study of Paquette et al., (2017 and 2018) (Figure 45a). The calculation used to obtain
the hourly free flow rate (Qf, cm> s!) from the flumes is detailed in Appendix A3-2. The discharge

measured at the flumes gives a glimpse of the surface flow regime but does not allow quantifying
the total flow as minor surface runoff occurs at other locations along the solifluction lobes and

because subsurface flow wasn’t measured.

Runoff water quality, including water temperature (7.), specific electrical conductivity
(SpC), pH and turbidity, had been measured manually twice a day during the field period 2019
around 9:00 hr and 18:00 hr (local time), which are close to the diurnal high and low flow stage

respectively. Measurements were made at 3 sites (sampling sites T1; Flume and T3) along each
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monitored lobes A and B and at one site (sampling site [P_up) upslope of IP1, in line with lobes A
and B (Figure 45b). At Flumes A and B, 7, and SpC were measured continuously from 17 June
to 20 July 2019. Details of the instrumentation and techniques used are presented in Appendix A3-
2. Furthermore, on 1 July 2019, turbidity at flumes A and B was sampled every hour from 5:00 hr
to 22:00 hr to catch its evolution during the daily rising curve, the peak flow and the recession of
the hydrograph. Based on this dataset, the strong linear relationship between the observed hourly
discharge and the turbidity values was established (R?>=0.90; p <0.0001; Figure S3-2a) and allowed
to interpolate hourly turbidity for the whole study period (Braun et al., 2000).

The sediment concentration in water was also determined. The total suspended solid
concentration (TSS, mg L!) was measured from water samples collected twice a day (around 9:00

hr and 18:00 hr) at the different sampling sites (Appendix A3-2). Comparison between TSS and

turbidity showed a strong linear relationship (R?>=0.82; p < 0.0001; Fig. S1b) which was used to
reconstruct the hourly evolution of TSS based on interpolated hourly turbidity. For the solute load,

the total dissolved solid concentration (TDS, mg L) was calculated from the SpC values based on

a coefficient (0.65) used by Paquette et al., (2020a).

4.6.2.3. Soil and vegetation studies

- Soil movements

Soil surface movements at Lobe B were measured using the traditional method of
repeatedly surveying the position of surface markers relative to a stable benchmark (Kinnard and
Lewkowicz, 2005; Washburn, 1999). The markers were installed in July 2016 along 3 transects
(T1, T2, T3) that intersected Lobe B (Figure 45¢), therefore covering various environments (lobe
central tread and lateral riser, parent slope). Transects were made 1.5 m upslope of those for frost
table measurements to avoid any perturbation of the soil surface. The markers consisted of 15 cm-
long nails with plastic tags inserted vertically into the soil every meter and small pebbles painted
orange deposited on the soil surface every 20 cm between the nails. Markers were installed using
a tensioned rope to ensure perfect alignment. The position of markers was surveyed after their
installation on 10 July 2016 and three years later on 17 July 2019 using a VX spatial station
(Trimble™; uncertainty 2+1 mm with the prism). The difference between the surveys gave the

total displacement (mm). The potential error was evaluated by comparing the position of 15
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markers between 2016 and 2019 considered as stable on the parent slope, including erratic rocks

and steel stakes inserted in the gravel. The error was calculated to be £0.9 cm.

- Vegetation surveys

Vegetation community composition was surveyed between 12-15 July 2019 over the
pronival margin of IP1 to evaluate which disturbance tolerant species can colonize active zones of
the lobes and compare the species diversity and abundance with dryer stable communities in the
parent slopes (Figure 45c¢). The plant cover was assessed visually in a 50 x 50 cm quadrat with a
5 x5 cm grid using the modified Braun-Blanquet method (Braun-Blanquet, 1932) for vascular
plants (by species), lichens, mosses, organic crust (black and white) as well as gravel, freshly
deposited sediments and surficial water. For lobes A and B, quadrats were deployed along the
transects T1, T2 and T3 so that they covered the different habitats observed in the studied zone, i.e
the central tread of lobes and their mesic lateral margins, the lateral risers of lobes and the parent
slope (Figure 45¢). A total of 37 quadrats were described and their position was surveyed with the
VX station. This dataset was used to implement a canonical correspondence analysis (CCA) to
identify the primary relationships between the cover data and the explanatory environmental

variables (Appendix A3-3).

- Soil physical properties

Soil samples were collected from drilling in lobe B (site D-humid) and the adjacent parent
slope (site D-dry) (Figure 45c) using an earth auger (BT360; Stihl®) equipped with a 10.8 cm
diamond carbide core barrel. Drilling was conducted on 16 June 2017 when the active layer was
still frozen. Due to a freezer failure, all of the ice cores thawed before ice content analyses were
performed. However, some samples were recovered for soil analyses. For D-dry, samples S1 and
S2 were collected at 20-35 cm and 50-65 cm depth, respectively, and for D-humid, samples S3 and
S4 were collected at 20-40 cm and 45-60 cm depth. Also, a 2 m-wide soil pit was excavated to the
frost table at the transition between the humid soils of the central tread of Lobe A and the dry soil
of the parent slope on 3 July 2017 (Figure 45c). Two soil samples were collected above the frost
table on the humid side of the pit (samples P1 and P2) and two others on the dry side (samples P3
and P4). A description of the main soil units was performed in the field. Finally, two samples of
freshly deposited sediment on the ground surface were collected on 17 July 2019, one upstream of
the flume A (sample F1) and the second on a pronival alluvial fan (sample F2). All of these samples
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were analyzed to obtain grain size distribution as well as mineralogical characterization and

chemical compositions (Appendix A3-4). Finally, soil moisture at each quadrat site in Lobes A and

B was obtained by collecting samples from the soil surface (~10 cm deep, 15 cm long and 5 cm

wide) on July 15, 2019. Moisture content was obtained by oven drying at 105°C to a stable mass.
4.7. Results

4.7.1. Geomorphic assemblage of the pronival margin

A geomorphological map of the pronival margin of the ice patch IP1 is presented in Figure
46. The area consisted of a low-gradient slope marked by successive steps and terraces formed by
a sequence of raised beaches inherited from the last Holocene marine phase. The most identifiable
ridges were at an elevation of ~32 m, ~29 m and ~25 m a.s.l. The surficial deposits over the studied
zone were composed of marine material consisting of washed gravels of various lithology with
rounded to sub-angular shapes. This material was occasionally mixed with coarse angular
calcareous frost-shattered colluvium coming from Walker Hill (Figure 47a). Glacial erratic
boulders, up to 90 cm in diameter and of allochthonous lithologies (i.e. igneous and metamorphic
rocks), were also widespread across the studied zone (Figure 47b). Downslope of IP1, a complex
biogeomorphic system was present, resulting from the extensive reworking of the pre-existing
surface material and slope topography (Figure 46). The most prominent landforms on the studied
slope section were solifluction lobes. Lobes A and B were the largest and most developed with a
length of ~90 m and 80 m, respectively (Figure 46). The lobe morphology was characterized by a
lateral riser of gravel ~15 to 30 c¢m tall and a frontal riser up to ~30-40 cm hight for both lobe A
and lobe B (Figure S3-3). Within the lobes, the central tread consisted of a platform supporting
saturated soil and vegetation including vascular plants, lichens, and mosses. A vegetation survey

is given in Section 4.7.4. Towards the front of the lobes, the treads tend to be higher than the level

of the surrounding of the parent slope (Figure S3-3). Because the solifluction lobes overrode the
beach deposits, the lobes had erased the beach ridges and the tread surface exhibited a gentle and
regular inclination of 6-10°. At a smaller scale, however, some tread sections presented a series of

terracettes, less than 5-15 cm high, formed by moss patches (Figure 47c).
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Figure 46. Geomorphological map of the pronival margin of the perennial ice patch IPI
illustrating the complex biogeomorphic system. The map details the soil composition,
geomorphology and hydrology of the studied slope section. For the soil composition: Gr=gravel,
Sa=sand; Si=silt. Black boxes show the paired lobes A and B and the lobe C in an early stage of
development.

In the upper section of lobes, the soil surface of the tread was composed of fresh deposits of fine-
grained alluvium while lower down, in the middle and lower part of the lobes, the dark organic
crust cover became dominant (Figure 46 and Figure S3-3). The fine-grained matrix in the upper
sections was reworked by sorting processes into small sorted stripes (Figure 46). These features
channeled the surface flows leading to the development of multiple rectilinear rills (up to 2-5 cm
deep; Figure 47d). These rills merged downslope into one or two little incised channels that
concentrated the surface flow. During low flows, water circulation remained mostly underground
over the lower section of lobes, while during meltwater pulses, sheet flows occurred over the entire

tread surface and shallow ponds usually formed upstream of the frontal riser (Figure 47¢). Between
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the central tread and the lateral gravelly risers, the coarse materials were usually well-sorted,
forming lateral stripes (Figure 46 and Figure 47f). The soil surface of the lateral risers had

typically a thin, discontinuous cover of whitish organic matter (Figure 46 and Figure S3-3).

Figure 47. Geomorphic features encountered in the pronival margin of the ice patch IP1: a) Beach
deposits characterized by coarse rounded and sub-angular gravel of diverse lithology, b) Erratic
rock observed in the parent slope between lobe A and B, c) Series of terracettes with turf front that
trap a significant amount of fine-grained sediments on the lobe treads; d) Parallel rills in the upper
section of lobe B that drained the meltwater on the tread of lobes, e) Ephemeral small pond in the
front of lobe B during peak flows, f) Sorted stripe between the lateral riser and the central tread
of lobe A; g) Lobe C is delineated by the red dotted line. The arrow points downslope; h) Small
alluvial fan that overrode the beach gravels in front of IP1, i) Field of hummocks downslope of
lobe B.
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Multiple lobes at a less advanced stage of development than lobes A and B were also present
downslope of IP1, among which was lobe C (Figure 47g). Lobe C consisted of a longitudinal ridge
of 17 m in length and was bordered on each side by sorted stripes. The central ridge was topped by
sparse vascular plants and mosses as well as lateral bands of dark organic crust. Fresh sediment
deposits were present all along the central tread and supported a slightly incised stream that drained
meltwater from the ice patch edge to the front of the lobe where it infiltrated into the gravelly soil.
Some lobes were not directly connected by surface flow to IP1 but developed downstream of

meltwater resurgence along slope breaks caused by the raised-beached levels (Figure 46).

In addition to solifluction and sorting forms, the studied zone also exhibited small pronival
alluvial fans (Figure 46) which overlaid beach deposits and that supported surface runoff (Figure
47h). The beach deposits had also numerous surface cracks indicating the presence of ice wedges
(Figure 46). Finally, bumpy terrain formed by hummock was a prominent feature along and
downslope of the solifluction lobes. Hummocks were composed of gravels usually mixed with a

matrix of old organic matter and fine-grained sediments (Figure 46 and Figure 471).
4.7.2. Hydrology and meltwater quality of the pronival zone of IP1

4.7.2.1. The hydrograph analysis

At both flumes, the meltwater delivered by IP1 started to flow on 16 June 2019 but it
remained weak during the first 10 days of measurements (until 27 June) despite a pronounced
calculated melt rate (ASWEsgs, mm d ! w.e.) (Chap. 3). Throughout the study period, the discharge
was greater at Flume A than in B (Figure 48a). Three main peak flows occurred throughout the
study period, the first one between 27 to 30 June, the second one between 6 to 11 July and the last
one between 13 to 16 July. They were mainly associated with melt events following great energy
input to the surface since there were no significant precipitation events (Figure S3-4). For flumes
A and B, the general linear trend over the study period is towards an increase in discharge intensity
as the season progresses (Figure S3-5). By comparison, at site B located in a water track on the
east slope of Walker Hill (Figure 45a), the seasonal peak flow was reached earlier (28 June) and

the discharge tended to diminish as the melt season progressed (Figure S3-5).
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Figure 48. The hydrological regime and water quality at flumes A and B in the pronival margin of
the ice patch IP1. a) Daily evolution of the discharge of the surface runoff along with the daily melt
rate of the ice patch system (ASWEsgs, mm w.e. d”') calculated from the surface energy balance
(SEB)in Chap. 2 for the period from 11 June to 20 July 2019; b) Hourly and mean daily water
temperature at flumes A and B along with the mean daily air temperature,; c) Hourly and mean
daily total dissolved sediment (TDS, mg L) calculated from continuous specific conductivity
measurements, d) Mean daily value of pH obtained from bi-daily measurements; e) Reconstructed
hourly evolution of the turbidity (NTU) based on the close relationship between bi-daily turbidity
measurements and discharge (see Fig. S3-2a). The green line indicates the detection threshold (2.5
NTU) below which the TSS is considered negligible. The grey bars show the daily fluxes of TSS at
flume A calculated from the linear correlation between NTU and TSS obtained by filtration (see

Fig. S3-2b).

4.7.2.2. Temporal evolution of water quality and sediment transfers at flumes

- Temperature

For both flumes, the water temperature (7,,) increased rapidly in the days following the flow
onset (Figure 48b). 7', at Flume B was 2.4 °C warmer on average than that measured at Flume A

over the study period (Table S3-1). At flume A, daily maxima reached values of 6—7°C until 10
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July and up to ~ 9 °C at the end of the period (18 July). At Flume B, daily maxima were up to 10
°C by 21 June and reached the highest value of 11.6 °C on 13 July. For both sites, the daily average
T\, was typically much higher than the air temperature and the daily maximum 7, occurred during

the rising curve (Figure 48b).

- Solutes and pH

Flumes A and B both exhibited comparable total dissolved solids concentration (TDS) with
an average of 65.7£12.9 mg L' and 60.9+15.0 mg L ! respectively and an average pH of 8.27+0.15
and 8.19+0.12 respectively over the study period (Figure 48c,d; Table S3-2). In the early period,
high values of TDS and pH were measured (Figure 48c,d around 80 mg L' and 8.4 respectively),
then, they decreased as the discharge increased. TDS values stabilized around 60—70 mg L™! from
27 June and decreased again slightly between 8 July and 12 July before increasing at the end of the
study period to reach similar values to those of mid-June. The pH reached a minimum on 27 June
with a daily average of 8.05 to reach values around 8.4 at the end of the period. The TDS fluxes
(kg d'!) at flumes A and B were 2.80+2.0 kg d! and 0.82+0.65 kg d"! respectively, giving total
fluxes of ~ 94 kg and ~27 kg of sediment for the entire study period.

- Suspended solid sediments

At flume A, the highest daily average was recorded on 9 July with ~2 mg L~!. TSS fluxes
(kg d!) that passed through flume A were 0.4+0.6 kg d”!, giving total fluxes of ~ 13.6 kg over the
entire study period (Table S3-2). At Flume B, NTU values remained below the detection threshold
and the TSS was thus considered negligible for the whole study period.

47.2.3. Spatial variation in water quality and sediment concentration

Upslope of IP1, subsurface water flows remained at, or near, 0°C throughout the study period
(Figure 49a; Table S3-2). Field observations showed that this water came directly from the
seasonal snow patches on the north slope of Walker Hill and flowed through coarse materials with
a significant amount of interstitial ice. Downslope of IP1, T,, varied with the distance from the
frontal edge of the ice patch. Close to the snowline, Site T1 experienced the coldest 7 with
1.4+0.9°C and 2.2+1.3°C on average for the study period for lobe A and B, respectively (Figure
49a and Table S3-2). Conversely, near the ends of lobes, Site T3 experienced the warmest 7, with
5.3+2.1°C and 8.14+2.4°C on average, respectively (Figure 49a and Table S3-2). The warmest daily
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T\ was recorded at Site T3 of lobe B with 13.7 °C on 15 July. On average, T, largely exceeded the
air temperature at Site T3 and the Flumes, while it was slightly cooler at Site T1 (Figure 49a).
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Figure 49. Daily evolution of the water temperature (T.,), total dissolved sediment concentration
(TDS) and total suspended sediment concentration (TSS) at the three sample sites along lobes A
and B in the margin of the ice patch IP1 (i.e. T1; Flume and T3) and at the sites above the ice patch
(sites IP _up).

With regards to the solute content in water, all sampling sites show similar values at the
beginning of the study period. Then, from 25 June, sites IP_up stood out with higher values than
sites downslope of IP1 (Figure 49b). This difference tended to increase with time. TDS
concentrations reached values of 76.2+14.2 mg L' and 73.8+8.8 mg L' on average throughout the
study period for sites IP_up above lobe A and lobe B, respectively (Table S3-2). Downslope of
IP1, the lower values of TDS were measured at site T1 with averages of 64.5+11.8 mg L™! and
57.9+12.7 mg L' for lobes A and B, respectively. The solute content tended to slightly increase
with distance downslope of IP1 since averages at Site T3 were 69.2+12.2 mg L' and 64.7+16.2
mg L! for A and B, respectively (Table S3-2).

Finally, the daily evolution of the turbidity was also contrasted between the upslope and the
downslope sections of [P1 (Figure 49c). At the end of the study period, TSS concentration rapidly
increased at Sites IP_up reaching values > 100 mg L!'. Downslope of IP1, the highest TSS
concentrations were measured at Site T1 near the ice patch front. The daily average concentrations
reached values of 4.4+4.2 mg L' and 4.0+3.3 mg L' on A and B, respectively. Concentrations
then decreased rapidly downstream to become low at the flume and site T3 of lobe A and

insignificant for the same sites in lobe B (Table S3-2).
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4.7.3. The ground thermal regime of pronival margin

4.73.1. Ground surface temperature

On average over the summers of 2016, 2017 and 2018, the warmest GSTjuLy were recorded
in the lower section of the central tread of Lobe B (sensors LT10 and LTS with a mean GSTjury
of 7.8 °C and 6.8 °C, respectively; Figure 50a) while the coldest GSTjuLy were recorded in the
seasonal margin of IP1 (Table S3-3a) as the sensors remained covered with snow and ice for most

of the summers.
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Figure 50. a) Map of the mean summer ground surface temperature (GSTury) for summer 2016,
2017, 2018 measured over the pronival margin of the ice patch IP1. The seasonal margin on the
map is bounded by the snow line on 26 June 2019 (green line) and on 19 August 2019 (red line).
b) Scatterplots representing the regression between GSTuLy and the volumetric water content of
soil (VWC) which is the variable that explained most of the GST spatial variability over the
pronival margin IP1 (excluding the seasonal margin) as identified in the correlation matrix in
Table S3-4. The colour of the dots indicates the dominant surface composition of each site (Table
S3-1). The background image in (a) is a high-resolution orthomosaic acquired by UAV on 8 July
2019.

Apart from the seasonal margin of IP1, the spatial pattern in the GST;uLy mainly reflected
the composition of the soil surface, especially the distribution of dark organic crust which strongly
depends on soil moisture (Figure 46). This explains that the mean GSTjuLy was positively related
to the volumetric water content (VWC) of the soil surface (r=0.71; p-value=0.0009) (Figure 50b).

On average, the mean GSTjuLy was 6.6. °C in humid sites which was 1.1°C warmer than in dry
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sites (mean= 5.6 °C) (Table S3-3a) and 4.2 °C warmer than the average summer air temperature of
July (TAjury) for the same period (Table S3-3b). This difference was statistically significant
(Student t-test p-value <0.0001). The distance of the ice patch front appeared as the secondary
explanatory variable (r=0.62; p-value=0.032) but it mostly affected the mean GST;yLy in humid
sites (Figure 50a; Table S3-4).

At the scale of summer, the thawing degree-days of the ground surface (PDDsurr) were
always higher than those of the air (PDD.ir) (Table S3-3a,b). Humid sites exhibited the higher
PDDyurr with a mean value of 343 while it was only 279 and 159 for dry sites and the seasonal
margin of IP1, respectively. From a biological perspective, humid soils were more favourable to
vegetation growth due to a higher degree-day of growing (GDDsurf) (233 in humid soils vs 160 in

dry soils) and a growing season ~10 days longer than in dry sites on average (Table S3-3a).

4.7.3.2.  Active layer thickness

Similar to the GST, thaw depth soundings conducted on 18 July 2019 over the pronival
margin of IP1 revealed a great spatial variability (Figure 51a). In well-drained gravels that
dominated the soil in the parent slope, the thaw depth was on average 49+13 cm (Figure 51b). It
was much deeper under the dark, saturated organic matter (73412 cm on average) present in the
central tread of the lobes A and B and in soils composed of mixtures of gravel and organic matter
(70£14 cm on average) that characterized the lateral risers of lobes (Figure 51b). Sites with a
partial cover of vegetation and moss in the central tread — essentially found in the central tread
along T1 — exhibited average thaw depths of 47+10 cm (Figure 51b). The comparison between the
three transects T1, T2 and T3 shows that the thaw depths in the central tread of lobes increased
significantly with the distance from the ice patch, varying from 55+9 cm on average for transects
T1 to 82+14 cm for transects T3 (Figure S1a,c). The deepest thaw depths were measured in the
central section of T3 in lobe B with values up to 100 cm (Figure S1a). Thaw depths on the parent

slope and the lateral risers of lobes were less dependent on the slope position (Figure 51a,c).
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Figure 51. Thaw depth measurements carried out on 18 July 2019. a) Map showing thaw depth at
each probing point along transect T1, T2 and T3 that cut lobes A and B, b) Box plots comparing
the thaw depth between the dominant soil surface found along the transects (Gr=gravel, Sa=sand,
OM=organic matter, Veg=vegetation cover), c) Evolution of thaw depths as a function of surface
morphology and position on the slope: T1=upper section of lobes; T2=middle section; T3 =frontal
section. The background image in (a) is the same as in Figure 50.

4.7.4. Soil and ecological studies

4.7.4.1. Solifluction

Downward creep of the soil surface was detected in Lobe B between 2016 and 2019. As
shown in Figure 52, the largest horizontal displacements were measured in the central tread of
transects T2 and especially T3. For the latter, average displacement values were 3.4+0.9 cm (1.1
cm a ') with a maximum value of 5.5£0.9 (1.8 cm a!) cm. The measurements showed that the
displacement rates were higher along the central axis of the lobe. On the parent slope, the detected
displacement was negligible as the values were generally close to or below the calculated accuracy
of the method used (~ 0.9 cm). The parent slope is therefore considered stable. As indicated by the
arrows in Figure 52, the largest displacement detected for transects T2 and T3 pointed downslope.
For the upper transect T1, the displacement was much more limited, even in the central section as

the largest value detected was 1.84 cm for the 3 years. However, several markers were lost in the
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central section due to their burial under new deposits of fresh fine-grained sediment, explaining the

large gaps in the transect T1.
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Figure 52. Displacement rates derived from VX station measurements in 2016 and 2019 along
transects T1, T2 and T3 on lobe B. On the left, general view of the lobe B, on the right, close-up
on each transect. Points represent surface marker and arrows represent the direction of the
movement. The size of the arrows is proportional to the magnitude of the displacement rate. The
background image is the same as in Figure 50.

4.7.4.2.  Soil properties and structure

The soil pit in lobe A (Figure 53, Figure S6-3a) shows the sharp transition between the
central tread and the lateral riser of the lobe in terms of material properties and moisture. The tread
had a thin (1-2 cm) dark organic crust and the soil was made of poorly sorted muddy sandy gravel
according to grain size analysis (samples P1 and P2, averaged Dso=5.2 mm). This material was
saturated and some inclusions of buried organic matter were observed in the sediment matrix,
particularly near the transition with the riser. Samples P3 and P4 were composed of gravel
(averaged Ds50=24.5 mm). The sorting processes concentrated the coarser gravels and cobbles along
a stripe under which a water track was present (Figure 52). The samples collected by drilling
revealed the same clear distinction between the central tread of lobe B and the dry soils in the
parent slope (Figure 45). In D-dry, material consisted of gravel in the upper section (sample S1,
20-35 cm; Dso=26.2 mm) and tended to muddy sandy gravel at greater depth (sample S2, 50-65cm;
Ds0=15.9 mm) (Figure S6-3a). In D-humid, the upper sections were muddy sandy gravel (sample
S3, 20-40 cm; Dsp=4.4 mm) while greater depths were muddy gravel (sample S4, 45-60 cm;
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Dso=6.2 mm) (Figure S6-3a). Finally, fresh sediments collected at the soil surface on the central
tread of lobe A (sample F1) and a pronival alluvial fan (sample F2) were classified as very poorly

sorted silty sand (Dso= 0.069 mm) and sandy silt (Dso= 0.064 mm), respectively (Figure S6-3b).
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Figure 53. Mosaic of photographs and sketch illustrating the soil pit excavated in Lobe A (see
Figure 45) that showed the transition between the central tread of the lobe and the adjacent dry
soil that composes the lateral riser and parent slope. The black boxes in the sketch indicate where
samples P1, P2, P3 and P4 were collected.

4.7.4.3. Vegetation and soil cover surveys

- Plant community analysis

Vegetation surveys carried on lobes A and B identified 13 vascular plant species from six
vascular families (Table 5). The total vascular plant cover and dominant species were spatially
heterogeneous among habitats. Total vascular plant cover ranged from ~10% over the tread (both
central and external) of lobes to only 3.5% in the parent slope. The lateral risers act as a transitional

mesic environment where the total vascular plants cover was on average 8.9%. In the central tread,
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the most frequent species was by far the Poaceae Phippsia algida which accounted for 79.2% of

the total vascular plant cover in this habitat (Table 5; Figure S3-7a).

Table 5. Cover of vascular plants (by species), non-vascular taxa, organic crust (black and white)
and inorganic soil surface (gravel/barren soil and freshly deposited sediments) in each of the four
habitat types that characterized the downslope margin of the ice patch IP1, namely the central
tread and external treads of the lobes which are humid zones, and lateral risers as well as the
parent slope. Sign *“ < " means a cover <0.1 %. Values in brackets indicate the proportion of the
total vascular plant cover for each habitat. Species names were retrieved from the Integrated
Taxonomic Information System (ITIS) (http.://www.itis.gov).

Parent slope Riser External tread Central tread
Vascular taxa
Caryophyllaceae
Cerastium alpinum 0.2 (7.0) 0.5(5.9) 0.6 (5.3) 0.2 (2.2)
Minuartia rubella 0.3(9.4) < 0.1 (1.3) <
Stellaria longipes - 0.3(3.3) 1.3 (11.9) 0.4 (4.5)
Brassicaceae
Draba corymbosa 0.1 (3.6) < < 0.2 (1.9)
Draba spectabillis - -- -- <
Draba subcapitata 0.4 (11.0) 0.7 (7.4) 0.4 (3.4) 0.1 (1.2)
Cochlearia groenlandica - -- -- <
Papaveraceae
Papaver labradoricum 0.2 (5.01) 0.7 (8.1) 0.7 (6.5) <
Poaceae
Phippsia algida -- - 1.6 (14.3) 7.4 (79.2)
Poa abbreviata 0.2 (5.9) 0.9 (9.8) < <
Rosaceae
Dryas integrifolia -- -- 0.8 (7.8) --
Saxifragaceae
Saxifraga cernua 0.1 (3.6) 1.4 (16.0) 1.2 (11.5) 0.5(5.9)
Saxifraga oppositifolia 1.9 (54.6) 4.2 (47.4) 4.1 (37.5) 0.3 (2.9)
Total Vascular taxa 3.5 8.9 10.9 9.33
Non-Vascular taxa
Mosses 0.4 1.4 9.5 101
Lichens 0.5 0.3 0.3 <
Cyanobacteria - - 2.3 0.3
Total Non-vascular taxa 0.9 1.6 12.0 10.4
Black Organic crust 0.1 - 394 33.8
White Organic crust 141 324 16.6 1.0
Total biological soils 14.2 324 55.9 34.8
Gravel/Bare soil 77.6 55.4 16.9 3.4
Fresh sediments 1.4 0.7 1.8 46.6
Total inorganic soils 79.0 56.1 18.7 50.0
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In the external treads, Saxifraga oppositifolia was the most abundant (37.5%) but other species
such as Phippsia algida (14.3%), Stellaria longipes (11.9%) and Saxifraga cernua (11.5%) were
also commonly found (Table 5; Figure S3-7¢). On the lateral risers of lobes, Saxifraga oppostifolia
and Saxifraga cernua were also the most frequent species since they accounted together for 63.4%
of the total vascular plant cover in this habitat (Table 5; Figure S3-7d). Among the other vascular
plant species frequently found, there are also Poa abbreviate (9.8%), Papaver labradoricum (8.1%)
and Draba subcapitata (7.4%). Finally, on the parent slope, the sparse plant cover was dominated
by Saxifraga oppostifolia that accounted for 55% of the total vascular plant cover in this habitat.
For non-vascular taxa, similar contrasts were observed among habitats (Table 5), especially with
regard to mosses which were mostly observed in the external and central tread of lobes (Table 5;
Figure S3-7a). Lichen cover was scarce and was mainly found on the parent slope. The cover of
the mat forming cyanobacteria Nostoc sp. was also limited and mainly observed on the external
treads while it was absent in the parent slope and risers (Table S; Figure S3-7b). Biological soil
crust was very widespread over pronival margin and exhibited a distinct distribution of the two
crust types: whitish and dark-coloured (Figure 46). The dark crust was abundant in the external
and central tread of lobes (Table 5; Figure S3-7b; c¢) while it was absent elsewhere. The whitish
organic crust was most abundant in the lateral risers (Figure S3-7d) but was also commonly found
in the parent slope and on the external tread. Finally, with regards to the inorganic soil, the gravelly
surface dominated the parent slope and the risers (Figure S3-7e;f) while it became sporadic in the
central treads. Conversely, the proportion of the soil surface consisting of fresh sediment was

greatest in the central tread (Figure S3-7a) while it was almost nil elsewhere.

- Control of environmental variables on vegetation and soil surface distribution

According to the canonical correspondence analysis (CCA) (Figure 54), the first and
second axis retained together 93.4% of the total variation in vegetation cover. The soil moisture
and surficial water were the only tested variables that were significant within the canonical model
(p<0.05, 1000 permutations). They were strongly related to the canonical axis 1 (F1) and explained
respectively 40.3% and 15.4% of the species and soil surface composition variability (Table S3-4).

In contrast, the thaw depth, distance to ice patch and snow height appeared as secondary variables.

186



’ @ Central tread
External tread
Lateral ri
1 5 + Stellaria lon. | ® aleral niser
’ [] ® Parent slops
= @ | B Vasculartaxa
Black crust O Non-Vascular taxa and organic crust
10 ® B Non-organic soil
Poa abb. G i alp.
Saxlfraga cer. Soil moisture W Draba sp
= 0.5 T Papaver lab. 4
R ) Saxifraga opp—H N . Thaw depth _.-¥
[Te] Distance "
I alip X -0 Moss
foe] White crust kY L ®
o 0 0 Draha sug;‘\ ,,’-'_'.‘_v Snow height
— . Minuartia rub. M g s
ol - Draba cgr. " ==a___
- ®® ichen | 00000 el o
057 .Grave.f 1 Surficial water @ W Phippsia alg.
- ‘o
[ ]
10T T L B Fresh sediment
-1.5 : : : : |

10 05 00 0.5 1.0 15 2.0 25
F1(55.02%)

Figure 54. Canonical correspondence analysis (CCA) ordination plots for species and soil surface
composition of various habitats and four environmental variables on the 27 sites sampled over the
downslope margin of the ice patch IP1 at WHI. Filled coloured circles indicate the sampling sites
(blue = central section of lobes,; green =internal side of lateral risers, orange =external side of
lateral risers and red= parent slope) and coloured squares represent vegetation and soil surface
compositions (black=Vascular taxa; grey=Non-vascular taxa and organic crust; brown=Non-
organic soils). Arrows represent environmental explanatory variables (red=statiscally significant;
blue=non statistically significant) with arrowheads indicating their direction of increase. The 95%
confidence ellipses highlight the clustering of sampling sites according to the CCA analysis and
the overlap between the different ellipses illustrates the contact and transitions between habitats.

In the ordination plot, the relationship between vegetation and soil surface composition with
the environmental variables was well established and various habitats were successfully
discriminated. Species and soil composition were clearly distributed according to a moisture
gradient. Covers of Draba spectabillis, Phippsia algida, Stellaria longipes, mosses and black
organic crust were all positively associated with the soil moisture indicating that they are essentially
found in the humid soils in the central treads of lobes and the internal lateral risers. Phippsia algida,
the most abundant species in the central tread (Table 5), was associated with areas that supported
surface flow and fresh deposits of fines, typically in the upper section of lobes (Figure 55a). In
contrast, dark organic crust and Stellaria longipes developed in sites farther from the ice patch, and

thus the least disturbed (Figure 55b). Species preferring moderate to high soil moisture were
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concentrated along the external tread (e.g. Cerastium alpinum; Saxifraga cernua; Papaver
labradoricum) while species more adapted to mesic environments were found along the risers (eg.
Draba subcapitata; Minuartia rubella). Finally, the sites in the parent slope were logically
inversely related to the soil moisture and thereby dominated by gravelly substrates and lichens

(Figure 54).

Figure 55. a) Photograph of the upper section of Lobe B (near T1) showing the dense distribution
of Phippsia algida associated with moss patches in the central tread of the lobe. On each side, the
external tread is covered by black organic matter b) Terminal section of the lobe B dominated by
a cover of black organic matter and scattered patches of Saxifraga.

4.8. Discussion

4.8.1. Water and mass transfers related to the ice patch system

4.8.1.1. Hydrological regime

The ice patch IP1 acts as a water reservoir on slopes which is mainly fed by seasonal

accumulations of wind-drifted snow in winter (Chap. 2 and Chap. 3). Due to its longitudinal shape

and position on the slope (Figure 45), IP1 also collects snowmelt water from the upper section of
the north face of Walker Hill (Paquette et al., 2018). As flows cannot infiltrate under the cold base
ice mass (Chap. 2), they are forced to enter into the ice patch system and flow at the snow-ice
interface (Ballantyne, 1978; Lewkowicz and Young, 1990). At the beginning of the warm season,
the ice patch therefore cuts off the hydrologic connectivity of the slope because part of the

meltwater from the upslope is trapped in the system during the ripening phase by filling the snow
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porosity and promoting superimposed ice growth (Chap. 2). Once most of the snowpack above the
ice patch gets fully ripe (i.e. melting throughout; Marsh, 2006), meltwater started to flow out of the
system to supply the pronival margin of the ice patch (Figure 48), thus re-establishing the
hydrologic connectivity between the upslope and downslope sections of the ice patch. During the
outflow phase, water fluxes from upslope and in-situ snow/ice melt are concentrated in supra-ice

rectilinear channels incised in the superimposed ice that promote rapid drainage from the patch

(Chap. 2).

The contribution of meltwater inflow from the slope of Walker Hill versus the ice patch
ablation in the outflow is difficult to quantify but our data suggest that it increased as the melt
season progressed in 2019. The discharge events recorded by flumes A and B remained high and
even tended to increase in intensity over the studied period (Figure 48 and Figure S3-6) while the
discharge recorded in the water track WT-B, fed solely by seasonal snowmelt, gradually decreased
(Figure S3-6). Although the measurements stopped on July 19, we can assume that the melting of
IP1 sustained meltwater flows until refreezing, making the hydrological regime of the ice patch

resemble the proglacial regime (Woo, 2012).

The discharge exhibited significant daily variability that reflects the ablation rates of the ice
patch and thus the surface energy balance (SEB) (Figure 48) (Lewkowicz and Young, 1990; Chap.
3). The highest discharges were recorded during periods of windy and warm days while periods of
calm and foggy weather produced low discharges with even occasional interruptions (Figure 48).
The recurrence of weather patterns during the summer have thus a significant impact on the
hydrological regime of the ice patch, so that it is subject to significant interannual variability in

response to short-term climate fluctuations (Chap. 3).

4.8.1.2. Sediment dynamics related to the ice patch system

Given its cold base (Chap. 2), the ice patch IP1 probably does not erode the wall and floor
of its topographic niche and therefore does not produce sediment itself. Nevertheless, it exerts a
major control on the solute and solid sediment delivery over the pronival margin by modulating

the sediment connectivity along the hillslope.

Measurements of sediment concentration at sampling sites in the pronival margin

demonstrated that the total sediment fluxes were largely dominated by solutes (Figure 48; Table
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S3-2). The TDS fluxes measured at flumes were of the same order of magnitude as those reported
by Paquette et al., (2020a) in water tracks. As snowmelt water is generally solute-poor, the TDS
fluxes observed in surface runoff over pronival margin actually reflect the contribution of upslope
subsurface flows enriched in solutes by the leaching of mobile ions of calcium (Ca?") from the
Walker Hill calcareous slope (Paquette et al., 2020a). At sampling sites located upslope of IP1
(IP_up), seasonal changes in TDS concentration likely reflected the shift in the dominant water
source contributing to slope and in the drainage organization (Paquette et al., 2018; 2020a). Three
phases can be identified in the TDS evolution presented in Figure 49b. Phase 1 consists of the
early period when the high TDS were measured at IP_up sites (~90-100 mg L") due to the slow
drainage of early meltwater flows on the slope that resulted in high solute enrichment of the water.
Similar values were measured at pronival sites indicating that the solutes from upslope were poorly
diluted by the meltwater from the ice patch. Phase 2 consists of a rapid decrease in TDS
concentration from ~100 to 50 mg L' (20-26 June). This likely reflected the development of more
efficient and rapid drainage along the upper slope of Walker Hill since the deepening of the active
layer resulted in the development of a subsurface drainage network across the patterned ground
(Levy et al., 2011; Paquette et al., 2020a). Finally, phase 3 (26 June to the end of the study period)
consists of the gradual increase in solute concentration at IP_up sites up to 90-100 mg L! that was
supported by the increasing contribution of solute-rich ground ice melt as the active layer further
deepened (Lewkowicz and French, 1982b; Paquette et al., 2020a). During this phase, TDS
concentration between IP up and pronival sites were increasingly differentiated due to the
increasing contribution of the meltwater derived from the melting of IP1 which diluted the upslope

solute inputs.

In terms of suspended sediments, very low TSS fluxes were measured through the study
period near the front of IP1 (Site T1; Figure 48 and Figure 49c). At Flume A, TSS was 7 times
lower than TDS (Table S3-2). This reflects that the ice patch remained in an early stage of melting
as almost its entire surface was still covered by a thick layer of snow at the end of fieldwork.
However, field evidence such as fresh deposition of fines observed in the zone of rillwash of lobes
and small pronival alluvial fans (Figure 46 and Figure 47c; h) suggest that significant sediment
supply and deposition occurred in previous summers on the pronival margin of IP1. These alluvial
processes are part of nivation (Christiansen, 1998; Lewkowicz and French, 1982a; Lewkowicz and

Kokelj, 2002). Although on carbonate rock slopes, suspended sediment transport is generally low
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(Paquette et al., 2020a), the ice patch has the effect of concentrating solid sediment. Previous work
on IP1 (Chap. 2) has highlighted the mechanisms of solid sediment trapping within the ice patch
system through the incorporation of fine-grained sediments into seasonal snow accumulation by
aeolian transport in winter and through the retention of washed fine sediments from upslope in the
snow porosity (i.e filtering effect of the snow) in early summer. Some of these sediments are then
incorporated into the superimposed ice (Lewkowicz and Harry, 1991; Ostrem, 1963; Wilkinson
and Bunting, 1975; Woo et al., 1982; Chap. 2). With the gradual melting of snow and ice, sediments
are released and transported by meltwater, which means that sediment pulses usually occur in late
summer. Considering the expected close link between the melting rate of ice patch and the release
of the sediments it contains, a strong variability in seasonal and interannual sediment dynamics is
expected. In years of high ablation (e.g. 2017, Chap. 3), the melting of the seasonal snowpack and
a portion of the multi-year ice body results in a concentration of sediments on the exposed ice that
are subsequently flushed from the system (Chap. 2). Therefore, large amounts of sediment,
sometimes stored for long periods in the ice patch, are released in a short time. On the contrary, in
years with low ablation, a thick snowpack is preserved on the ice patch and most of the sediment

trapped in the snow and ice remains in the system.

4.8.2. Functioning of the biogeomorphic system of ice patch

The dynamics of the pronival slope of IP1 critically depends on the ice patch presence and
regime. The supplies of meltwater and sediment by the ice patch to its pronival margin give rise to
azonal soil conditions which initiated a suite of biological and geomorphic processes that
collectively form a complex biogeomorphic system (Figure 46). As with all open natural systems,
the functioning of an ice patch-related biogeomorphic system is controlled by interactions and
feedbacks between fluxes (water, mass, heat), processes and forms that operate at small-scale but
are modulated by larger-scale "external" elements such as the climate, geology and post-glacial
history (Woo and Young, 2003). We propose here, based on our results, a description of the key
interactions and feedbacks between hydrological, sedimentary and biological processes involved

in the functioning of an ice patch-related biogeomorphic system on a polar desert slope.

4.8.2.1.  Pronival runoff and alluvial processes

Surface flow and alluvial processes on the pronival margin closely interact, giving rise to

negative feedback to soil hydraulic conductivity with the transfer and deposition of fines. On the
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slope of Walker Hill, the washed beach gravel deposits have high hydraulic conductivity (Figure
47a) so that most meltwater is transported downslope by subsurface pathways through the active
layer (Paquette et al., 2017). In the central tread of the lobes, however, a large supply of fine-
grained sediments by melt flows (Figure 46 and Figure 47d,h) has clogged the porosity of the pre-
existing beach deposits, thus significantly reducing soil permeability. Verpaelst et al. (2017)
demonstrated that the hydraulic conductivity of muddy sandy gravels present in the central tread
of a solifluction lobe at a site close to ours at WHI was 4-6 orders of magnitude lower than that of
the gravels. The low-permeability of these soils therefore favours moisture concentration and
surface runoff along the central axis of lobes which in turn promotes fine sediment deposition at
the soil surface. In addition, sustained moisture supports the growth of organic soil crust, especially
nitrogen-fixing cyanobacteria, which contribute to reduce water infiltration and thus enhance

runoff (Breen and Levesque, 2008; Woo and Xia, 1995; Woo and Young, 2003).

4.8.2.2. Interaction between plants and sediment dynamics

The vegetation that colonizes the pronival margin plays a key role in the functioning of the
biogeomorphic system by providing important feedback on the sedimentary dynamics. Vascular
and non-vascular plants observed over the lobe treads and their lateral risers over the pronival
margin of ice patches (Table 5) form a so-called snowflush community where vegetation cover
and diversity are higher than elsewhere in the polar desert where barren gravel soils dominate.
These plants communities are widespread in the polar desert and represent hot spots of polar
biodiversity (Bliss et al., 1984; Desjardins et al. 2021). The spatial distribution of the vegetation
was mainly controlled by the moisture and the disturbance gradients (Figure 54; Figure S3-7). The
external tread of lobes had the densest vegetation cover and organic crust (Table 1) due to the high
availability of moisture and a relatively stable soil surface. In contrast, in the central tread of the
upper lobe section, alluvial processes limited vegetation establishment. The only vascular plant
that colonized these localities was Phippsia algida which affectionates silty soil and tolerates
adverse conditions produced by soil disturbance and cold water temperature (Figure 54; Bliss et
al., 1984; Woo and Young, 2003; Desjardin et al., 2021). Phippsia algida was frequently associated
with moss patches. Together, Phippsia algida and mosses (Table S; Figure 54; Figure S3-7a) act
as ecosystem engineers that play a central role in the sedimentary dynamics on the lobe treads by
reducing transport energy and thereby trapping efficiently the suspended silt-sized sediments and

stabilizing soil surface (Figure 47c and Figure 55). In turn, the accretion of fine and moist soil
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contributes to providing favourable conditions for plant and organic crust growth (Pushkareva et

al., 2016).

4.8.2.3. Interaction between biotic conditions and ground surface thermal regime

The ground surface thermal regime of the pronival margin in July was marked by significant
spatial variability (Figure 50; Table S3-2) which is related to the interaction between water runoff
and soil surface properties. Our results revealed warmer ground surface temperature on the humid
soils of the central tread of lobes than on the dry soils of the parent slope. We consider that this
warming effect was provided by a decrease in surface albedo linked to the fine and saturated
sediment deposition at soil surface as well as to the presence of a thin dark organic crust that covers
a large part of the tread surface (Figure 46; Figure 55b; Table 5). It thus modifies the soil surface
energy balance by increasing the absorption of radiative heat by the surface (Gold, 1998;
Pushkareva et al., 2016). The circulation of water over the heated soil surface affects the thermal
regime of pronival lobes by redistributing the heat across the system (heat advection). During the
daily flow peaks, the water level rose and sheet flow generally occurred over the central tread
where dark organic crust had been previously heated by solar radiation. As a result, the water was
heated up rapidly as it flowed downslope. This process explains why the daily thermal peak in
water temperature usually occurred during the rising curve of the hydrograph (Figure 48a,b). As
meltwater flowed from the IP1 at 0°C, the warming effect provided by the soil crust resulted in
large water temperature gradients in summer, sometimes exceeding 10°C in a few tens of metres
on sunny days, between the edge of the ice patch and the end of the lobes (Figure 49). This gradient
is clearly reflected in the soil surface temperatures and in the thaw depths (Figure 50 and Figure

51).

4.8.2.4. Soil creep and topography modification

On the pronival margin of IP1, the development of solifluction lobes has profoundly
modified the slope morphology (Figure 46 and Figure S3-3) with consequences for the surface
hydrology. The lobe acts as a funnel that concentrates soil moisture, surface runoff and alluvial
deposition along its central axis, which in turn provides favourable conditions for solifluction. This
results in a feedback mechanism between the morphology of the lobes and the variable that favours
their development. Solifluction is the result of several soil movement processes including frost

creep caused by repeated cycles of frost heave in fine-grained soil, gelifluction by the creep of the
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saturated active layer and plug-like flow by active-layer sliding on ice-rich permafrost (French,
2017; Kinnard and Lewkowicz, 2005, 2006; Mackay, 1981; Matsuoka, 2001). On the pronival
margin of IP1, the soil with a high fraction of fines (Figure 53 and Figure S3-6) is highly frost-
susceptible and has a higher water-holding capacity, resulting in higher water content during
thawing. As a result, these finer soils exhibit more frost heave by segregated ice growth and hence
have a higher excess ice content. In addition, the liquid and plastic limits are lower in finer soils,
making the active layer more susceptible to creep by gelifluction. The latter is also favoured by
segregated ice growth (e.g. ice lenses) which locally increases shear stress and leads to translational
movements (Matsuoka, 2001) and a thick active layer. Monitoring of solifluction rates in lobe B
demonstrated that the maximum displacements occurred along the central axis of the lobe and in
its lower part with measured values up to ~ 2 cm a~! on average from 2016 to 2019 (Figure 52).
These preliminary results are consistent with those reported in the few existing studies in polar
desert environments; e.g. Bennett and French (1991) at Melville Island (NU) (0.9-2.4 cm a™'),
Lewkowicz and Clarke (1998) north of Ellesmere (NU) (1.7-3.1 cm a ') and Washburn (1999) at
Resolute Bay (NU) (~3.1 cm a™}).

At the scale of WHI, solifluction lobes connected to snow and ice patches, such as lobes A
and B, are the most prominent landforms across the landscape (Paquette et al., 2020a; Verpaelst et
al., 2017; Vincent et al., 2011b) and represent the most tangible evidence of the role played by

snow and ice patches in the slope evolution.

4.8.3. Various stages of development of slope below an ice patch

Based on the description of key processes and interactions between the biotic and abiotic
elements involved in the functioning of the biogeomorphic system connected to IP1, we developed
a three-stage conceptual model of pronival slope development in a polar desert (Figure 56). Stages
represent the activation of processes and feedback mechanisms in response to local changes in soil

surface properties and slope morphology.

4.83.1. Stage 1: Alluvial processes and sediment transfers

The development of an embryonic system starts with the activation of alluvial processes
immediately downslope of the ice front, linked to the concentration of water and suspended

sediments at the outlet of supra-ice channels (Figure 56a). Along the edge of the cold-based ice
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patch, the permafrost table is close to the surface so that infiltration of meltwater is limited and
runoff initiates. As water decelerates as it flows over the pronival slope, sediment is deposited
which results in the development of fan-like alluvial deposits composed of fine-grained sediments

that have filled the porosity of gravelly slope material (section 4.8.2.1. ;Figure 46; Figure 47h).
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Figure 56. A three-stage conceptual model of the development of an ice patch biogeomorphic
system on a low-gradient polar desert slope. a) Stage 1: Initiation stage characterized by the
formation of an alluvial fan-like deposit in front of the ice patch; b) Stage 2: Growth stage marked
by the colonization of pioneer species and by the activation of sorting and solifluction processes,
¢) Mature stage during which the solifluction lobe gets fully developed and exhibits zonation of
processes and feedback mechanisms as a function of distance from the ice patch front.
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These depositions of fines tend to expand downslope by self-constructing an impermeable bed
through the transfer of sediment from the ice patch front to the seepage zone at the distal edge of

deposits. These alluvial microforms appear as embryonic solifluction lobes.

4.8.3.2. Stage 2: Solifluction processes initiation

The widening, thickening, and downslope extension of alluvial deposits lead to the
activation of a suite of abiotic and biotic processes (Figure 56b; e.g. Lobe C, Figure 46 and Figure
47¢g). The sustained saturation of fine-grained soils provides reliable conditions for colonization of
cyanobacteria which creates edaphic environments (e.g. nitrogen fixation) favourable to the growth

of pioneer and ecosystem engineer plant species (e.g. Phippsia algida) (Breen and Lévesque,

2008). Due to the trapping effect of the vegetation (section 4.8.2.2.), more sediment accumulates
along the channel that supports surface runoff but less sediments reaches the distal edge of the
alluvial deposit. As the fraction of frost-susceptible fines increases, frost heave, sorting and

solifluction processes activate and begin to modify the slope morphology (section 4.8.2.3). The

combination of these processes explains the development of a longitudinal ridge with the migration
of the coarse materials to the periphery (Figure 47g). Along this ridge, the downslope sediment
transfers occur through a combination of slow soil creep by solifluction and rapid alluvial processes
associated with high flow episodes during which meltwater cuts into alluvial deposits. Collectively,
the cold water flow (near 0 °C immediately below the ice patch edge), the sediment accretion and
the vegetation colonization probably results in upward migration of the permafrost table below the
ridge, leading to the development of an intermediate layer with ice-rich cryofacies (Shur et al.

2004; Verpaelst et al., 2017).

4.8.3.3. Stage 3: Mature biogeomorphic system

At their mature stage, ice patch-related biogeomorphic systems are dominated by
solifluction processes that create tongue-shaped lobes (Figure 46). As the lobes extend downslope,
a spatial heterogeneity emerges in terms of vegetation, thermal regime, sediment dynamics and
hydrology (Figure 56¢). The upper section of the lobe (Zone 1) is dominated by alluvial processes.
Surface runoff occurs generally in several parallel rills formed by small sorted stripes (Figure 46;
Wilkinson and Bunting, 1975) or as sheet flow across the width of the central tread of lobes during
major melt events. Due to the low gradient of the slope and the presence of ecosystem engineer
species along the rills, this section is the most important sediment sink of the system (Figure S3-
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2e). Vegetation, sediment accretion and the cold water temperature due to the proximity to the ice
front (Figure 49a) limits thaw penetration (Figure 51) and likely favour the development of a
syngenetic permafrost layer in Zone 1 (Figure 56c¢). In the middle section (Zone 2), the rills merge
into one or two channels that concentrate the flow. Outside the channels, the soil surface of the
central tread is more stable. As most of the solid sediments remain trapped in Zone 1, the sediment
input by runoff is limited (Figure 49c). Consequently, most of the downslope sediment transit
occurs by solifluction sheet flow, which allows the sediment accumulated in Zone 1 to be slowly
conveyed to the front of the lobes. As the proportion of dark organic crust cover increases
downslope (Table 5), Zone 2 is marked by a rapid rise in water temperature (Figure 49a) which
results in deeper thaw depths than in Zone 1 (Figure 51). Finally, the lower part (Zone 3) consists
of the frontal section of the lobes which tends to progress downslope and progressively bury the
pre-existing beach deposits. The soil is continuously saturated in this section, but the water
circulates mainly in the subsurface, except during the highest melt peaks, when sheet flow may
occur to the front of the lobes. Alluvial deposition is limited and the primary sediment delivery
occurs by solifluction (Figure 52). The soil surface is dominated by dark soil crust (Table 5;
Figure 53) which provides an important warming effect over the central tread of lobes. The large
heat input to the soil surface combined with the high percentage of fines, that allowed more heat
to be conducted to depth, resulted in localized permafrost degradation and a permafrost table deeper

than it was prior to lobe formation (Figure 56c¢).

The organic crust that is omnipresent in lobes A and B under current conditions can be
regarded as an initial stage in plant succession by providing favourable conditions for the
colonization of vascular plants (e.g. N> fixation, nutrients, increased degree-day of growth at the
soil surface; longer growth season; Table S3-2) (Bliss and Gold, 1999; Breen and Lévesque, 2008).
Thus, we assume that lobes A and B could evolve into more vegetated lobes with a denser cover
of moss and vascular plants in the central tread (Figure S3-8). Such a plant succession would lead
to colder ground surface temperatures due to the insulation effect provided by vegetation.
Consequently, upward migration of the permafrost table would occur all along the central tread of
lobes, contributing to the growth of an ice-rich layer of syngenetic permafrost (Verpaelst et al.,

2017; Young et al., 1997).
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4.8.4. Long-term evolution of the studied pronival slope

The continuous presence of ice patches at WHI over the long term explains the development
of mature biogeomorphic systems with well-developed and large solifluction lobes. Based on
current displacement rates (Figure 52) and lobe lengths downslope of IP1, we can roughly estimate
that lobe development began around 3000-4000 years ago. This age is consistent with the estimated
age of the perennial ice patches at WHI, dating back to the early Neoglacial (Chap. 2). Between
the emergence of the IP1 site from the glacio-isostatic uplift (7000-6000 years ago; Lyon and
Mielke, 1973) and the establishment of a permanent ice patch, there was a period of relatively
warm climate (the Holocene Optimum; Bradley, 1990; Fisher et al., 2012; Gajewski, 2015) during
which the topographic niche of IP1 was likely occupied by a seasonal snow patch. Consequently,

biotic and abiotic activity remained likely limited.

During the Neoglacial Period, the growth of the biogeomorphic system was likely not
linear. Phases of greater or lesser biogeomorphic activity presumably occurred depending on the
evolution of water and sediment supplies provided by the ice patch. These key variables themselves
depend directly on the intensity of the summer ablation (Chap. 3). Biogeomorphic systems
therefore most likely follow a cyclical pattern alternating between phases of reduced activity, or
even degradation, during periods of low ablation (e.g. the Little Ice Age) and phases of growth
during periods of intense summer ablation (e.g. the Medieval Warm Period). We believe, however,
that there is a threshold above which excessive water supply would be critical for solifluction as it
would promote erosion of the central tread and frontal lobe (Washburn, 1980). Field evidence of
lobe degradation was found in a secondary branch of Lobe A (Figure S3-9) where surface flow had
breached the front of the lobe.

The evolution of a biogeomorphic system is also controlled by the individual evolution of
its components which has repercussions on the overall functioning of the system. As mentioned in
section 4.8.3.3, ecological succession can lead to important modifications of the sediment fluxes
and thermal regime over the pronival margins which directly affect solifluction processes and
structure of the permafrost. Solifluction lobes are also governed by internal mechanisms related to
their stage of development. The growth of a lobe also generally leads to its collapse when shear
stress exerted by the thick lobe tread overcomes riser shear strength (Kinnard and Lewkowicz,

2006). In addition, the microtopography produced by the lobes may favour the formation of
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seasonal snow patches downslope of the lobe front (Chap. 5) that can lead to lobe failure (Price,
1974).

This combination of external and internal variables and mechanisms that control the
functioning of the biogeomorphic system makes its past long-term evolution very complex.
Additional data on lobe stratigraphy and dating of buried organic material fragments will be needed
in future work to establish an accurate chronology of lobe development phases and to link them to

palaeoclimatic data and ice patch evolution.

4.9. Conclusion

Understanding the role of perennial ice patches in slope development is crucial in the polar
desert where these small elements of the cryosphere are ubiquitous. By applying for the first time
the biogeomorphic approach to the study of an ice patch-related system, new insights have been
gained into the complex interaction between the ice patch regime, fluxes (water, sediment, and

heat), geomorphology and vegetation.

Based on a geomorphological map and field observations, the direct link between meltwater
flow from an ice patch and the presence of a specific geomorphic and biological assemblage in the
pronival margin was demonstrated. We have emphasized that the primary role of the ice patch
system is to control and modulate water and sediment fluxes along the slope. On one hand, it acts
as a water reservoir and sediment trap through the accumulation of drifted snow in winter and
superimposed ice growth in early summer. On the other hand, part of the stored water and sediment
is released, to which is added the meltwater and sediment fluxes from the upslope that are collected
and concentrated by the ice patch. The key effect of the ice patch is therefore to supply sustained
water and sediment to the pronival margin throughout the summer. Since fluxes in water and
sediment are dependent on the magnitude of the ablation, they are expected to be greater during
summer marked by severe ablations. Our results showed that this surface meltwater runoff over
pronival sections initiates azonal geomorphic and biological processes that operate together
through a series of interactions and feedbacks leading to the development of a complex
biogeomorphic system. The identification of various feedbacks and the quantification of small-
scale fluxes of water, sediment and heat allowed us to develop a conceptual model of ice patch-
related biogeomorphic system development in 3 stages. At Stage 1, important positive feedback

occurs between sedimentation processes and the surface runoff in the pronival margin. It results in
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the formation of alluvial fan-type deposits of silty sediment below the ice patch that represent the
embryo of a biogeomorphic system. In Stage 2, the expansion of fine-grained saturated soils allows
the colonization of organic crust and engineer plant species. This initiates important feedback
between vegetation and sedimentation. In parallel, the fine-grained frost-susceptible sediments
favour frost heave, soil sorting and solifluction. Stage 3 represents the mature biogeomorphic
system dominated by solifluction that modifies the local topography and strongly controls the
distribution of soil moisture. The colonization of the organic crust over most of the lobe treads
plays a key role in the soil surface thermal regime by decreasing the surface albedo resulting in
increased soil heating and deeper thaw depths. The functioning and evolution of this “mature”
system are based on a dynamic equilibrium between the fluxes of water, matter and heat as well as
the evolution of individual components of the system (e.g. vegetation succession and cyclic

development in solifluction lobes).

This study thus highlighted that ice patches are an important factor in the long-term shaping
of the polar desert landscape. The large number of ice patches across the landscape makes it an
important biogeomorphic agent not only at the local scale but also regionally. Azonal geomorphic
and biological processes triggered by ice patches result in a partitioning of the landscape, giving it
a mosaic-like appearance with rich and dynamic micro-environments scattered throughout the
barren polar desert. This study paves the way for further research on a larger scale that should, for
example, establish a spatial correlation between ice patches and humid zones distribution. Special
attention should also be paid to studying the effects of ice patch-related biogeomorphic systems on
the spatial variability of permafrost structure and seasonal snowpack, both of which are key

elements of the polar desert geosystem.
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4.11. Appendices A3

Appendix A3-1: UAYV surveys and image processing

Combined with the digital photogrammetry based on the Structure from Motion (SfM)
algorithm, the Unmanned aerial vehicles (UAV) surveys represent a low-cost tool to produce
digital surface models (DSMs), and orthomosaics with a high spatial resolution, down to the
centimetre level. This technique is particularly suitable for the treeless terrain of Polar Regions and
is now widely used in geomorphology (Dabski et al., 2017; Tomczyk et al., 2019), glaciology
(Bashand and Moorman, 2020) and ecology (Fraser et al, 2016).

RGB data was collected with a DJI Phantom 4 Pro using its original 20-megapixels
resolution, 25.4 mm CMOS camera. Due to the high latitude of the study site, magnetic interference
disturbs the internal compass and GPS of the DJI Phantom 4 pro which prevents performing pre-
programmed and automatic flights. A single flight was made in manual piloting on 8 July 2019.
We tried to keep the flight altitude as constant as possible (around 90 m above ground level giving
a ground sampling distance of ~0.5 cm) and to collect a high-density image coverage of the study
area to ensure a high overlap between images. Around 600 images (20-megapixel) were captured
for each flight covering the lower section of the hillslope of Walker hill. Raw images were
processed using the Pix4D software (Pix4D, SA 2019) which produces orthomosaics and extremely
dense point clouds that were then interpolated to digital surface models (DSMs). Orthomosaics and
DSMs were then imported in ArcGIS and accurately georeferenced using 10 targets (plastic panels
of 30 cm diameter) distributed across the study areas to serve as photo-identifiable ground control
points (GCPs). The coordinates of all GCPs were measured using a total station (Trimble VX
spatial station) survey linked to a geodesic landmark recorded using a Global Navigation Satellite

System (R8 GNSS; Trimble®, precision x—y + 8 mm and z + 15 mm).

DSMs-derived Shaded relief and slope angle surface models were created in ArcGIS using
Spatial analyst tool. Topographic position index model was extracted from DSMs using the
ArcGeomorphometry extension (Rigol-Sanchez et al., 2015) through the calculation of the
Topographic Position Index (TPI) based on the algorithm developed by Weiss (2001).
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Appendix A3-2: Water discharge and quality

Within the cut-throat flumes (1 m long and 40 cm high), the water level was recorded from
the absolute pressures exerted by the water column on a Hobo U20 pressure sensor (uncertainty of
+0.62 kPa; £0.5 cm) obtained after subtracting the atmospheric pressure recorded by a second Hobo

U20 installed above the water.

The water level recorded was then used to calculate the free flow discharge (Of,cm? s!)

based on the equation:
Of =Kf xCf xh”’ (A3-1)

where Kf'is a free flow correction factor calculated from the specific dimensions of the
flume, Cf is the free flow coefficient, and nris the free flow exponent, both of which can be

extracted from tables according to flume standard dimensions (Siddiqui et al. 1996).

As regards the water quality, the Specific electrical Conductivity (SpC in micro Siemens
cm!), water temperature (Tyw, in °C) and pH were measured using a portable multi-parameter
PCStestr 35 (Oakton ®). At flumes A and B, SpC and Ty were measured continuously by a decagon
ES-2 (resolution SpC/Temp: 0.001 dS m™! /0.1 °C; uncertainty SpC/Temp: + 0.01 dS m™! /+1 °C)
connected to an EM50 data logger (Decagon Devices, Pullman, WA). The turbidity of the water,
given in nephelometric turbidity units (NTU), was measured in the field using a Lamotte 2020we
turbidity meter (Lamotte®). Triplicate samples were analyzed each time. The PCstestr and the
Lamotte 2020we were calibrated before use with standard buffer solution and several checks were

carried out during the field period.

Appendix A3-3: Canonical Correspondence Analysis

The vegetation data were analyzed by implementing a Canonical correspondence analysis
(CCA) to test for unimodal relationships between the cover of vegetation as well as the soil surface
composition over the pronival section of the ice patch IP1 and explanatory environmental variables.
CCA was made using the “vegan” package (Oksanen et al., 2015) in R 4.1.0 (R development core
team, 2019). Data were compiled into two matrices, one with mean cover per habitat of vascular
and non-vascular taxa and the second one with 5 environmental variables that were measured in
the field, i.e. soil moisture, end-of-winter snow height, thaw front depth, the presence of surficial

water and the distance from the ice patch front of quadrats at the time of sampling. A total of 1000
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permutations were performed and the results of the analysis were presented in the form of an

ordination diagram

Appendix A3-4: Sediment analysis in the laboratory

All the sediment samples were analyzed for grain size distribution after being dried and
crushed. Sediments coarser than 1 mm were sieved in the laboratory at the University of Montreal,
following a modified ASTM D6913 standard and fines portion below 1 mm was analyzed by laser
diffraction analysis. Sediments were classified according to the Udden - Wentworth scale (Gravel
and cobbles > 2 mm; Sand from 2 mm to 0.063 mm; Silt and clay < 0.063 mm). Descriptive
statistics (mean grain size, sorting, and skewness) and Folk and Ward sediment classes were

determined using the Gradistat software (Blott and Pye 2001).
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4.12. Supplementary material S3

Orthomosaic | DSM Shaded rellef

Slope angle

— High 1 1.76
_— Low :-0.42

Figure S$3-1. Unmanned aerial vehicles (UAV)-derived products used to create the geomorphic
map of the studied zone downslope of the ice patch IP1. a) Orthomosaic generated from a set of
images taken during flights carried out on 8 July 2019, b) Hillshade model based on the DSM

obtained by photogrammetry based on 8 July from images c and d) Slope and TPI of the calculated
from DSM.
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Table S3-1. Detailed information of sensors location. For the soil surface, DOC=Dark organic

crust, WOC=white organic crust; VP=vascular plants, Gr=gravel.

ID Position Elev. (m) Aspect Slope(®) Environm. Soil surface  Comment
83°5'37.69"N .
LT1 74°11'27 39"W 321 N 8.4 Solif. lobe DOC -
83°5'38.49"N .
LT2 74°11'38.00"W 33.1 N 7.6 Solif. lobe DOC+VP Surface runoff
83°5'38"N .
LT3 74°11'31.41"W 324 NE 6.5 Solif. lobe DOC -
83°5'38.88"N
LT4 74°11'41.91"W 31.8 N 12 Parent slope  Gr -
83°5'39.37"N .
LT5 74°11'36.14"W 28.3 NW 3.3 Solif. lobe DOC+VP -
83°5'38.80"N
LT6 74°11'33.88"W 29.8 N 12.7 Parent slope  Gr -
83°5'37.16"N Seasonal
L7 ae193778ew 376 N 146 agnip  © -
83°5'38.63"N
LT8 74°11'28 41"W 29.1 NE 8.8 Parent slope  Gr -
83°5'38.34"N .
LT9 74°11'35.57"W 32.2 NE 15 Parent slope  Gr+WOC Hummocky terrain
83°5'39.70"N .
LT10 74°11'34.14"W 27.2 E 28 Solif. lobe DOC+VP Near front of lobe B
83°5'38.15"N
LT11 74°11'42.66"W 35.5 N 8.2 Parent slope  Gr -
83°5'38.74"N .
LT12 74°11'36.76"W 30.9 NE 6.5 Solif. lobe DOC+VP -
83°5'36.57"N Seasonal
LT13 74°11'32.38"W 317 N 12.7 margin IP Gr .
83°5'38.66"N Seasonal
LT14 74°11'50 61"W 36.1 NE 16.4 margin IP Gr -
83°5'37.79"N .
LT15 74°11'29.95"W/ 33.0 NW 10.9 Parent slope  Gr top of a ridge
7 250
a) y = 3.8536x - 0.0815 b) - 6{;?053?(3_2;'26844
&1 R;:O?dggf ° 200 | p<0.0001 5
5 - ° = o .o -
- ’6 - P .
= 41 e et
|— " - -
=z .- .
31 UL "
P ’é ’ © ° 5
27 o 5270
. .- 'COO . : .
o o0y
0 (@»@'Q)} t t t t t -50
0 02 04 06 08 1 1.2 14 0 5 10 15 20 25 30
Discharge (L s7) NTU

Figure $3-2. a) Relationship between hourly discharge and turbidity (NTU) of the water at flumes
A and B during hourly water sampling carried on 1 July 2019 from 5:00hr to 22:00h; b)
Relationship between NTU values measured at different sampling sites and the total suspended
sediment concentration obtained by filtration in the laboratory of water samples collected on the

field.
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Figure 83-3. Transversal topographic profiles of the solifluction lobe B along the transect T1, T2
and T3. The profiles were extracted from UAV-DSM and the images were extracted from the
orthomosaic of 16 July 2019. LR=Lateral riser, LS=lateral sorted-stripe; CT=central tread.
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Figure S3-4. Precipitation measured during the field season 2019 from 15 June to 18 July near
the base camp at Ward Hunt.
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Figure §3-5. Comparison between the sum of the mean daily discharge measured at flumes A and
B and the mean daily discharge measured at the flume WT-B. The photographs above the graph
show the snow conditions over the east slope of Walker Hill where the flume WH-B is located (red
cross) on 25 June, 30 June, 10 July and 17 July 2019. The photographs below the graph show the
snow conditions and the ice patch IP1 on the Nord face of Walker Hill for the same date.
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Table S3-2. Water temperature, pH, sediment concentrations and fluxes for the sampling sites
along lobes A and B (T1, Flume and T3 and above the ice patch (sites IP up).

Water temperature pH Total dissolved sediment Total suspended sediment
Site Mean (°C)  Maxi (°C) Mean Spc(uscm™)  C(mgL")  Flux(kgd"')  Turbi. (NTU) C(mgL") Flux(kgd")
IP_up 0.0.£0.1 0.3 8.45+0.13 117.2+21.8 76.2+14.2 - 8.59+10.8 19.8427.0 -
i T1 1.4+0.7 2.5 8.34+0.22 99.3+18.2 64.5+11.8 - 44142 9.3+10.6 -
§ Flume 44114 9.25 8.2710.15 101.1+£19.8 65.7+£12.9 2.8+2.0 1.94+1.32 3.2+3.2 0.4+0.6
T3 5.3£2.1 10.8 8.32+0.15 106.4+18.7 69.2+12.2 - 1.4+0.8 1.9+1.9 -
IP_up 0.040.1 1 8.47+0.11 113.5+¢13.5 73.8+8.8 - 13.3%15.2 31.5+37.9 -
E T 2.2+1.3 4.4 8.2210.14 89.2+19.4 57.9+12.7 - 4.0+3.3 8.4+8.24 -
3 Flume 6.8+1.7 11.62 8.19+0.12 92.3+23.1 60.9+15.0 0.82+0.65 0.6+0.6 0.240.7 0.0£0.0
T3 8.1+2.4 13.7 8.20+0.11 99.54+24.9 64.7+16.2 - 0.4+0.2 0.0+0.0 -

Table $3-3. Summary of the mean (a) air temperature (TA) and (b) ground surface temperatures
of July (GSTury) over pronival margin of the ice patch IP1 calculated from data of summers 2016,
2017 and 2018. PDD.ir and PDDy,sare degree-days of thawing of the air and ground surface,
respectively;, GDDyir and GDDyys are degree-days of growing of the air and ground surface,
respectively; GSD is the growing season duration. In b) Data are presented separately by
environment: humid soils, dry soils and the seasonal margin are present separately.

a)

Year GSTuuwy (°C) PDDsuf (°C) GDDsuf(°C) GSD (days
P 2016 7.4 352 241 31
8 2017 5.8 325 186 28
é 2018 6.5 352 272 40
T MeantSD  6.6%0.6 34315 23344 32.9%6.5
2016 6.6 302 199 26
% 2017 4.7 246 114 18
z 2018 5.4 290 165 25
Meant SD  5.6%0.4 27929 160+43 23.1%4.4
_ 2016 3.9 272 183 25
§ S 2017 3.3 144 29 5
g E 2018 0.1 61 3 1
?  “MeantSD 24%16 159106 72197 10.2213.0
b)  Year  TAuLv(°C) PDDar (°C) GDDai(°C)
2016 3.2 196 50.2
2017 1.7 99 32.5
2018 0.9 69 36.8
M;‘g’i 1.9+1.1  121%54 39.8%6.9
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Table S3-4. Pearson correlation matrices between the mean ground surface temperatures of July
(GSTury) of 2016-2017-2018 measured over the pronival margin of the ice patch IPl and
environmental variables: Distance from the ice patch; volumetric water content (WVC);
Topographic position index (TPI) and end-of-winter snow height (SH). For this statistical analysis,
the sensors located in the seasonal fringe in front of IP1 have been excluded because the strong

effect of thick snowpack in this zone masks the implications of other factors.

Variables GSTuuLy Distance IP wVvC TPI SH
Distance IP 0.617* 1
VWC 0.714* 0.315 1
TPI 0.036 -0.069 -0.220 1
SH -0.282 0.138 -0.112 -0.764* 1
*Correlation coefficient significantly different from 0 (p-value <0.05)
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Figure §3-6. a) Textural ternary diagram (gravel-sand-mud) for sediment samples collected by
drilling in parent slope (D-dry, samples S1 and S2) and in Lobe B (D-Humid, samples S3 and 54)
and along the soil pit made in Lobe A (P1, P2 in humid section and P3 and P4 in dry zone) and b)

ternary diagram (Sand-silt-Clay) for the sample of fresh sediment collected on the central section

of lobe A.

210



Table S4. Canonical Correspondence Analysis (CCA) permutation results examining the
association between vegetation and soil composition sampled in various habitats over the
downslope margin of the ice patch IP1 with environmental variables.

Environmental variables df X2 F P Explains (%)
Soil moisture 1 2.71 20.58 0.004* 40.32
Surficial water 1 1.03 7.87 0.005* 15.41
Snow height 1 0.13 0.96 0.38 1.88
Thaw depth 1 0.06 0.44 0.82 0.86
Distance IP 1 0.03 0.20 1.00 0.38
Residuals 21 2.76
Total 26 6.71

* Statistically significant value after 1000 permutatoins (P<0.05)
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Figure §3-7. Photographs of the quadrats (50 cm x 50 cm) sampled along T1, T2 and T3 in Lobe
B representing differences in vegetation cover and soil composition between various habitats that
characterized the downslope margin of the ice patch IP1. a) high density of Phippsia algida in the
upper central tread of the lobe (T1) associated with mosses and abundant surficial water and fresh
deposits of fine-grained sediments; b) Continuous black organic crust with sparse Stellaria
longipes (n=58), Draba subcapitata (n=19) and Phippsia algida (n=14) in the central tread near
the front of the lobe (T3); c) External tread of lobe B (T2) characterized by a continuous cover of
black organic crust, including Nostoc spp. and mosses species, and with Phippsia algida (n=20),
Saxifraga cernua (n=>5), Saxifraga oppostifolia (n=4), Cerastium alpinum (n=4), d) Lateral ridge
of the lobe with whitish organic crust, including lichens, mixed with gravel and with Cerastium
alpinum (n=8), Draba subcapitata (n=5), Saxifraga cernua (n=4), Saxifraga oppostifolia (2) and
Papaver labradoricum (n=2); e) Soil surface in parent slope of the transect T2 which was
exclusively composed of gravel material; f) Soil surface in the parent slope of transect T3
characterized by a hummocky terrain with a mixture of gravel and fine-grained sediments covered
by whishtish organic cover and lichens that supported some vascular plants such as Minuartia
rubella (n=20), Draba subcapitata (n=6) and Saxifraga oppostifolia (n=3).
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Figure S3-8. Example of a pronival solifluction lobe with a dense cover of moss and plants over
the central tread.

Figure $3-9. Photograph of a branch of lobe A whose front ridge has been breached by a surface
flow.
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Chapitre S — Effects of meteorology and soil moisture on the
spatio-temporal evolution of the depth hoar layer in the polar

desert snowpack
Auteurs : Gautier Davesne, Florent Domine, Daniel Fortier

5.1. Avant-propos

Le chapitre 5 consiste en un article publié dans la revue Journal of Glaciology (Davesne,
Domine, et Fortier, 2021). Cette étude propose pour la premicre fois de déterminer les facteurs
météorologiques et environnementaux qui controlent la variabilité spatio-temporelle du couvert de
neige saisonnier de désert polaire. Cette recherche fait suite aux travaux préliminaires de Domine
et al. (2018a) qui ont montré la grande hétérogénéité des propriétés physiques de la neige des
déserts polaires et répond au besoin crucial de combler les lacunes dans la compréhension actuelle
du manteau neigeux de ses régions (Royer et al., 2021). Cette étude explore notamment si et
comment I’humidité du sol — qui est fortement influencée par la distribution des plaques de neige
et de glace — a une incidence sur les processus de métamorphisme. Plus spécifiquement, nous nous
sommes intéressés a la croissance du givre de profondeur qui forme typiquement la strate basale
du couvert nival arctique et dont la présence influence fortement les propriétés thermiques et
optiques de la neige. Ce chapitre s’inscrit donc dans 1’objectif 4 de la thése et permet de mettre en
évidence une autre facette des effets de la présence des plaques de glace sur le milieu physique.
Cette ¢tude s’est basée sur des données de coupes stratigraphiques de neige couplées a des mesures
de données environnementales (humidité du sol, température de 1’air et du sol, mesure de vent)

obtenues a I’1le Ward Hunt.

Citation complete: Davesne, G.; Fortier, D. & Domine, F. (2021) Effects of meteorology and soil
moisture on the spatio-temporal evolution of the depth hoar layer in the polar desert snowpack,
Journal of Glaciology, 1-16. doi:10.1017/j0g.2021.105

5.2. Résumé

Dans les déserts polaires, la croissance de givre de profondeur (Depth hoar, abrégé en DH)

n'est pas systématique contrairement a la toundra, ce qui est critique pour les propriétés du manteau
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neigeux. Nous abordons ici la variabilité spatio-temporelle de la couche de DH dans le désert
polaire sur deux sites du Haut Arctique canadien : I'lle Ward Hunt (83°N) et Resolute Bay (75°N).
Nos données montrent que, au-dessus des zones humides, le DH représentait une plus grande
fraction du manteau neigeux et était caractérisé par une densité plus faible et des cristaux plus
grossiers qu'au-dessus des zones seéches constituées principalement de graviers. L'augmentation de
I'humidité du sol prolonge la période du zero curtain effect pendant la période de gel, ce qui entraine
des gradients de température plus forts dans le manteau neigeux et un métamorphisme cinétique
plus important. Nos résultats démontrent également que la grande variabilité interannuelle du DH
est principalement déterminée par les conditions de vent a 1'automne, puisque cette variable clé
contrdle la densité initiale de la neige et la date d'apparition de la neige. Ces forts contrdles exercés
par I'humidité du sol et les conditions météorologiques sur la croissance du DH dans les déserts
polaires soulignent la possibilit¢ de changements majeurs dans les propriétés physiques des
manteaux neigeux polaires en réponse aux changements climatiques et environnementaux rapides

qui affectent actuellement ces régions.

5.3. Abstract

In polar deserts, depth hoar (hereinafter: DH) growth is not systematic unlike on tundra and
this is critical for snowpack properties. Here we address the spatio-temporal variability of the DH
layer in the polar desert at two sites in the Canadian High Arctic; Ward Hunt Island (83°N) and
Resolute Bay (75°N). Our data show that, over humid zones, DH represented a larger fraction of
the snowpack and was characterized by lower density and coarser crystals than over dry gravelly
areas. Increased soil moisture extends the zero-curtain period during freeze-up, leading to stronger
temperature gradients in the snowpack and greater kinetic metamorphism. Our results also
demonstrate that the large inter-annual variability in DH is primarily driven by wind conditions in
the fall since this key variable controls the initial snow density and snow onset date. These strong
controls exerted by soil moisture and meteorological conditions on DH growth in polar deserts
highlight the possibility of major changes in polar snowpacks physical properties in response to

the rapid climate and environmental changes currently affecting these regions.

216



5.4. Introduction

As a mix of air and ice, snow exhibits unique thermophysical and optical properties, which
include: (1) its high short-wave albedo and high thermal emissivity; (2) its high thermal insulation
capacity; (3) its capacity to store and release water and energy as latent heat (Pomeroy and Brun,
2001; Warren, 1982). The seasonal snowpack therefore has critical effects on the whole polar
geosystem through many complex feedback mechanisms on aspects such as climate, permafrost,
hydrology and plant ecology (Callaghan et al., 2011a,b; Park et al., 2015) and these effects are
potentially strongest at the highest latitudes and in particular in polar deserts (Young et al., 2018),

where snow covers the ground surface for up to ten months of the year.

Polar deserts are characterized by low winter precipitation, unevenly redistributed across
the landscape during and after snowfalls by strong winds, and the predominance of non-vegetated
mineral soils. These conditions make polar deserts fundamentally different from Arctic tundra
regions in terms of climatic and environmental conditions (soil composition, vegetation, surface
hydrology) with direct consequences on the snowpack. This recently motivated Royer et al. (2021)
to rethink the well-accepted classification of seasonal polar snowpack of Sturm et al. (1995) by
creating a specific category for the polar desert snow. In particular, the polar desert snowpack
stands out from that of the Arctic tundra snow by its lower height (~20 cm vs. 40 cm respectively)
and higher density (~409 kg m™> vs. 315 kg m™>, respectively) (Royer et al., 2021). As a
thermodynamically unstable medium, snow on the ground undergoes a constant evolution through
the winter following metamorphic processes (Sommerfeld and Lachapelle, 1970; Colbeck, 1982).
In polar deserts, the snowpack is generally comprised of two main layer types: a thin basal depth
hoar layer, typically < 10 cm, topped by a wind slab (Domine et al., 2018a; Royer et al., 2021).
Depth hoar (hereinafter DH) crystals are large poorly connected hollow faceted crystals forming
layers of low density and low thermal conductivity, while wind slabs have opposite properties. DH
formation is related to a strong vertical temperature gradient (>20 °C m™!) within the early season
snowpack which induces a water vapour pressure gradient. It results in an intense upward water
vapour flux by diffusion from the warmer to the cooler layers of the snowpack leading to kinetic

grain growth by recrystallization (Sturm and Benson, 1997). These upward heat and mass transfers
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can be enhanced by convection (Sturm and Benson, 1997; Trabant and Benson, 1972) and wind-

induced air advection (wind-pumping; Albert et al., 2002; Cunningham and Waddington, 1993).

The formation of DH has attracted renewed scientific interest over the last decade since it
causes drastic changes in the snowpack properties and has strong interactions and feedbacks with
the ground surface. Indeed, the DH layer contributes most to snowpack thermal insulation. Its
thickness and thermal conductivity are critical since they deeply affect the winter ground surface
temperature and hence the permafrost thermal regime (Domine et al., 2016a; Gouttevin et al., 2018;
Sturm and Johnson, 1992; Sturm et al., 2002; Zhang et al., 1996). DH also affects the polar
ecosystem, especially the vegetation (Domine et al., 2016b) and the subnivean life (Domine et al.,
2018b; Poirier et al., 2019) as well as soil microbial processes (Schimel et al., 2004) by providing
protection from cold temperature. Given the present and future exacerbation of climate warming
in the highest latitudes, any changes in conditions required to form DH would alter the snowpack
properties and would have cascading effects on permafrost and ecosystems and would change its
feedback on climate. Knowledge of the processes governing DH formation in the polar snowpack
and its spatio-temporal evolution is therefore essential to improve our understanding of the polar
snow and its far-reaching implications on the whole polar desert geosystem. Up to now, field
observations regarding DH are scarce in polar desert regions and current snow physics models are
not capable of simulating Arctic snowpack properties and in particular DH formation (Barrere et

al., 2017; Domine et al., 2016b; Domine et al., 2019;).

While the DH layer is considered ubiquitous on the Arctic tundra, it is generally thinner
and highly heterogeneous in the polar desert regions (Royer et al., 2021). However, the paucity of
snow studies in polar desert environments considerably limits our understanding of the spatio-
temporal evolution of DH. Recently, Domine et al. (2018a) have observed that in the polar desert
of Ward Hunt Island (Canadian High Arctic), it was totally absent at the end of winter 2015/16 in
most places. In contrast, data analysis in 2017 concluded that DH was present at that site. That
study thus highlighted that the formation of DH is not systematic in polar deserts and Domine et
al. (2018a) argued that it mainly depends on soil moisture and wind conditions. The authors
hypothesized that low soil moisture allowed rapid soil freezing with little or no zero-curtain period,
during which the freezing of the soil releases latent heat that maintains the temperature at 0°C
(Cook, 1955; van Everdingen, 1998). A fast soil cooling prevented the establishment of the strong

temperature gradient required for DH formation. High wind speeds, combined with the low Arctic
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precipitation, delayed the establishment of a continuous snow cover, further hastening soil cooling.
High wind speeds in the near-surface boundary layer also favour the formation of dense hard wind
slabs, whose transformation into DH requires prolonged intense temperature gradients (Domine et
al., 2016b; Marbouty, 1980). The hypothesis of a critical effect of soil moisture and wind conditions
on the development of DH in polar desert context deserves further detailed and quantitative

investigation which motivated this study.

Those previous findings demonstrated the importance of considering meteorology and soil
moisture to better understand DH formation in polar deserts. Here, we explore how soil moisture,
microtopography and meteorology control the spatio-temporal variability of DH formation in two
polar desert sites in the Canadian High-Arctic: a main site which was Ward Hunt Island (83°N)
and where extensive atmospheric and soil monitoring data are available and a secondary one,
Resolute Bay (75°N), where atmospheric data are available. More specifically, this study explores
whether DH is better developed over humid zones than over well-drained dry mineral soils due to
the moist conditions which are expected to enhance kinetic grain growth. We also investigate
whether the year-to-year variability in the thickness and properties of DH can be explained by the
variability in snow and meteorological conditions, particularly regarding the snow onset date,
snowpack erodability and wind conditions. To address these questions, we (1) evaluated the
interannual variability in DH formation by comparing the results of Domine et al. (2018a) in 2016
and 2017 with our observations in 2019 and analyzed their differences as a function of
meteorological and soil (temperature and moisture, monitored at specific sites and inferred from
vegetation and topography at others); and (2) investigated the small-scale variability of the DH

layer and its link to soil moisture.

5.5. Study site

Most field investigations were conducted at Ward Hunt Island (hereinafter: WHI) (83°05'N,
74°06'W) which is located at the northern tip of the Canadian Arctic Archipelago (Figure 57a)
(Vincent et al., 2011b). WHI is characterized by an extremely cold and dry climate. Meteorological
variables have been measured at the SILA weather station (operated by the Center for Northern
Studies, CEN) located at 5 m a.s.l. on the north shore of the island (Figure 57a). The mean annual
air temperature (MAAT) has been —17.1 °C for the period 2005-2019 with a monthly mean ranging

between —31.6°C in February and 1.7 °C in July. No long-term precipitation data are available for
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WHI, but it is likely similar to the average of 185 mm year ! (water equivalent) measured at Alert,
located 170 km to the southeast (Figure 57a), where ~90% of the total precipitation falls as snow
(Environment Canada, 2021). The prevailing and strongest winds are from the southwest to west

with maximum wind speeds up to 20 m s\

Resolute Bay

.

Legend:
© Snowpit — dry site
y7on | @ Snowpit— humid site
— Trench

Weather station
A Instrumented site

10" W 100" W 807 W

% Near-surface temp.

Ward Hunt Island iR Site 1

-3 =

lce patch

Figure 57. a) Location of the study sites within the Canadian Arctic Archipelago; b and c) Map
showing the location of snowpits and the trench as well as the instrumented sites at Resolute Bay
and Ward Hunt Island; d) Close-up of Site 1 of WHI located in the downslope margin of a perennial
ice patch. The red lines delimit the humid soils which are mostly associated with solifluction lobes.
Background image for (b): Worldview-2 taken on 26 July 2019 (source: Esri, DigitalGlobe,
GeoEye, i-cubed, USDA FSA, USGS, AEX, Getmapping, Aerogrid, IGN, IGP, swisstopo, and the
GIS User Community), for (c) Worldview-3 taken on 14 August 2019 and for (d): High-resolution
orthomosaic derived from unmanned aerial vehicle (UAV) images taken on 18 July 2019.
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The island is a polar desert (vascular plant cover <5% and low lichen and bryophyte cover)
but many humid zones are scattered across the landscape. Outside the hyporheic zones of Ward
Hunt Lake (WHL), notable sources of water include the summer melting of the seasonal and
perennial snow/ice patches, and the melting of ground ice formed in the active layer of permafrost
(Paquette et al., 2017). These humid soils shelter diversity of cyanobacteria, bryophytes, lichens
and plants in comparison to the adjacent dry zones dominated by well-drained coarse-grained
sediments (Vincent et al., 2011b). Underneath the surface, the continuous permafrost has a mean
annual temperature of —13.5 °C at 3 m depth (2005-2019 period) and its active layer thickness
varies from 20 to 80 cm depending on the soil composition and moisture (Paquette et al., 2017;

Vincent et al., 2011b).

The other study site is located near Resolute Bay (a.k.a. Qausuittuq; hereinafter: RB)
(74°45'N, 94°50'W) on Cornwallis Island, 1060 km to the south of WHI (Figure 57a). Despite the
distance, the region presents strong similarities with the polar desert of WHI. The permafrost is
continuous and most of the land surface is largely vegetation-free (gravelly material), except in
lowland patchy wetlands that support tundra vegetation (Braun et al., 2000; Woo and Young,
2006). The climate is warmer than at WHI. The MAAT was —14.19°C for the period 2005-2019
with a monthly mean ranging between —31.3°C in February and 5.1°C in July. The mean annual
precipitation was 145 mm, 70% of which fell as snow, for the same period. The prevailing winds
are from north to east (Environment Canada, 2021). No data of soil temperature and moisture are
available for this site. The total annual precipitations measured at Alert and Resolute Bay were
probably underestimated due to systematic errors of gauge-measured solid precipitation under

snowdrift conditions (Woo et al. 1983).

5.6. Methods

We observed snow stratigraphy in numerous snowpits, made snow physical measurements, and
analyzed these data in light of soil properties (moisture, temperature, substrate and vegetation

cover) and meteorological variables.

5.6.1. Snow studies
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5.6.1.1.  Snow physics

A total of 34 snowpits were dug during field campaigns in spring (late May and early June)
2019 at WHI and RB (Figure 57b and c, Figure 58). The most comprehensive work was
undertaken at WHI because numerous environmental variables are monitored (see section 5.6.2.).
The choice of snowpit location was previously guided by the analysis of late-summer high-
resolution satellite images to target both humid and dry zones (Figure 57b). Sites selection was
validated in the field during snowpit excavations: dry sites had a bare gravelly surface and humid
sites had a vegetation cover, a high fraction of fine-grained sediments and an organic crust (Figure
58) that ensures greater soil moisture-holding capacity. We have considered here that humid soils
define all soils that are characterized by a high liquid water content throughout the summer.

Metadata information on the snowpits is provided in Table S4-1 in the supplementary material.

Site WHI_1 Snowpit #2 — 10 June 2019 Site WHI_1 Snowpit #4 — 11 June 2019

| Shor N
A Wind slab & Melt-freeze polycrystals  [@] Indurated faceted crystals )\ Indurated depth hoar
—+ Freshsnow  [] Faceted crystals /\ Depth hoar

Figure 58. Example of snowpit excavations made at WHI in early June 2019 on a humid site (a:
snowpit #2) and a dry site (b: snowpit #4).

Snowpit work consisted in detailed observation of stratigraphy and measurements of
vertical profiles of physical properties: density, visual grain size and shape, specific surface area,
thermal conductivity and temperature. Snow density ps (kg m~>) was obtained by weighing snow
samples extracted with a vertical resolution of ~3 cm from the snowpack using a 100 cm® metal
box cutter (3 cm high). The visual grain size E (mm) and shape were determined using a millimetre-

gridded plate and an 8x magnifying glass. The grain type identification and the graphical
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representation of snowpits used the classification of Fierz et al. (2009). The specific surface area
(SSA) of the snow, which is an interesting indicator of metamorphism and snow microstructure
(Calonne et al., 2012), was determined from the snow reflectance at 1310 nm using an integrating
sphere (DUFISSS instrument; Gallet et al., 2009), from which SSA was derived. Finally, the snow
thermal conductivity was measured with a heated needle probe (TP02 model from Hukseflux;
uncertainty +3% + 0.02 W m™' K! at 20°C) connected to a CR1000 datalogger (Campbell
Scientific) (Domine et al., 2011). Finally, at WHI, a 13 m long snow trench (WH-T) covering
humid soil in a solifluction lobe and the adjacent dry zones was excavated to investigate the
transition between both zones. The DH thickness and density were measured at 50 cm intervals

along the trench.

5.6.1.2. Snow mapping

The spatial distribution of the snowpack over Site 1 at WHI (Figure 57d) was measured
based on Unmanned Aerial Vehicle (UAV) photogrammetry survey conducted in late spring 2019.
We use a quadcopter drone (DJI Phantom 4 pro) equipped with a consumer-grade Red-Green-Blue
(RGB) camera. We made two surveys, one on 12 June at peak accumulation and before any melt
event and the second one on 18 July under snow-free conditions. The set of images collected were
then processed in Pix4D mapper software (Pix4D™) which relies on SfM (Structure from Motion)
technology to generate dense 3D point clouds of the study area. We performed low elevation flights
(~30-40 m above the ground surface) with front and side overlaps of ~75% so that ground
sampling distance is lower than 0.5 cm. Each point cloud was accurately georeferenced using 10
targets 30 cm in diameter distributed across the study areas to serve as photo-identifiable ground
control points (GCPs). The targets were installed on topographic highs (e.g. ridge of solifluction
lobes) that were snow-free. The coordinates of all GCPs were measured using a VX spatial station
survey linked to a geodesic landmark recorded using a Global Navigation Satellite System reciever
(R8 GNSS; Trimble®, precision x—y £ 8§ mm and z = 15 mm).. The method for measuring snow
height consists of calculating the distance (in mm) between the snow surface cover cloud from the
snow-free cloud (Nolan et al., 2015; Lendzioch et al., 2019) using the Multiscale Model to Model
Cloud Comparison (M3C2) plug-in included in the CloudCompare V2.11 open-source software
(CloudCompare, 2020). The accuracy of the final map of snow height (in cm) was then evaluated

(Root Mean Square Error, RMSE) using 21 hand-probe snow height measurements made across

223



the study area. The DSM of the snow-free surface was used to calculate microtopography
parameters using the Topographic Position Index (TPI) based on the algorithm developed by Weiss
(2001) which allows detecting the topographic lows and highs. The TPI was calculated in ArcGIS
10.5.1. using the ArcGeomorphometry extension (Rigol-Sanchez et al., 2015).

5.6.2. Environmental Monitoring

The snowpits were interpreted based on the environmental observations, including
meteorological variables and soil surface conditions (temperature and moisture) available at WHI
and RB. All data were considered for the period from 15 August 2018 to 31 May 2019, hereafter

called snow season 2018/19.

5.6.2.1. Meteorological Variables

At WHI, the meteorological data were provided by the SILA automatic weather station
(Figure 57c; CEN, 2021) which recorded air temperature (150 cm above the ground level; a.g.1.)
and soil surface temperature (0 cm) (44033, YSI; uncertainty £0.1°C from 0 to 70°C), wind speed
and direction at 10 m a.g.l. (05103-10, RM Young; uncertainty £0.3 m s~ ' £3°) as well as snow
height (Sonic ranger SRS0A, Campbell Scientific; uncertainty +1 cm; installed 2 m a.g.l.) (Figure
59). All data were sampled every minute and then hourly-averaged by a CR10X datalogger
(Campbell Scientific). The snow gauge is located in a slight topographic break-of-slope produced
by a raised-beach ridge which leads to a local snow height greater than the surrounding areas. For
this reason, the raw snow height data was corrected based on the reading of a snow stake installed
outside the snowdrift from daily time-lapse photographs taken by a camera installed on the SILA
tower (Figure 59; Figure S4-1). The snow height, air and soil surface temperature were used to
estimate the temperature gradient (A7 in K m™') through the snowpack over the snow season

2018/19 based on Equation (5.1):

AT — T;oil _h]—;naw (51)

where T and Tsow are the temperatures at the soil and snow surfaces, respectively. The
latter has not been measured directly but is considered to be equal to the air temperature measured
at the SILA station during the freezing period. Since the snow surface temperature is almost always

lower than the air temperature due to radiative cooling, the gradient calculated here is in fact a
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lower limit of the actual gradient. For RB, only hourly air temperature, wind conditions (speed and
direction) and snow height were available, provided by the weather station operated by

Environment and Climate Change Canada (Environment Canada, 2021).

a

SILA tower
Wind sensor (10 m)

Camera
Snow stake

Snow temperature

Sonic SR50 sensors
b

Figure 59. a) view of the SILA weather station on 11 July 2016 at WHI. Note the remaining
snowdrift at the forefront where the Sonic ranger SR50A is installed; b) view of the site 5 on 6 July
2017, looking towards Ward Hunt Lake. The surface runoff in water tracks is clearly visible.

5.6.2.2. Soil Surface moisture and temperature

At WHI, near-surface soil temperature and volumetric liquid water content (VWC) were
recorded at the SILA weather station by a thermistor (44033, YSI) and a water content
reflectometer (CS-616, Campbell Scientific; uncertainty +£2.5% VWC), respectively, installed 5 cm
depth below the soil surface. The soil surface near the station mainly consists of well-drained sand
and gravel with sparse patches of vegetation (Figure 59). We also used soil VWC and temperature
data measured at a second instrumented site located in a humid zone near the shore of Ward Hunt
Lake (Site 5; Figure 57c). The site is characterized by a low gradient slope with a series of sub-
parallel water tracks mainly fed by meltwater from upslope snow patches. The soil is composed of
gravel mixed with a sandy/muddy matrix with organic matter and black organic crust on the
surface. It is water-saturated during most of the summer (Paquette et al., 2017; Figure 59). The
soil VWC and temperature are measured at 5 cm depth in a water track and an adjacent drier
intertrack. Data were recorded by Decagon 5TM probes (uncertainty +3% WVC and =1 °C)
connected to an EMS50 data logger (Meter Devices). We also used the near-surface temperature for
the period from August 2015 to July 2019 provided by the upper thermistor (2 cm below the soil
surface) of a cable installed in a borehole of 3 m depth located 20 m north of Site 5 in the same

humid zone. Finally, we relied on a dataset of near-surface temperature recorded by a series of 8
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data loggers Trix-8 (LogTag; resolution 0.1°C, uncertainty of 0.5 °C) installed in the downslope
margin of a perennial ice patch (Site 1; Figure 57d). Three sensors (LT3, 5, 10, 12) were installed
in various humid zones formed by solifluction lobes fed by meltwater while the other four (LT4,
9, 11 and15) were installed in adjacent dry sandy-gravelly zones. The sensors were protected from
humidity and ice by airtight plastic boxes and were placed about 5 cm below the soil surface to
avoid any effect of direct solar radiation. To estimate the magnitude of metamorphic processes
between humid and dry zones in Site 1, the average temperature gradient through the snowpack
was calculated using equation (5.1). The soil surface temperature was estimated from the
temperature recorded by the Trix-8 sensors and the air temperature as well as the snow height

recorded at SILA station were used.

5.6.2.3. Snow Conditions

Information on the snowpack formation at WHI, especially its onset date and the erosion
events, was derived from time-lapse photographs provided by two automatic cameras (photographs
every 4h). The first one, installed on the SILA tower since 2015, takes pictures of the instrumented
sites and the second one, installed since 2017, of the downslope margin of the ice patch at Site 1

(Figure 57d; Fortier and Davesne, 2021b).

5.7. Results

5.7.1. Small-scale variability of the snow height

Figure 60 presents the UAV-based map of snow height distribution over Site 1 on 12 June
2019 (Figure 60a) along with the TPI map showing the microtopography of this site (Figure 60b).
On average, the snow height over the study area was 34.5 + 14.8 cm. The topographic highs, which
most often correspond to the frontal lobes and lateral ridges of solifluction lobes (Verpaelst et al.,
2017) were almost free of snow, while depressions accumulated up to 95 cm of snow for the deepest
ones. The close relationship between the snow height observed at Site 1 and the microtopography
is also highlighted by Figure 60c, d and e. The comparison between the UAV-derived snow heights
and the 21 manual measurement points over Site 1 shows a strong statistical agreement (R?>=0.91,
std dev. of 3.26 cm and RMSE of 4.1cm; Figure S4-2). Part of the offset between UAV and manual

measurements can also be attributed to the bias associated with the snow probing which can
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overestimate by a few centimeters when the probe penetrates the ground, especially on gravel

surfaces or organic soils (Stuefer et al., 2020).

Snow height (12 June 2019) Microtopography

TPI
. High
Ice patch

- Low ©15m

05 100
c Profile 1 —SH 104 e R2=0.76

+ 0.3 90 +
+ 02

+ 0.1
r 0

r-0.1
+ -0.2 70 +
+ 03
+ -04
-05

SH (cm)
95

Ice patch

-
j=]
o

@
o
'

[*2]
o
|

80 +

Y
o
TPI

N
o
L

Snow height (cm)

o

0 5 10 15 20 25 30 35 40 45 50 55 60 65 70 75
Distance (m)

8

05
d Profile 2 T 04
- 103
102
+ 01
+0
+ 0.1
+ 02
103
T -04
05

40 L

Snow height (cm)
(4]
o

TPI
oW
o o

Snow height (cm)
o B & 8 8

-
o
+

o

0 5 10 15 20 25 30 35 40 45 50 55 60 65

Distance (m) -06

Figure 60. a) Map of small-scale distribution of the snowpack on 12 June 2019 over Site 1 at Ward
Hunt Island obtained by UAV surveys, b) Map of the microtopographic features based on the
Topographic Position Index (TPI) computation. The black dots represent the 21 manual snow
height measurement points. The black line delimits the humid soils. Snow height (cm) and TPI
along the profile 1 (c) and 2 (d) identified by red lines in b, and e) shows the relationship between
the snow height and the TPI for both profiles 1 and 2 with the best-fitting regression curve.
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5.7.2. Snow physics

5.7.2.1.  Depth hoar fraction

Based on the 18 snowpits excavated at WHI (WH-SP) we found a DH layer at the base of
the snowpack of at least 5 cm thick at all sites except at sites #2 and #4 where it was only 1 cm and

4 cm thick, respectively.
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Figure 61. a) Boxplots of the depth hoar fraction (DHfaciion) measured in snowpits made in Ward
Hunt Island snowpits (WH-SP) and Resolute Bay snowpits (RB-SP) in humid and dry sites, and
measured along the trench dug at Ward Hunt Island in Site 1 (WH-T). The red line is the median,
the black cross is the mean, the blue box delineates the interquartile range, and whiskers extend to
the highest and lowest values; b) Histograms showing the relative contribution (%) of the snow
grain types in both humid and dry sites.

On average, basal DH thickness was higher in humid sites (19.1 &+ 3.9 cm) than in dry sites (13.4 +
8.1 cm), giving a DH thickness-to-total snow height fraction (DH#action) 0f 0.57 = 0.19 and 0.38 +
0.25 respectively (Figure 61a). This difference is, however, not statistically significant at the 95%
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level according to an unpaired t-test (p=0.129) which is likely due to the large standard deviation
in dry sites. The variability of the DH thickness along the trench WH-T that crossed the central
tread of a solifluction lobe supporting a humid zone is illustrated in Figure 62. We observed that
the DH layer was laterally continuous but was the thinnest (~5 c¢m) on the lateral ridge of the
solifluction lobe that delimits the humid zone from the adjacent dry zone. Humid zones had a higher
DHseaction (0.66 = 0.07) than dry surfaces composed of coarse gravels (0.52 + 0.06) (Figure 61a;
difference significant at 95% level, p<0.0001). Measurements conducted on the 16 snowpits at RB
showed results similar to those of WHI (Figure 61a). The DHfraction was 0.45 & 0.22 in humid zones
and 0.284 0.16 in dry zones (difference significant at 95% level, p=0.04).
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Figure 62. a) Schematic representation of the depth hoar layer and soil surface observed along
the trench WH-T that crossed a solifluction lobe in Site 1 at Ward Hund Island in early June 2019;
b) High-resolution UAV orthomosaic showing the soil surface at the trench location on 16 July
2019; c) Spatial evolution of the DHfaciion along the trench.

Regarding the proportion of snow grain types observed in snowpits made at WHI, a clear
difference between humid and dry sites was found (Figure 61b). In humid sites, DH crystals were
dominant since they represent ~55% of the observed snow type. Conversely, faceted crystals
dominated (38%) in dry sites, followed by DH (35%). Measurements of snow grain size

demonstrated that DH crystals tended to be coarser (~4 mm) on humid sites than on dry sites (~2.4
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mm).

5.7.2.2.  Snow physical properties

The vertical profiles of density, SSA and thermal conductivity measured in snowpits made
at WHI and RB in 2019 are presented in Figure 63 and the average values of DH properties for
each site are presented in Figure 64. At WHI, the density of the lowest 15 cm in snowpits, where

the proportion of DH is variable, ranged from 200 to 400 kg m™> in dry sites.
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Figure 63. Vertical profiles of density (ps), SSA and thermal conductivity (ke for snowpits dug in
dry and humid zones at Ward Hunt Island and Resolute Bay (only density) in early June 2019. The
high Thermal conductivity values of WH 2#1 (0.55 Wm™ K1) and WH _3#1 (0.38 Wm™' K!) are

due to the presence of a dense melt-freeze layer. The site RB_3 at Resolute Bay, does not appear
because only one density measurement was done.

The variability was smaller in humid sites with values varying between 250 to 300 kg m~>. On

average, the density of DH layers found at the bottom of the snowpack was significantly lower in
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humid sites (237 £10 kg m™) than in dry sites (310 £69 kg m™>) (Difference significant at 95%
level, p=0.007; Figure 64a). At RB, the average density of the DH layers also showed a clear
difference between both environments, being 231 + 16 kg m™> for humid zones and 255 + 16 kg

m~? for dry zones and (Difference significant at 95% level, p=0.0021).

The thermal conductivity of basal layers in snowpits at WHI also showed lower variability
in humid sites, where it varied between 0.04 to 0.07 W m! K™!, than in dry sites, where it varied
between 0.03 to 0.17 W m™' K™!. The average conductivity of DH in humid areas was 0.05 £ 0.02
W m! K !in dry areas was 0.07 £ 0.03 W m! K™! (difference not significant at the 95% level,
p=0.08; Figure 64b). Finally, SSA values were similar between the two environments with values
close to 11 m? kg'!. The one high SSA value, close to 80 m? kg"! for surface snow on 4 June 2019

on a humid zone, reflects a measurement done shortly after a snowfall.
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Figure 64. a) Boxplot of basal DH density (ps) values in humid and dry zones at Ward Hunt Island
(WHI) and Resolute Bay (RB) and b) the same as (a) but for the thermal conductivity (keg) and only
for WHL.

5.7.3. Monitoring data

5.7.3.1. Snow season 2018/19 at WHI

Figure 65 presents the time series of snow height and wind data as well as the thermal
gradient in the snow cover for the snow season 2018/19. The snowpack was established
permanently on the ground at the SILA site on 24 August following a major storm (Figure 65a and
Figure S4-3). This early snowfall deposited 30 cm of snow at temperatures very close to the melting
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point. The surface conditions before and after this event are shown in photos (e) and (f) in Figure
65 at SILA and in photos a and b in Figure S4-4 at Site 1. The snowpack was continuous at both
sites and no signs of snowdrift were visible although the snowfall was associated with strong wind

episodes in excess of 10 m s

Snow height (cm)

oEast eSouth o West » North

— Daily averaged wind speed
]

Wind speed (ms™")

Temp (°C)

Temp gradient (K m-1)

Time (yyyy-mm-dd)

Figure 65. Environmental monitoring at the SILA station at Ward Hunt Island during the snow
season 2018/19. a) Snow height measurements by the snow gauge and normalized with the
readings of the snow stakes visible on the time-lapse photos, b) Hourly maximum wind speed
according to their direction (North/East/South/West) and averaged daily maximum wind speed; c)
Hourly temperature records at the soil surface (0 cm) and of the air;, d) Hourly temperature
gradient in the snowpack calculated from equation 5-1. Photographs on the right side were taken
by the automatic time-lapse camera of the SILA tower, showing the snow surface evolution in the
early cold season. Their dates are represented by red crosses in graph a;, e) 22 August; f)1
September; g) 21 September, h) 22 October. A close-up of the 5 weeks after snow onset is presented

in Fig. S4-3.
The four weeks following the snow onset were relatively calm with little wind which kept the snow

height very stable. Windier conditions then occurred and strongly reworked and sculpted the snow
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surface as shown in Figure 65g and h taken on 21 September and 22 October respectively where

ripple marks, barchans and sastrugi are clearly visible (Figure S4-4c and d). The strongest winds

of the winter were recorded at the end of September with a peak at 22 m s~!. Five strong wind
episodes (> 15 m s™!) were recorded from the snow onset to 1 December and a total of 22 throughout
the entire snow season 2018/19 (Figure 65b). Episodes of snowdrifts raised the snow temporarily
height up to 45 cm but the high winds generally eroded this new snow within hours or days after
its deposition, always reducing the thickness to about 35 cm at the SILA station. This value is well
representative of the average snow height measured by UAV over Site 1 (34.5 + 14.8 cm) and those
measured at the snowpits (33.7 = 10.9 cm) at the end of snow season 2018/19. After the snow
onset, the air temperature remained close to 0°C until 1 September, fluctuating between +2°C and
—3°C. After this date, the first cold spells arrived (Figure 65c; Figure S4-3b). After 11 October,
the air temperature dropped consistently below —10°C and reached —30°C on 27 October. The
temperature dropped to —40°C for the first time on 2 December.

The soil surface temperature dropped below 0°C after the snow onset on 24 August and
gradually decreased without being affected by short-term fluctuations in air temperatures due to
the low thermal conductivity of the snowpack (Figure 65c; Figure S4-3b). The cooling was quite
rapid in September as the soil surface reached —8°C on the 24", During that period, the temperature
gradient in the snowpack thus remained low, generally less than 20 K m! except between 15 and
20 September when a cold spell produced gradients up to 40 K m™! (Figure 65d; Figure S4-3c).
Subsequently, the soil cooling slowed down from early October while the air temperature continued
to drop (Figure 65c and Figure S4-3b). It resulted in the establishment of a moderate to strong
temperature gradient during much of the snow season. The strongest gradient occurred on 2

December with values up to 82 K m™! (Figure 65d).

The spatial variability of the soil moisture between dry and humid sites at WHI during the
snow season 2018/19 is presented in Figure 66. Figure 66a shows the difference in near-surface
soil moisture (—5 cm) between the SILA weather station and Site 5. At SILA, as expected, the soil
moisture was very low, varying from 0.05 to 0.15 m?*/m? at the beginning of the winter period.
Conversely, at humid site 5, the moisture varied from 0.6 m*/m? in the water track to 0.4 m*/m? in
the intertrack before freeze-up. This difference in soil moisture had direct consequences on the
near-surface thermal regime during the early snow season, as demonstrated by near-surface

temperature evolution recorded at SILA and Site 5 (Figure 66a and b) and at the sensors installed
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in Site 1 (Figure 66c). A summary of thermal conditions between dry and humid monitoring sites
(Site 1; Site 5 and SILA site) is given in Table S4-2. On average, the zero curtain period lasted 27
+ 5 days in humid sites, starting on 23 August with the onset of the snow on the ground which
coincided with the beginning of freeze-up, while it was only 8 + 3 days in the dry areas. As a result,
the thermal difference between the near-surface and the air temperatures as well as the temperature
gradient through the snowpack during the first month after the snow onset were much greater in
humid sites (6.6 = 0.1°C, 21.4 £ 0.7 K m™' on average) than in dry sites (2.2 + 0.8°C, 6.6 £ 3.4 K
m~! on average). At the scale of the snow season (Figure 66d), the difference in the temperature
gradient remained significant until April, when the temperature gradient became negative because

of atmospheric spring warming.
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Figure 66. Spatial variability of the moisture and temperature conditions at Ward Hunt Island
during the 2018/19 snow season. a and b) Time-series of near-surface (=5 cm) volumetric water
content (VWC, m3/m3) and temperature at the SILA site and Site 5 in intertrack (IT), water track
(WT) and upper thermistor of the borehole, c) Time-series of average near-surface temperature (—
5 cm) recorded by Trix-8 sensors in humid zones and dry zones in Site 1. The shaded bands delimit
the maximum and minimum values. d) Average calculated temperature gradient (daily and monthly
averages) based on equation 5-1 between sensors in humid and dry monitoring sites (Site 1, Site 5
and SILA site) during the snow season 2018/19.

5.7.3.2. Winter 2018-2019 at RB

The time series of snow height, wind data and the air temperature for winter 2018-2019 are

shown in Figure S4-5. Unfortunately, the temperature gradient could not be calculated because no
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soil surface temperature data were available. Continuous snow cover started on 7 September and
reached 20 cm at the beginning of October after several events of accumulation and erosion. The
snow height remained stable until the beginning of December when a new wind event occurred
and quickly eroded most of the new snow accumulations. During the rest of the winter, the snow
height remained close to 20 cm at the snow gauge. The average snow height measured at snowpits
at RB was 31.3 = 7.9 cm. The air temperature decreased gradually at the beginning of winter to
reach —20°C on 25 October 25. As at WH, high winds were recurrent with 6 episodes of wind

above 15 m s™! recorded from the snow onset to 1 December.
5.8. Discussion

5.8.1. Mechanism of DH formation
A pioneering study by Yosida (1955) established that DH is formed by water vapour

diffusion induced by a temperature gradient in the snowpack. He hypothesized that water vapour
transfers from one snow crystal to another, in a "hand-to-hand" delivery mechanism. This and
subsequent studies (e.g. Marbouty, 1980) proposed that diffusive vapour fluxes (F) at the

macroscale could be calculated from equation (5.2):

F=-D,, xAP (5.2)

where D,y 1s the effective diffusion coefficient for water vapour in the snow. The minimum
temperature gradient required to induce depth hoar formation was proposed from experiments to
be 20 K m™! (Marbouty, 1980) and also required low to moderate-density snow (<350 kg m™).
However, field investigations as early as 1972 (Benson and Trabant, 1973; Trabant and Benson,
1972) pointed out that the high rates of metamorphism observed in the subarctic snowpack cannot
be explained solely by diffusion. They proposed that strong temperature gradients also initiate
convective processes, leading to efficient transfers of heat and vapour through the snow porosity.
The convection in the subarctic snowpack was later confirmed in dedicated studies by Sturm and
Benson (1997) and Sturm and Johnson (1991) who estimated that layer-to-layer vapour fluxes by
air movements in the pore spaces were 10 times higher than by water vapour diffusion. The ability
of the snow to allow the air to circulate through it, defined as permeability (noted K),), is therefore
a critical parameter in the activation of convection. The snow permeability depends on the snow

density and the SSA as expressed by equation (5.3) (Calonne et al., 2012):
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Kp — 3’/_652 X670.013><ps (53)
where 7. 1s the equivalent sphere radius given by equation (5.4) and py is the snow density.
1, =3/(SS4A% p,) (5.4)

where SS4 is the specific surface area of snow (Legagneux et al., 2002) and p; is ice density.
The studies of Sturm and Benson (1997) and Sturm and Johnson (1991) were performed in the
subarctic snowpack in the boreal forest where the wind is weak, leading to the accumulation of
uncompacted snow with a density typically around 200 kg m > (Domine et al., 2008; Sturm et al.,
1995). Such snow has a high permeability ranging from 50 to 100x10™'® m? (Domine et al., 2013)
which facilitates the development of convection through the pore spaces. This enhances DH growth
that further decreases the density and increases permeability. DH growth thus results in important
positive feedback between the permeability and the magnitude of vapour transfers. In an advanced
stage of metamorphism, a well-developed DH layer can feature permeability as high as 650 x107'°

m? (Domine et al., 2013).

A key question is whether convection processes can be active in the polar desert snowpack,
where frequent strong wind episodes often remobilize the snow and compact it into hard wind slabs
of very high density, typically ranging from 350 to 500 kg m~® (Domine et al., 2002; 2012 and
2018b). Investigations in the Arctic tundra snowpack observed that hard depth hoar (“indurated”)
can form in some basal wind slabs (Derksen et al., 2009; Domine et al., 2012) subjected to elevated
temperature gradients in the fall. This suggests that layers of moderate permeability may be subject
to convection. Other layers in Arctic snow never transform into DH and alternations between DH
and wind slabs have been observed in Arctic snowpacks (Domine et al., 2002; Sturm and Benson,
2004), suggesting that there may be a permeability threshold below which convection cannot be
initiated (Domine et al., 2018a). At present, the value of this threshold, which probably depends on

the value of the temperature gradient, has not been established.

In light of these previous studies, we will interpret our observations for the polar desert
snow within the simplified framework that DH formation requires a temperature gradient in the

snowpack higher than 20 K m™! and a sufficiently high snow permeability to allow convection.
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5.8.2. Characteristics of the snow season 2018/19

At WHI, fall 2018 was characterized by a snowpack that formed very early in the season
and remained stable throughout winter 2018/19. The early massive snowfall on 24 August brought
~80% of the late-winter snow height recorded at the SILA site (Figure 65). This snowfall occurred
under mild conditions producing wet and sticky snow, perhaps even with some melting, which was
less affected by the strong winds. Thus, the redistribution processes were reduced, as demonstrated
by the homogenous snowpack and its little-reworked surface (Figure 65f; Figure S4-4b), and the
snow likely accumulated with a density lower than 300-350 kg m™ since wind-induced sintering
and compaction were limited. If we assume a snow SSA of at least 30 m? kg ™! for recent wet snow
(Legagneux et al., 2002), the permeability of this snow was then likely higher than 40—70 x107'°
m? according to equation (5.3). The three weeks following snow onset were characterized by calm
weather with few cold spells which allowed the snowpack to sinter and thus stabilize. For all these
reasons, the first snow of the season 2018/19 resembled more alpine snow than polar snow (Domine
etal., 2008). The snow dynamics in fall 2018 was therefore completely different from that observed
in fall 2015 during which the snowpack remained discontinuous until November due to extreme
wind conditions (Domine et al., 2018a). In RB, the snow onset in fall 2018 occurred two weeks

later than in WHI, but the snowpack also quickly became stable at the snow gauge site, reaching

90% of its late winter height at the end of September (Figure S4-5a).

The onset of a stable snowpack is known to be a critical factor for the soil surface thermal
regime (Ling and Zhang, 2003), and hence for the temperature gradient in the snowpack. An early
snow onset, as it occurred at WHI and RB in the fall of 2018, prevents rapid cooling of the soil
because it is partially disconnected from atmospheric conditions (Davesne et al., 2017; Ishikawa,
2003). However, data from WHI show that the soil surface temperature cooled quite rapidly despite
the presence of the snowpack (Figure 65a,c; Figure S4-3a,b). We explain this by rapid upward
freezing and cooling of the shallow active layer by the low temperature of the permafrost (~—13°C)
(Woo et al., 2004). Paquette et al. (2020a) suggested such a process to explain the ground ice
aggradation in the active layer during freeze-back at RB. This phenomenon, combined with the
fact that the air temperature remained around 0°C until early September, resulted in a small
temperature gradient in the snowpack for over a week. Subsequently, cold spells produced
temperature gradients quite variable in magnitude, but which exceeded 20 K m™! for 9 days in

September, 8 days in October and 25 days in November, and even reached 82 K m! on 2 December
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(Figure 65d; Figure S4-3c). These periods with elevated gradients combined with the high
permeability of the snow were conducive to the development of strong upward vapour fluxes by
diffusion and convection mechanisms. It thus resulted in the transformation of at least part of the
snowpack established on August 24 into a continuous DH layer. Elevated temperature gradients
persisted until 23 April which was the last occurrence of gradient >20 K m™', so that DH could
keep developing in the basal layer during most of the snow season. Furthermore, the temperature
gradient shown in Figure 66d and Figure S4-3c¢ is the average gradient in the whole snowpack.
Given that the thermal conductivity of the lower layer, made of DH, is in general lower than in
layers above, the gradient was in fact greater in this lower layer, further favouring DH development

there.

The presence of a DH layer in all snowpits dug in spring 2019, both at WHI and RB,
indicate that favourable conditions for DH development as observed at the SILA station were
widespread and allowed DH formation everywhere. However, some spatial variabilities in the

height and physical properties of DH were observed (Figure 61 and Figure 63).

5.8.3. Small-scale variability of DH

A comparison of the stratigraphy and snow properties between humid and dry areas in the
polar desert of WHI and RB revealed noteworthy differences in the thermo-physical properties and
thickness of DH layers. The greatest difference is in DH density and visual grain size (Figure 63
and Figure 64). Both these variables are of particular interest because they are indicative of the
history of snow metamorphism throughout the winter. Our measurements demonstrated that humid
sites exhibited significantly lower DH density values than dry sites both at WHI and RB. At WHI,
the thermal conductivity measurements also tended to be lower in humid sites than in dry sites.
This result was expected considering the strong dependency of thermal conductivity on snow
density (Domine et al., 2011; Sturm et al., 1997). The SSA, in contrast, exhibited similar values
between both environments, showing that it was not affected by variables such as soil moisture.
This is consistent with the finding of Domine et al. (2016b) and Taillandier et al. (2007) who
observed that the SSA of DH typically stops decreasing when it reaches about 10 m? kg™!, and is

uncorrelated to visual grain size, as SSA does not decrease when DH crystals keep growing.

The lower density and larger visual grain size found in humid zones is a consequence of

the thermodynamic effects of the soil moisture (details in the following section 5.8.4.) and
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subsequent positive feedback mechanisms in which kinetic metamorphism is enhanced over humid
zones. Indeed, the formation of DH leads to a decrease in density and thermal conductivity, thereby
increasing the insulation effect of the snow and the temperature gradient through it (Zhang et al.,
1996). This triggers greater water vapour fluxes by diffusion and hence greater mass transfer from
the basal to the top layers. Furthermore, the DH layer has a greater permeability that further
enhances the vapour flux by convection and amplifies the feedback, greatly favouring DH
development in humid zones. The snowpack in humid zones and the one in dry areas therefore
have a different history of metamorphism, initially determined in part by soil moisture. At the scale
of the snow season, this leads to significant small-scale variability in the snow properties, which
reflects the mosaic of microenvironments that partitions the polar desert landscape (Woo and

Young, 2003).

5.8.4. Factors controlling DH spatial variability in 2018/19

The spatial variability in DH height and its physical properties in a polar desert context can

be attributed to two main variables: microtopography and soil moisture.

5.8.4.1.  Effect of the microtopography

In polar deserts, the microtopography is induced by the complex assemblage of landforms,
such as solifluction lobes, patterned ground, raised beach ridges, and nivation hollows (Figure 60;
Paquette et al., 2020a; Verpaelst et al., 2017; Vincent et al., 2011b; Woo and Young, 2003; Chap.
4). The snow redistribution by the wind is in part a function of the surface roughness created by
the periglacial microtopography. The spatial pattern of the first snow accumulation at the beginning
of the season is particularly important since it will later constitute the basal layers of the snowpack
that may transform into DH. In typical years, in the polar desert where snowdrift and wind erosion
events are frequent, the areas sheltered from the wind (e.g. depression, leeward side of obstacles)
are logically those where the snowpack builds up more quickly in the early season and where the
snow is deepest and has the lowest density and highest permeability. Consequently, these areas are
most likely to form a thick layer of well-developed DH. Inversely, on topographic highs, the
snowpack remained thin and discontinuous, and the snow has a shorter residence time (Figure 60)
(Sturm and Benson, 2004). DH is therefore less likely to develop there (Figure 62). The fall of
2018 was however atypical because the homogenous and stable snowpack that formed on 24

August 2018 (Figure 66f and Figure S4-4b) allowed the development of a continuous layer of DH
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which was less influence by the microtopography. Although the observations from the trench WH-
T show a certain tendency for the DH layer to be thinner over ridges, the effect of microtopography
was not detectable in the relationship between the end-of-season snow height and the DH thickness
in the snowpits (Figure S4-6). This strengthens our suggestion that microtopography had a minimal
effect on DH development in fall 2018 because conditions were more alpine-like (i.e. thick snow
at a temperature close to the melting point) than polar desert-like. Later in the snow season,
however, multiple episodes of snowdrift and erosion redistributed subsequent snowfalls,
explaining the high spatial heterogeneity of the late-winter snowpack (Figure 60). Figure 60a
therefore may be a representative example of the interaction between wind, microtopography and
snow height under “normal” polar desert conditions with a strong wind effect, despite the atypical
fall conditions. This clear relationship between the microtopography and snow height is well
illustrated by Figure 60e. During most years, this correlation between topography and snow height
is visible in fall, and an example of normal snow conditions for the polar desert is shown in Figure

S4-4e taken on 2 October 2017, where eroded highs and lows with accumulation are clearly visible.

5.8.4.2.  Effects of soil moisture and temperature

In the polar desert, soil moisture mainly depends on the geomorphological context which
controls the spatial distribution of water sources on slopes, as well as how this water is transferred
and where it accumulates in the system of catchments (Langford et al., 2015; Paquette et al., 2020a;
Woo and Young, 2003). Dry, well-drained soils largely dominate in the polar desert, but locally,
humid zones can develop, giving rise to great heterogeneity in moisture conditions at the landscape
scale (e.g. Site 1, Figure 57). At WHI as at RB, most humid zones lie downslope from semi-
permanent and perennial ice patches, whose melting ensures a steady supply of meltwater to the

hydrological system throughout most of the summer (Woo and Young, 2003; Chap. 3 and Chap.

4). Multiple years of hydrological studies at WHI have revealed a high degree of consistency in the
spatial and temporal dynamics of surface and subsurface water transfers and annual humid zone
development, although minor variations may occur from year to year due to micrometeorological
conditions (Paquette et al., 2018). In the context of climate change, however, the decline of
perennial ice patches threatens the sustainability of humid soils in the polar desert. At RB, many
perennial ice patches have already became semi-permanent over the past decade producing greater

interannual variability in soil moisture (Woo and Young, 2014; Chap. 3). With the projected
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continuation atmospheric warming, we can expect a rapid transition from ice patches to seasonal
snow patches across the polar desert, resulting in a decrease in soil drying before the end of

summer.

The soil moisture can influence DH formation in different ways. First, the water content of
a soil modulates the rapidity at which it will freeze and cool down in the fall. Given the latent heat
of freezing of water, humid areas require more time to freeze-back than drier areas. As shown in
Figure 66, the longer zero curtain period in the humid sites implied that soil cooling below 0°C
was delayed, which ensured that the temperature gradient between the soil at 0°C and the cold
atmosphere was greater than at dry sites where the soil rapidly dropped below 0°C. Also, the zero
curtain effect maintains the basal layers of the snowpack at temperatures close to 0°C in humid
zones, which means a higher vapour concentration in the pore spaces and hence higher vapour
fluxes. This confirms the hypothesis proposed by Domine et al. (2018a) concerning the effect of
soil moisture on vapour gradients and DH growth in the polar desert snowpack. Secondly, the
temperature gradient between the soil and the basal layers of the snowpack can also lead to mass
transfer of water vapour from the soil to the snow. This process is difficult to quantify but some
studies, such as Domine et al. (2016b); Smith and Burn (1987), Sturm and Benson (1997) and Woo
(1982) have demonstrated that the upward vapour fluxes by both diffusion and convection from
humid soil enhance the development of DH at the bottom of the Arctic snowpack. However, Woo
(1982) suggests that this process is likely less effective in polar desert environments than in tundra

areas because of the low soil temperature.

In summary, the unusually windless conditions at the beginning of the 2018/19 snow season
produced a snow layer of fairly constant thickness over the whole landscape, making that year an
ideal one to capture the role of soil moisture without being distorted by the effect of
microtopography. We were thus able to clearly identify the soil moisture effects on DH height,
density and grain size. Under normal conditions, wind erodes topographic highs (usually drier soil)
and accumulates snow in topographic lows (usually more humid soil), so that microtopography has
an additional effect on the DH development and height. This would make observations dependent

on two factors, moisture and snow height, making the role of moisture more difficult to discern.
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5.8.5. The inter-annual variability in the DH development

Comparison of the 2018/19 snow season at WH with the 2015/16 and 2016/17 seasons
presented in Domine et al. (2018a) highlights the strong inter-annual variability in the development
of DH in polar desert. The snow conditions in 2015/16 were drastically different than in 2018/19
because DH was near-absent at most sites, including humid sites. Less information is available for
2016/17 but Domine et al. (2018a) deduced from the monitoring of snow thermal conductivity,
temperature and meteorological variables that a well-developed DH layer was present at the SILA

site, meaning that snow conditions were closer to those of 2018/19.

The detailed analysis of the meteorological dataset recorded by the SILA station allows

identifying the wind conditions as the main variable that strongly varied from one year to another.

1

The wind frequency with speed above 6 m s — a reasonable threshold for snowdrift (Sturm et al.,

2001; Royer et al., 2021) — during the 60 days after snow onset (Figure 67a) demonstrated the

largest differences between the three years concern the strongest winds (>10 m s™).
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Figure 67. Comparison between thermal and wind conditions at the SILA station between falls
2015, 2016- and 2018, a) Wind speed distribution of hourly maximum above 6 m s~ for 60 days
after the snow onset; b) Wind index for wind speed over 6 m s™' for the 60 days following the snow
onset; c) Soil surface temperature for the August to December period, the crosses marked the snow
onset date for each date; d) Diffusive water vapour fluxes through the snowpack calculated from
equation (5.2) for the 60 days following the snow onset.

242



The calculation of the wind index (WI) for the winds above 6 m s~! (the sum of speed values of
hourly winds >6 m s!; Sturm et al., 2001) clearly shows that the windier conditions occurred in
2015/16, especially within the 30 days after the snow onset since the W1 (3100) was twice as high
as in 2016/17 and 2018/19 (1500) (Figure 67b). The frequent strong wind events associated with

few calm periods (<6 m s '), such as in 2015/16, generated two combined effects.

First, it resulted in the development of very hard dense wind slabs with high thermal
conductivity and low permeability. Dense wind slabs formed under conditions as windy as in 2015
produces snow with a density typically exceeding 400 kg m > and have SSAs of at least 30 m? kg
~! (Domine et al., 2012 and 2018b). This gives a permeability of ~20 x10'® m? according to
equation (5.3), suggesting that the snow permeability in fall 2015 likely was too low to allow
convection (Domine et al., 2013). On the other hand, periods of calm weather in falls of 2016 and

2018 resulted in snow with lower density and hence higher permeability.

Secondly, the multiple episodes of erosion/accumulation under wind action led to a regular
renewal of the shallow snowpack, including basal layers. During severe windstorms, the snow was
swept away from most of the surface (Figure S4-4e). Due to this short residence time, the snow
had no time to undergo advanced metamorphism. Furthermore, when the first half of the snow
seasons were marked by recurrent erosion events, the date of onset of a continuous snowpack
occurred very late. In fall 2015, the snow onset occurred more than 70 days later than in fall 2016
and 80 days later than in fall 2018 (Domine et al., 2018a). Consequently, the zero curtain effect
that marked the freeze-back period in Site 5 did not affect the snowpack and the soil surface was
already around —20°C in mid- November 2015 in both dry (SILA site) and humid zones (Site 5)
when the snow started to accumulate (Figure 67c and Figure S4-7a). Such low soil temperature
limited the temperature gradient in the snowpack. Furthermore, the snow accumulated under an air
temperature between —20 and —30°C (Figure S4-7a). Considering the exponential increase of water
vapour pressure with temperature, the vapour pressure at —30 °C was only ~50 Pa in the pore space,
which was 8 times lower than at —5 °C (~400 Pa). Consequently, the diffusive and convective
vapour fluxes in the snowpack were low (Figure 67d) giving rise to additional unfavourable
conditions for efficient kinetic metamorphism. In fall 2016, in contrast, the earlier snow onset (5
September) allowed the soil surface and the snow to be warmer, being close to 0°C at Site 5 and —
5°C at SILA. It resulted in stronger vapour fluxes within 10 days after snow onset (Figure 67d and

Figure S4-7b) that brought particularly favourable conditions for rapid DH growth. In fall 2018,
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surprisingly, diffusive vapour fluxes remained weak at the SILA site, being of the same order of
magnitude as in 2015 (Figure 67d), despite an earlier snow onset and much warmer soil and snow
temperatures in the weeks following it. We attribute this to a thicker snowpack and to the fact that
snow onset occurred early in fall 2018, limited the temperature difference between the soil surface
and the air. In Site 5, however, the long zero curtain period after the snow onset probably favoured
a stronger temperature gradient during the first half of September (Figure S4-7c¢). The fact that DH
was nevertheless found in dry areas such as at SILA in 2019 suggests that convection played a key
role in the mechanism of water vapour transport due to the low-density and coarse-grained nature
of the snow that accumulated in early snow season 2018/19 which ensured a high permeability of

the snowpack.

Due to the close link between wind conditions and the degree of metamorphism in a polar
desert environment, we would expect a strong interannual variability in the presence of DH that
would be correlated to the yearly variations in wind climatology. The wind statistics for the first
half of the winters (Sept/Oct/Nov) over the period 2007-2019 at WHI demonstrate that wind
conditions have been highly variable from one year to the next with a regular alternation between
windy and calmer falls giving a sawtooth pattern to the curve. As shown by Figure S4-8, WI for
speeds above 6 m s! for Sep/Oct/Nov period varied from 4500 to 8500 in 2012 and 2015
respectively. This variability is similar for extreme winds above 10 m s™!. These data also suggest
a biannual pattern in wind conditions in which windy years alternated with calmer years. We
preliminarily propose, based on these 11 years of meteorological data, that the snowpack in the
polar desert is discontinuous, thin and with little or no DH every two years and that, conversely, it
1s more characteristic of the Arctic tundra snowpack (Royer et al., 2021) in the other years. These
results suggest that potential changes in wind regimes resulting from climate change could thus

have a major impact on future snow conditions in the polar desert.

5.9. Conclusion

Our study provides new insights into DH development and its spatio-temporal variability
at Ward Hunt Island, the main site, and Resolute Bay, the secondary site, which are both
representative of polar desert environments in terms of landscape and climate conditions. From our
results, we conclude that wind is the most critical factor in the development of DH in the polar

desert. When fall periods were windy and cold (e.g. 2015), the conditions prevented DH

244



development whereas it was favored when winds were calmer and air temperature milder (e.g.
2018). Strong winds lead to alternating episodes of erosion and accumulation that form dense slabs
of high density and low permeability. This snow prevents vapour transfers by convection and
vapour diffusion is limited by the low temperature gradients in the snowpack, therefore reducing
the possibility of transforming windslabs into DH. Calm weather during early snowfalls and in the
weeks that follow or/and snow that falls under mild temperature allowed snow to accumulate and
remain on the ground with a moderate density and high permeability, which favored convection

processes, intense snow metamorphism and growth of well-developed DH.

Soil moisture is a second-order environmental factor that modulates snow metamorphism
and DH dynamics. We demonstrated that DH development is stronger in zones with humid soil
than in dryer, better drained, zones and that DH thickness and properties change according to the
periglacial landscape microtopography. The difference between humid and dry zones in the degree
of metamorphism is initially induced by soil moisture which delays freeze-back of the active layer
in humid zones. It therefore promotes strong thermal gradients for longer periods, leading to greater
water vapour fluxes, and hence greater mass transfer from the basal to the top layers.
Metamorphism in humid areas is subsequently enhanced by the structure of the snow itself (lower
density, lower thermal conductivity, higher permeability) which brings an additional warming
effect to the soil which positively feeds back on DH formation. This close link between soil
moisture and DH formation leads to significant small-scale variability in snow properties, which
reflects the mosaic of environments that structure the landscape of the polar desert. In polar desert
conditions, frequent snowdrift and erosion episodes redistribute the early snowpack according to

microtopography and hence bring an additional factor of small-scale variation in DH thickness.

This study also highlighted that the conclusion drawn from our main site appears to apply
as well to our secondary site, located over 1000 km away and over 8° of latitude to the south. We
can therefore anticipate that our findings are transferable to other regions of the high Arctic polar
desert that exhibit similar patchy humid zones whose distribution is tightly linked to the presence
of long-lying and perennial snow/ice patches and where the wind is a key element of the climate.
In light of this study, we propose that the high interannual variability and the high spatial variability
in DH formation is one of the most distinctive features of the polar desert snowpack from that on
Arctic tundra where DH is usually ubiquitous. Given the great importance of the presence and

amounts of DH for snowpack properties, its formation in the polar desert deserves further research

245



in additional locations to confirm the transferability of our findings to other polar desert sites and
to better understand and model the interactions between the seasonal snowpack on the ground
thermal regime and ecosystem functioning, as well as the future evolution of polar desert snow in

response to climate change.
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5.11. Supplementary material S4

Table S4-1. Detailed information on snowpits dug in 2019 at Ward Hunt Island and Resolute Bay

Site

Snowpit Date

Substrate

WHI_1
WHI_1
WHI_1
WHI_1
WHI_1
WHI_1
WHI_1
WHI_1
WHI_2
WHI_3
WHI_3
WHI_4
WHI_4
WHI_5
WHI_6
WHI_7
WHI_8
WHI_9
RB_1
RB_1
RB_2
RB_3
RB_4
RB_5
RB_6
RB_6
RB_7
RB_8
RB_8
RB_8
RB_8
RB_9
RB_9
RB_10

#1
#2
#3
#4
#5
#6
#7
#8
#1
#1
#2
#1
#2
#1
#1
#1
#1
#1
#1
#2
#1
#1
#1
#1
#1
#2
#1
#1
#2
#3
#4
#1
#2
#1

2019-06-04
2019-06-10
2019-06-11
2019-06-11
2019-06-04
2019-06-10
2019-06-10
2019-06-11
2019-06-05
2019-06-05
2019-06-05
2019-06-08
2019-06-08
2019-06-07
2019-06-08
2019-06-09
2019-06-12
2019-06-12
2019-05-28
2019-05-28
2019-05-28
2019-05-31
2019-05-28
2019-05-28
2019-05-31
2019-05-31
2019-05-29
2019-05-29
2019-05-29
2019-05-29
2019-05-29
2019-05-30
2019-05-30
2019-05-30

dry; gravels; no vegetation
humid; organic crust; vegetation
humid; organic crust; vegetation
dry; gravels; no vegetation

dry; gravels; no vegetation

dry; gravels; no vegetation
humid; organic crust; vegetation
humid; organic crust; vegetation
dry; gravels; sparse vegetation
dry; gravels; sparse vegetation
dry; gravels; sparse vegetation
dry; gravels; sparse vegetation
dry; gravels; sparse vegetation
humid; organic crust; vegetation
humid; organic crust; vegetation
dry; gravels; no vegetation

dry; gravels; no vegetation
humid; organic crust; vegetation
dry; gravel; no vegetation

dry; gravel; no vegetation
humid; thin moss layer

dry; gravel and fine mix; no vegetation
dry; gravel; sparse vegetation
humid; thin moss layer

humid; grass and moss

humid; grass and moss

dry; gravel; no vegetation
humid; grass and moss

humid; grass and moss

humid; grass and moss

humid; grass and moss

dry; gravel; sparse vegetation
dry; gravel; sparse vegetation
dry; gravel; sparse vegetation
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Table $4-2. Summary table of the end-of-winter snow heights (SH, cm) measured in early June
2019 and of thermal conditions in the early snow season (30 days after the snow onset) between
dry and humid monitoring sites at Ward Hunt Island. The thermal conditions include the duration
of zero-curtain period (ZC period), the thermal offset between the air and the soil near-surface
temperatures, and the calculated temperature gradient into the snowpack.

SensorID  SH (cm) ZC period (d) Offset (°C) Grad T (Km™)

LT3 25 27 6.5 21.1
» LT5 22 29 6.4 20.6
2 LT10 31 32 6.6 21.4
5 LT12 30 27 6.4 21.2
E Site 5" 46 20 6.7 22.4
T Ave 31 27 6.5 21.3
STD 10 5 0.1 0.7
LT15 35 9 3.2 7.7
LT9 20 3 2.5 6.8
3 LT4 17 11 2.1 1.1
'i LT11 18 8 1.1 10.4
5 SILA 35 8 2.1 6.8
AVG 25 8 2.2 6.6
STD 9 3 0.8 3.4

! for the WT site, the average between the water track and inter-track was used.
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Figure. S4-1. Comparison between the snow height measurements recorded by the snow gauge
SR50 at the SILA station and the daily snow height read on the snow stake installed in the field of
view of the automatic camera (see Fig. 3). The equation was used to correct the snow gauge
measurements which overestimated the snow height due to its position in a slight depression
making it unrepresentative of typical snow height in the polar desert.
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Figure §4-2. Scatter plot of the snow heights derived by UAV surveys (SHuay) versus the manual
measurements (SHproping) made over Site 1. The dashed black line is the linear regression line and
the red line is the 1:1 line. Std dev. = Standard deviation, RMSE=Root mean square error.
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Figure $3-3. Environmental variables monitored at the SILA station at Ward Hunt Island during
the cold season 2018/19 between August 20 and September 30. a) Snow height measurements by
the snow gauge and normalized with the readings of the snow stakes visible on the time-lapse
photos and hourly maximum wind speed averaged over 50 h; b) Hourly temperature records at the
soil surface (0 cm) and of the air; c) Hourly temperature gradient calculated from equation (5.1).
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Figure S4-4. Photograph of the ice patch IP1 and its downslope margin (Site 1) taken on 22 August

(a), the day before the first snowstorms, on 3 September (b) showing the continuous snow cover,
on 14 October (c), on 25 March 2019 (d) and on 2 October 2017 (e).

250



Snow height (cm)

— Daily averaged wind speed © East e South o West o North

Wind speed (m s )

o
= |
£ rw j
s {W\M’MW’WU\VW W
40 4+ — Air temp
-50 l ; i } f f f
% a0 o ot o e e e
2@'\?-" ,10‘\%' ,2’0’\3" .?'Q'\% ,2’0'\%‘ rlg'\gl' ?'0\9 ’2_0,\%‘ ,lg'\g—

Time (yyyy-mm-dd)

Figure §4-5. Environmental monitoring at RB during the cold season 2018/19. a) Snow height
measured at the snow gauge;, b) Hourly maximum wind speed according to their direction
(North/East/South/West),; c) Hourly air temperature (Environment Canada, 2021).
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Figure §4-6. Relationship between the end-of-winter snow height and the DH thickness measured
at snowpits dug at WHI and RB.
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Figure §4-7. Hourly evolution of the near-surface soil temperature at SILA and at the borehole of
Site 5 along with the air temperature also recorded at SILA for the first half of the snow season
2015/16 (a), 2016/17 (b) and 2018/19 (c). The crosses marked the snow onset date for each year.
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Figure §4-8. Early snow season (Sept/Oct/Nov) wind indices for wind speed over 6 and 10 m s-1
(i.e. sum of hourly wind speed values >6 m s and >10 m s™!) calculated from fall 2007 to fall
2018. The shaded bars indicate falls 2015, 2016 and 2018 detailed in our study. No data in 2017.

253






Chapitre 6 — Conclusion générale et perspectives

Cette these s’est intéressée aux plaques de glace permanentes qui ont été abordées comme
un €lément a part entieére de la cryosphére terrestre. Du fait de leur caractéristique et de leur régime,
les plaques de glace sont a mi-chemin entre le domaine périglaciaire et le domaine glaciaire, ce qui
leur a valu de tomber dans une « zone floue » en marge des centres d’intérét traditionnels de ces
disciplines. Par conséquent, les études de terrain sur les plaques de glace sont rares, limitant la
compréhension non seulement de leurs caractéristiques intrinseques et de leur évolution
temporelle, mais aussi de leurs interactions et effets sur leur environnement physique proximal. Ce
manque de données et de connaissances a maintenu des lacunes importantes dans la compréhension
de la dynamique du biogéosystéme de désert polaire qui dépendent de manicre critique des plaques

de glace.

Cette recherche, réalisée sur 1'lle Ward Hunt (Nunavut), avait pour objectif principal de
documenter et comprendre de la nature, I'origine et le fonctionnement des plaques de glace polaires
ainsi que leurs effets sur le géosysteme de désert polaire dans un contexte de changement
climatique. Dans cette perspective, cette thése a proposé une recherche multidisciplinaire sur les
plaques de glace amenant a la réalisation d’¢tudes glaciologiques, nivologiques, hydrologiques et
biogéomorphologiques. Cette recherche a intégré une dimension explicative et quantitative
importante en mettant 1’accent sur les liens et les interactions entre les plaques de glace et leur
environnement. Elle a ainsi apporté a une compréhension holistique des plaques de glace polaires
et a permis de poser un cadre empirique et conceptuel important pour développer de futures
recherches sur le sujet, que ce soit en Arctique ou en Antarctique. Les nouvelles connaissances
¢établies dans cette these contribuent a faire avancer la recherche scientifique sur les déserts polaires
a un moment charniére ou ces environnements sont en transition rapide en réponse au changement

climatique.

6.1. Synthése des résultats et avancées scientifiques

Ensemble, les quatre articles complémentaires présentés dans cette thése contribuent a
montrer que les plaques de glace sont des systémes cryosphériques uniques du fait de leur

composition et de leur fonctionnement et qu'elles jouent un role central dans le développement et
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la dynamique des versants de désert polaire. Plus spécifiquement, les principaux résultats et
avancées scientifiques sont synthétisés dans les quatre points suivants qui répondent aux objectifs

de recherche (Chap. 1).

6.1.1. L’origine et les mécanismes de formation des plaques de glace (Obj. 1)

L'analyse des propriétés physiques du manteau neigeux saisonnier et 1’étude glaciologique
du corps de glace permanent (Chap. 2) a fourni des informations importantes concernant la
I’origine et le fonctionnement des plaques de glace polaires. Nos résultats ont permis d'identifier
que les plaques de glace a I’ile Ward Hunt appartiennent au systéme morphodynamique nival
(Serrano et al., 2011; Chap. 2) et qu'elles sont fortement contrdolées par le contexte topoclimatique
local. Sur la base de nos observations et interprétations, un modele conceptuel de la formation des
plaques de glace a été proposé pour la premiere fois. Ce modéle est valide pour les systemes des
plaques de glace dont la recharge est principalement assurée par des apports éoliens de neige,
lesquels sont dominants dans les régions polaires. Nous avons identifi¢ que le corps de glace
permanent est principalement formé par 'aggradation saisonniére de glace surimposée qui est
formée par le regel de I'eau de fonte percolant a travers la neige jusqu'a l'interface neige-glace
(Chap. 2). Ce résultat confirme les observations préliminaires faites dans les régions polaires
(Lewkowicz et Harry, 1991; Ostrem, 1963). Le processus d’aggradation des plaques de glace est
de ce point de vue similaire aux processus observés sur la plateforme de glace (Ice shelf) et le dome
de glace (Ice Rise) présents autour de 1’1le Ward Hunt (Jeffries et al. 1991). Nous avons montré
que les propriétés et la croissance de cette glace surimposée sont étroitement liées aux conditions
thermiques du manteau neigeux et du corps de glace ainsi qu’aux propriétés de la neige a partir de
laquelle la glace se forme. Les plaques de glace représentent de ce fait un systeme au sein duquel
le corps de glace et I’épaisse accumulation de neige saisonniere s'influencent mutuellement par des
flux de chaleur et de matiere. Dans les régions polaires, les températures tres froides de la masse
de glace en fin d’hiver assurent une croissance rapide de la glace surimposée. Le processus s'étend
sur plusieurs semaines, souvent jusqu'a la mi-juillet et peut méme éventuellement se prolonger
jusqu’a la fin de 1’été lors des années froides. Chaque année, ce sont donc plusieurs dizaines de
centimetres de « nouvelle » glace qui se forment sur la surface de glace de 1’été précédent. Par
ailleurs, le vent fort produit une neige généralement fine en raison du frittage des cristaux pendant
et apres les précipitations. Les propriétés de cette neige ventée (windslab) prédisposent a la
formation de glace surimposée a cristaux fins.
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Nos observations ont en effet souligné qu'au sein d'un méme systeme de plaque de glace,
différents faciés de glace peuvent €tre présents, dont certains partagent certaines similitudes avec
la glace de glacier (c.-a-d. gros cristaux, fractures, densité ¢levée). Méme en l'absence de contrainte
interne, la glace des plaques peut subir des processus de recristallisation dynamiques qui se
traduisent par une croissance des cristaux de glace. Ces processus peuvent étre localisés et rapides
(c.-a-d. les cycles de gel et de dégel) ou lents et généralisés (c.-a-d. la croissance cinétique). Dans
le second cas, la taille des cristaux est proportionnelle a I'age de la glace (Montagnat et al., 2009).
La teneur en sédiments de la glace est également trés variable et dépend étroitement des processus
thermodynamiques qui contrdlent la formation et le fonctionnement d'une plaque de glace. Les
couches de glace ayant la plus forte teneur en sédiments sont généralement associées a des apports
alluviaux et intégrés a la glace surimposée. Elles peuvent également résulter de la concentration de

sédiments nivéo-éoliens sur une surface d'ablation qui est ensuite enfouie par de la nouvelle glace.

6.1.2. Les facteurs de contréle spatio-temporels du bilan de masse des plaques

de glace (Obj. 2)

A I'ile Ward hunt, la plupart des plaques de glace est présente en dessous de la limite
d’équilibre des glaciers (ELA) qui se situe entre 300-400 m d’altitude le long de la coéte nord
d’Ellesmere (White et Copland, 2018). De ce fait, ces masses de glace ne sont pas en équilibre avec
les conditions climatiques régionales et ne doivent leur existence qu’aux conditions

topoclimatiques locales qui controlent leur évolution spatio-temporelle.

L'existence des plaques de glace est liée a des accumulations préférentielles de neige qui
sont formées par d’importants apports nivéo-€oliens (Chap. 2 et 3). Le remplissage des systemes
de plaque de glace est régi par un mécanisme de rétroaction entre le vent, la topographie et la taille
de plaque de glace, selon lequel 1'accumulation de neige en hiver est inversement proportionnelle
au volume de la plaque de glace a la fin de la saison d'ablation précédente (Chap. 3) (Glazirin et al,
2014). Le contexte topographique et le vent conditionnent le profil d'équilibre qui détermine le
volume maximal de neige que peut accueillir une niche topographique. La direction du vent étant
similaire d'une année a l'autre, seule l'intensité des vents d'hiver est un facteur de variation
interannuelle du profil. Les hivers dominés par des épisodes de vents forts connaissent
généralement une accumulation de neige maximale moindre que les hivers marqués par des vents

plus modérés (Chap. 3).
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Durant la saison chaude, I’ablation des plaques de glace est contrélée par le bilan d’énergie
de surface. Nos résultats ont montré que l'ablation estivale est fortement modulée par la fréquence
des vents, qui exacerbent l'apport de chaleur par les flux turbulents, et par la fréquence du
brouillard, qui réduit l'apport de chaleur par le rayonnement solaire et la chaleur sensible (Chap.
3). A I’ifle Ward Hunt, la fréquence élevée des conditions de brouillard est 1’é1ément clé dans la
préservation de petites plaques de glace a basse altitude en été. La variabilité interannuelle de
I’ablation dépend donc principalement du contexte synoptique (température, vent, brouillard) et,
par conséquent, de la position des systeémes de basse pression sur I’ Arctique. Puisque les conditions
synoptiques sont contrdlées par les patrons de circulation atmosphérique, I’intensité de 1’ablation
des plaques de glace suit une cyclicité a court terme entre des phases de forte ablation et des phases
de faible ablation (Chap. 3) en réponse notamment aux oscillations nord-atlantique (NAO) et
arctique (AO) (Prowse et al., 2011). En raison de leur petite taille, les plaques de glace sont
également influencées des phénomeénes tres localisés liés a I'advection de chaleur depuis les terrains

environnants (ex. par les écoulements amont, par l'influence du sol déneigg).

A T'échelle du paysage, la distribution des plaques de glace refléte avant tout le contexte
structural, qui détermine la répartition des niches topographiques, ainsi que le régime des vents

dominants, conditionné par le climat régional et le relief local (Chap. 3).

6.1.3. Evolution sur le long terme des plaques de glace : entre résilience et

vulnérabilité aux changements climatiques (Obj. 2)

L'évolution des systemes de plaques de glace est complexe car leur bilan de masse est dominé
a la fois par le controle topographique en hiver et le contrdle synoptique, et donc climatique, en
été. A long terme, le contexte topographique joue un rdle prépondérant dans 1'évolution du bilan
de masse des plaques de glace par le biais du mécanisme d'autorégulation entre ablation et
accumulation. Ainsi, les plaques de glace sont partiellement déconnectées du climat régional, ce
qui explique leur préservation sur le long terme en dessous de la ELA (Chap. 2 et 3). Cette évolution
non-linéaire du bilan de masse des plaques par rapport au climat, leur confére ainsi une certaine
résilience face aux fluctuations climatiques malgré leur petite taille, ce qui les rend uniques au sein
de la cryosphere, dont la plupart des composantes sont étroitement liées aux tendances climatiques,

et donc actuellement en déclin (Box et al., 2019). Nos résultats d'analyse de la glace (datation et
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texture), combinés au fait que les plaques de glace sont toujours présentes aujourd'hui a I’ile Ward
Hunt alors que la température de I'air a atteint un niveau jamais vu depuis pres de 4000 ans dans le
Haut-Arctique (Lecavalier et al., 2017), suggerent qu'elles sont présentes de maniére continue
depuis au moins plusieurs siecles 8 Ward Hunt. Cela implique que les plaques de glace auraient pu
étre préservées pendant certaines périodes chaudes de I'Holocéne tardif (ex. I'Optimum climatique

médiéval) grace a leur capacité de résilience (Chap. 3).

Cette résilience des systemes de plaques de glace aux fluctuations climatiques a néanmoins
ses limites. L’évolution des plaques de glace sur le long terme obéit en fait a un effet de seuil qui
implique qu’elles peuvent rester stables sur de longues périodes (plusieurs siecles a millénaires)
mais qu’elles peuvent disparaitre brutalement (quelques années) dés lors que 1’ablation estivale
devient trop importante pour que les facteurs topoclimatiques assurent leur préservation. Le
comportement des plaques de glace est donc complexe, car malgré leur stabilité, leur petite taille
les rend trés sensibles et vulnérables a une hausse de 1’ablation estivale. L'évolution future des
plaques de glace est donc difficile a anticiper car elle dépendra de la forme des futurs changements
climatiques (ex. la température, le régime des vents, la fréquence des brouillards, les cycles NAO
et AO). Nos résultats ont montré qu’au cours de la période de réchauffement récente, le maintien
de la plupart des plaques de glace a I’ile Ward Hunt a été favorisé par la forte variabilité
interannuelle des températures estivales. Bien que la tendance au réchauffement de la plancte
entraine des séquences d'étés de plus en plus chauds, ceux-ci sont toujours entrecoupés d'étés froids
qui permettent aux systémes de plaques de glace de reconstituer leur stock de glace (Chap. 2 et 3).
Il est fort probable qu’une série de deux ou trois étés consécutifs comme 2011, 2012 et 2016

suffirait a faire perdre leur statut « permanent » a la plupart des plaques de glace a Ward Hunt.

6.1.4. Le role central des plaques de glace dans le géosystéme de désert polaire

(Obj. 3 et 4)

L’approche géosystémique adoptée dans cette theése a permis d’établir et de quantifier les
liens et interactions entre une plaque de glace et son environnement physique (Chap. 4 et 5). Ces
travaux fournissent des informations importantes sur les effets des plaques de glace sur le milieu
physique et représentent un premier pas vers le développement d’un modéle numérique quantitatif

de la dynamique des versants de désert polaire.
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Le principal effet des plaques de glace est de fournir un apport d’eau et de sédiment a la
marge pronivale. Les régimes hydrologiques et sédimentaires des systémes de plaques de glace
sont a la fois contrdlés par la dynamique saisonniére et interannuelle des plaques (i.e. accumulation
de neige, aggradation de glace surimposée, ablation ; Chap. 2 et 3) et par I’interaction entre les
plaques et les flux d’eau et de sédiment en provenance des sections amont du versant (Chap. 4). En
hiver et au début de 1’été, les plaques de glace agissent comme un réservoir d’eau et un piege a
sédiments (Chap. 2). Avec la fonte estivale, ’eau et les sédiments sont graduellement remis en
circulation et alimentent la marge pronivale jusqu’a la fin de I’été. Le régime hydrologique des

plaques de glace s’apparente donc au régime glaciaire (Chap. 4).

Dans la marge pronivale, les écoulements de fonte et leur charge sédimentaire initient des
processus alluviaux localisés (Chap. 4). Les dépdts silteux qui s’y accumulent modifient les
propriétés du sol ce qui enclenche une série de processus biologiques et géomorphologiques qui
interagissent fortement entre eux. Les processus clés comprennent les interactions sédiments-
végétation, l'effet de la végétation et des croltes biologiques sur le régime thermique du sol et
l'activation des processus de solifluxion et de triage du sol. Il en résulte le développement d’un
systéme biogéomorphologique connecté a la plaque de glace que nous avons décrit par un modéle
conceptuel basé sur des mesures empiriques et observations de terrain. Ce systéme est dominé par
des lobes de solifluxion qui modifient profondément le profil topographique et le réseau
hydrologique des pentes. Grace a I’humidification durable du sol, la plateforme centrale des lobes
forme un milieu humide qui abrite une végétation plus riche et diversifiée que sur les sols secs et

stériles avoisinants.

Les écoulements de surface et le couvert végétal amenent des conditions thermiques de
surface du sol tres contrastées sur la marge pronivale. En raison de ’humidification de la surface
du sol et de la présence d'une crolite biologique, les plateformes centrales des lobes étudiés
connaissent des températures de surface du sol plus chaudes, en particulier vers la section terminale
des lobes. Il en résulte des profondeurs de dégel plus importantes qu'a I'extérieur des lobes. Le
développement des lobes dans la marge pronivale de la plaque de glace IP1 a donc entrainé un
approfondissement localisé du toit du pergélisol. Ce résultat vient nuancer les conclusions de
Verpaelst et al. (2017) et Paquette et al. (2020b) qui ont montré que le développement des lobes de

solifluxion dans le désert polaire est associé a une remontée locale du toit du pergélisol conduisant
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a la croissance d'une couche syngénétique de pergélisol riche en glace. Ces résultats divergents
soulignent en fait le role critique du stade de succession écologique des lobes sur les conditions
thermiques du sol et la dynamique du pergélisol. Dans le cas des lobes étudiés dans le chapitre 4,
la présence de la crotlite organique peut étre considérée comme le stade initial d’une succession
écologique amenant a la colonisation de mousse et plantes modifiant le régime thermique de
surface (Breen et Lévesque, 2008). Cette transition conduirait donc éventuellement a la formation

d’un pergélisol syngénétique.

L’hétérogénéité des conditions de surface produite par les plaques de glace et leur systéme
biogéomorphologique influence également la variabilité spatiale des conditions de neige
saisonniére (Chap. 5). Premiérement, le remodelage de la morphologie des pentes par la solifluxion
modifie les patrons de redistribution de la neige par le vent pendant la saison froide et produit un
manteau neigeux plus hétérogéne. Les lobes bien développés peuvent méme produire des
discontinuités topographiques suffisantes pour former des plaques de neige saisonniéres qui
activeront a leur tour des processus biologiques et géomorphologiques (Chap. 4). Deuxiémement,
le développement des zones humides en aval des plaques de glace est un facteur d’hétérogénéité
spatiale des propriétés physiques de la neige saisonniére. L humidification durable du sol et les
températures de surface plus chaudes dans les zones humides accentuent le métamorphisme
cinétique de la neige en début d’hiver. Il en résulte une couche de givre de profondeur plus épaisse
a la base du couvert nival dans les zones humides ce qui renforce la capacité d'isolation du manteau
neigeux. Cela entraine un effet de réchauffement des températures de surface qui contribue a
produire des conditions plus chaudes dans les zones humides que dans les zones seches. Cette
interaction entre la température du sol et le givre de profondeur entraine une rétroaction positive,
car un sol moins froid et des profondeurs de dégel plus importantes en été impliquent un regel plus
long de la couche active en automne, ce qui accroit l'intensité et la durée du métamorphisme
cinétique. L'effet isolant de la couche de givre de profondeur a la base du manteau neigeux est
¢galement bénéfique pour la croissance de la végétation et la prolifération de la vie subnivale

(Poirier et al., 2019; Domine et al., 2018b ; Schimel et al., 2004).

En raison de leur présence sur le long terme (Chap. 2 et 3), les plaques de glace jouent donc
un role fondamental dans le développement et 'organisation du géosystéme et du paysage du désert

polaire de I'lle Ward Hunt. L'activation des processus azonaux dans un environnement
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normalement dominé par l'action du gel et l'aridité a permis le développement d'un assemblage
complexe de micro-environnements qui conférent une grande hétérogénéité au désert polaire en
termes d'hydrologie, de géomorphologie, de dynamique du pergélisol, de végétation et de
propriétés du couvert de neige. Le fait que les environnements pronival dépendent directement des
apports en eau et en sédiments fournis par les plaques de glace les rend trés sensibles a I'évolution

temporelle de leur bilan de masse.

6.2. Plaques de glace et géosysteme polaire en transition

Dans cette section, nous nous appuyons sur les connaissances acquises dans cette thése pour
¢laborer des hypotheses sur 1'évolution potentielle des environnements de désert polaire sous
lI'influence des plaques de glace en réponse aux changements climatiques anticipés dans les

prochaines décennies.

6.2.1. Vers une disparition des plaques de glace permanentes?

La poursuite de la hausse des températures de I’air, combinée a une augmentation de
I’activité dépressionnaire dans le Haut-Arctique liée au déclin de la banquise, devrait apporter des
conditions de plus en plus critiques pour le maintien des plaques de glace permanentes a 1’ile Ward
Hunt (Chap. 3). Le scénario le plus probable serait donc que le seuil pour la préservation des
plaques de glace soit franchi au cours des prochaines décennies entrainant leur disparition rapide a
Ward Hunt, et plus largement le long de la cote nord e I’lle d’Ellesmere. Cela mettrait donc fin a
plusieurs siecles, voire millénaires, de présence continue des plaques de glace dans le paysage. Un
nouveau régime se mettra alors en place avec dans un premier temps un cycle régulier de disparition
et de restauration des plaques de glace, qui deviendraient alors semi-permanentes. Ce cycle sera
largement influencé par les oscillations climatiques a court et moyen terme. Une telle transition
s’est déja opérée plus au sud, a Resolute Bay, comme reporté par Woo et Young (2014). A plus
long terme, les plaques de glace semi-permanentes laisseraient leur place a des plaques de neige

saisonnieres si le réchauffement se poursuit.

6.2.2. Changement de régime et réactions en chaine
La transition abrupte d’un régime stable de plaques de glace permanentes a un régime
discontinu de plaques de glace semi-permanentes, voire saisonnieres, devrait avoir de profondes

répercussions sur la dynamique du géosysteme polaire. Par un effet de réactions en chaine (Rocha
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et al., 2018), la disparition des plaques de glace permanentes entrainerait une modification du
régime hydrologique et sédimentaire des versants, qui a son tour conduirait a des perturbations
dans le fonctionnement de la plupart des composantes des systémes biogéomorphologiques. Cela
aboutirait a une réorganisation du géosystéme de désert polaire qui évoluerait vers un nouvel

équilibre.

Dans un scénario ou les plaques de glace permanentes seraient remplacées par des plaques
de neige saisonnieres, le régime hydrologique évoluerait vers un régime de type nival arctique
(Woo, 2012) avec des conséquences sur la durée et l'intensité du ruissellement de la fonte
printaniére. Les apports en eau aux versants seraient en effet plus intenses car la fonte des
accumulations de neige dans la niche topographique serait concentrée sur une période plus courte.
Il en résulterait des écoulements de surface plus forts au début de la saison chaude qui pourraient
conduire a une érosion de la bande centrale et du front des lobes de solifluxion (Chap. 4; Washburn,
1980). Leur contenu en sédiments fins se déverserait alors en aval entrainé par les écoulements.
L’activité fluviale accrue au début de 1’été, couplée a une interruption précoce des écoulements
due a la disparition compléte des plaques de neige, pourrait amener a un ralentissement des
processus de solifluxion dans la marge pronivale. En outre, aprés la fonte des plaques de neige
saisonniere, une couche active se développerait dans la niche topographique de sorte que 1’eau en
provenance de la section du versant amont ne serait plus forcée a faire surface (Woo et Young,
2014). Ainsi, le nouvel assemblage géomorphologique qui pourrait résulter de la disparition des
plaques de glace permanentes amenerait a une transition vers une marge pronivale dominée par des
écoulements souterrains a travers la macro porosit¢ du sol. Dans le bassin versant du lac Ward
Hunt, une telle transition pourrait accroitre considérablement les flux de sédiments solides vers le
lac au début de 1’été (Paquette et al., 2020a) car ceux-ci ne seraient plus stockées dans les marge
pronivales. Cela pourrait avoir des conséquences importantes sur la bathymétrie et les conditions

limnologiques (ex. turbidité de I’eau) (Vincent et al., 2011b ; Bégin et al., 2020).

La transition vers un régime hydrologique de type nival et dominé par un drainage
souterrain conduirait a un ass€chement de la surface du sol des marges pronivales durant 1’été qui
aboutirait a un déclin de la diversité et la richesse des especes végétales (Woo et Young, 2014) et
une altération des communautés microbiennes (Comte et al., 2018). L’ensemble des modifications

des propriétés de la surface du sol des sections pronivales, a savoir le déclin du couvert végétal, la
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diminution de ’humidité du sol et de la fraction de sédiments fins, pourraient profondément
modifier le bilan d’énergie de surface et le régime thermique de surface du sol. Paradoxalement,
pour les lobes étudiés, une diminution de la crolte organique noire (Chap. 4) pourrait induire une
rétroaction négative en conduisant a un refroidissement localisé de la surface du sol. De plus, la
transition vers un systéme dominé par les écoulements souterrains pourrait é¢galement favoriser un
refroidissement au niveau du sol le long des chemins d'écoulement préférentiels (water tracks)
comme observé par Paquette et al. (2020a). En somme, la disparition de plaque de glace IP1
pourrait conduire a une remontée locale, mais certainement temporaire, du toit du pergélisol dans
la marge pronivale. A l'inverse, dans les marges pronivales dominées par des lobes de solifluxion
bien végétalisés (Verpaelst et al., 2017), le déclin du couvert végétal réduirait son effet isolant sur
le sol. Pour ces sites, la dynamique future du pergélisol dépendra de la balance entre d’une part les
effets du déclin de la végétation et, d’autre part, la réduction de I’humidité du sol qui réduirait la

conductivité thermique de la couche active.

La modification du régime thermique et d’humidité du sol pourrait également avoir des
répercussions majeures sur les propriétés physiques du couvert de neige saisonnier. L’asséchement
des zones pronivales avant la fin de 1’été réduira fortement la durée de la période de zero curtain
effect qui permet le développement d’un gradient thermique et de vapeur d’eau suffisamment
important pour la mise en place d’un métamorphisme cinétique. Ainsi, les conditions de surface du
sol seraient moins favorables a la croissance du givre de profondeur a la base du couvert de neige
(Chap. 5) qui serait remplacé par des cristaux facettés plus fins (métamorphisme de faible gradient).
Avec l'assechement du sol, la couverture neigeuse deviendrait donc plus dense et moins isolante,
ce qui pourrait fournir une rétroaction négative supplémentaire sur la température du sol (effet
refroidissant du sol) (Domine et al., 2016a). D’un point de vue biologique, cette modification des
propriétés de la neige serait critique pour la végétation et la faune sous nivales (Domine et al.,

2018b ; Poirier et al., 2019).

Globalement, la transition entre un paysage dominé par des plaques de glace permanentes
et un paysage dominé par des plaques de neige saisonnieres pourrait conduire a une uniformisation
des environnements physiques de désert polaire en raison du déclin des processus azonaux. Les
réactions en chaine et les perturbations associées a la disparition des plaques de glace s'ajouteraient

a d'autres phénomenes déja observés dans le désert polaire liés a un déclin de la cryospheére, tels
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que l'approfondissement de la couche de pergélisol actif (Paquette et al., 2020a) et la disparition de
la couverture de glace permanente des lacs polaires (Bégin et al., 2020 ; Mueller et al., 2009).
Ensemble, ces phénoménes contribueront a une transition généralisée du géosysteme de désert

polaire vers un nouvel équilibre.

6.3. Recommandations pour de futurs travaux :

Les avancées conceptuelles et empiriques qui émanent de cette recherche doctorale
soulignent le potentiel et la nécessité de poursuivre des études sur les plaques de glace polaires et
ont pour vocation de servir de socle pour la formulation des nouvelles questions de recherche qui
guideront de futurs travaux. La section ci-dessous détaille certains aspects qui nous semblent

particuliérement importants a développer ou a approfondir.

- Modélisation physique d’un systeme de plaque de glace :

A partir du cadre conceptuel établi dans cette thése (Chap. 2 et 3), nous suggérons de
développer un modele physique intégré du bilan d’énergie d’un systéme de plaque de glace qui
couplerait le bilan d’énergie de surface avec le bilan d’énergie de I’accumulation de neige et de la
masse de glace sous-jacente. Les données de terrain collectées (ex. propriétés physiques de la neige
et la glace) ainsi que I'instrumentation mise en place dans le cadre de cette thése (ex. cable a
thermistances dans la glace) permettront de paramétrer le modele avec précision. Ce modele
pourrait étre une adaptation des modeles physiques du couvert de neige existant qui intégrent les
processus de fonte/regel internes (ex. SNOWPACK; Obleitner et Lehning, 2004; Crocus, Vionnet
et al., 2012). Un tel modele intégré permettrait d’évaluer le couplage entre le bilan de masse d’un
systéme de plaque de glace et les conditions climatiques, et ainsi de mieux en prévoir I’évolution
en réponse aux changements climatiques. Plus spécifiquement, le modele pourrait simuler la
croissance saisonniere de la glace surimposée et permettrait d’évaluer sa sensibilité aux facteurs de

controle tels que les propriétés physiques de la neige, les flux d’eau et la température interne.

- Datation des plaques de glace :

Les résultats préliminaires obtenus sur l'age des plaques de glace a 1’1lle Ward Hunt (Chap.
2) offrent des perspectives tres intéressantes sur le régime a long terme de ces petits éléments de la
cryosphere et devront étre confirmés et affinés par de nouvelles datations. Pour pallier le faible

teneur en matiere organique dans la glace, il serait pertinent d'avoir recours a la datation du carbone
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organique particulaire (COP) et du CO; contenus dans la glace. Cette méthode a fait ses preuves
pour la datation de la glace de glacier (Hoffmann et al., 2018 ; Guillet et al., 2021). Ces datations
radiocarbone pourraient étre complétées par des profils verticaux haute résolution de tritium (*H)
a partir des carottes de glace, permettant éventuellement de détecter le pic de tritium atmosphérique

qui a suivi les essais nucléaires des années 1950 et 1960 (Lewkowicz et Harry, 1991).

- Poursuite des études biogéomorphologiques :

L’¢étude biogéomorphologique réalisée dans le Chap. 4 a montré le potentiel important de
cette approche systémique et holistique pour comprendre le fonctionnement des environnements
pronivaux, et plus largement pour comprendre 1’évolution du paysage. Cependant, le modele
conceptuel développé dans cette étude préliminaire ne s’appuie que sur les résultats obtenus pour
un site spécifique et devra donc étre étayer par des études additionnelles sur d’autres systémes
biogéomorphologiques de plaques de glace a I’1le Ward Hunt et dans le désert polaire arctique. En
outre, plusieurs aspects mériteraient d'étre étudiés en détail pour améliorer notre compréhension
des environnements pronivaux. Il serait par exemple important de mesurer le régime hydrologique
et le transport sédimentaire dans la marge des plaques de glace pendant toute la saison de fonte.
Ces mesures permettraient de confirmer que les apports en sédiment se produisent en fin de saison
lorsque la glace surimposée est exposée a la fonte. Il serait également important de mener des
études de végétation plus poussées afin de comprendre les facteurs environnementaux qui
expliquent les différents stades de succession écologique entre les lobes. Compte tenu du régime
thermique de surface du sol trés différent entre une couverture de crotite biologique noire et une
couverture de végétation et de mousse, cette question est fondamentale pour comprendre la

dynamique du pergélisol associée a la solifluxion.

- Poursuite des mesures sur le long terme a [’ile Ward Hunt :

L'objectif derriere les efforts de mesure et d'instrumentation mis en place dans cette thése
est de faire de la plaque de glace IP1 et sa marge pronivale un site "sentinelle" pour suivre les
changements environnementaux dans le désert polaire arctique en transition. Nous suggérons donc
de poursuivre 1’acquisition des données sur ce site afin d’obtenir des séries de données sur le long
terme. Ce suivi aidera a mieux comprendre la réponse du bilan de masse aux oscillations
climatiques (ex. AO, NAO) et nous permettra éventuellement d'enregistrer la disparition de la
plaque de glace et d'en observer les multiples réactions en chaine sur I'environnement physique.
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L’une des priorités est donc de pérenniser I’instrumentation mise en place dans le cadre de cette
thése (c-a-d. le cable a thermistance, la caméra automatique, les capteurs de température de surface
du sol) et de poursuivre les mesures de terrain a intervalle régulier (c-a-d. la couche active, les

marqueurs de solifluxion, les études de végétation et du couvert nival).

- Etudes a I’échelle régionale

Les observations effectuées lors de multiples survols entre Resolute Bay et 1’1le Ward Hunt
suggerent que les conclusions établies dans cette thése sur le role central des plaques de glace dans
le fagonnement des versants et 1’organisation du paysage de désert polaire sont applicables a une
grande partie de 1'Arctique canadien. Nous suggérons donc d’élargir 1’étude des plaques de glace a

1'échelle du paysage, voire régionale.

L’amélioration récente de la résolution des images satellites (ex. Worldview 2-3) permet
désormais de détecter les plus petites masses de glace. En outre, I’analyse d’un grand volume
d’images a haute résolution est maintenant possible grace a des techniques innovantes qui associent
des techniques de télédétection a D’intelligence artificielle, notamment en ayant recours a
I’apprentissage automatique (deep learning) (Zhang et al., 2018). Grace a ces avancées, une carte
régionale de la densité spatiale des plaques de glace a la fin de 1'été pourrait étre établie, ce qui
permettrait de comprendre les facteurs climatiques et topographiques responsables de leur
distribution régionale (ex. fréquence du brouillard, continentalité, altitude). Une analyse multidates
permettrait également d’étudier 1’évolution temporelle des plaques de glace arctique, similairement

a ce que nous avons produit a I’échelle de I’ile Ward Hunt dans le chapitre 3.

La cartographie des plaques de glace pourrait également intégrer les milieux humides
pronivaux qui sont facilement détectables par télédétection en raison de leur couleur foncée
(Langford et al., 2015). Ainsi, des statistiques spatiales relatives aux superficies du territoire qui
sont affectées par les plaques de glace pourraient étre établies et permettraient d'évaluer plus
réalistement la vulnérabilit¢ de désert polaire aux changements climatiques. En outre,
I’identification des milieux humides pronivaux pourrait avoir une application importante pour la
modélisation spatiale du pergélisol (ex. teneur en glace du sol) et du couvert neigeux dans les

régions de désert polaire.
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